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The Iberian Peninsula is a region of climatic and archaeological interest as it lies upon 
the boundary between the North Atlantic and Mediterranean climatic zones and was 
the last refuge of the Neanderthals. The influence of climate changes on Neanderthal 
populations remains a mystery due to the lack of independently-dated high-resolution 
terrestrial records of past climate and environmental change from the Iberian 
Peninsula. The primary aim of this project was to construct a palaeoclimate record 
using speleothems from Matienzo, northern Iberia, across the period encapsulating 
the Neanderthal demise.  
Contemporary cave monitoring of Cueva de las Perlas has demonstrated the potential 
for speleothems to be used as indicators of past climate and environmental 
conditions. Assessment of cave dynamics through a comprehensive monitoring 
programme has classified the karst hydrology, cave ventilation, processes influencing 
speleothem growth and proxies preserved within speleothem calcite.  
Three speleothems were used to develop records of past climate and environmental 
variability between 90,000 and 30,000 years ago. A long-term aridity trend was 
evident throughout the record which is interpreted as a response to orbital-forcing. 
Sub-orbital climate instability was superimposed onto this long-term trend as 
evidenced through wet-dry proxies (δ18O, δ13C, Mg and Sr). Millennial-scale events 
coincident with the timing of North Atlantic Heinrich Events have been identified and 
the sub-orbital climate variability resembles that of North Atlantic Dansgaard-
Oeschger cycles. Therefore, evidence from the speleothems demonstrates a tight 
coupling of the North Atlantic Ocean-Atmosphere system throughout MIS3. The Cueva 
de las Perlas speleothems have established that the period of the Neanderthal demise 
was characterised by climate instability involving abrupt shifts and millennial-scale 
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Between 90,000 – 30,000 years before present (BP) the North Atlantic region was 
subject to dramatic oscillations in climate and environment (Bond et al., 1993; 
Rasmussen et al., 2014). This time period encapsulates the Neanderthal population 
decline and eventual extinction. The demise of the Neanderthals has been attributed 
at least in part to changes in climate, with the Iberian Peninsula acting as the last 
refuge of the Neanderthals (d’Errico and Sánchez Goñi, 2003; Finlayson and Carrion, 
2007; Tzedakis et al., 2007; Wolf et al., 2018). In order to attribute the influence of 
climate change on Neanderthal populations, long-term high-resolution records of past 
climate variability are required. Although numerous marine records from the North 
Atlantic have been used to determine past environmental variability (Roucoux et al., 
2005; Sánchez Goñi et al., 2008, 2018), there remains a lack of high-resolution 
independently dated terrestrial climate records from the Iberian Peninsula.  
The Iberian Peninsula lies upon the boundary between two climatic zones: the North 
Atlantic and the Mediterranean. Consequently, the region is highly sensitive to short- 
and long-term variations in atmospheric circulation (Martín-Chivelet et al., 2011). 
Evidence from a variety of proxy archives has demonstrated a tight coupling of the 
North Atlantic Ocean-Atmosphere system throughout MIS3 and variations in 
atmospheric and oceanic conditions have been identified as driving mechanisms 
behind widespread abrupt millennial-scale variability (Bond et al., 1993; Rasmussen et 
al., 1996; Roucoux et al., 2005). The sensitivity of the Iberian Peninsula to variations 
in climate demonstrates the potential of the region to provide long-term 
palaeoclimate records.   
Speleothems are becoming increasingly utilised as valuable terrestrial archives of 
palaeoclimate and palaeoenvironment. Calcareous speleothems preserve a record of 
climatic and environmental conditions through incorporation of stable isotopes and 
trace elements into the calcite crystal lattice (McDermott, 2004, Fairchild and Baker, 
2012). The chemical signal preserved within speleothem calcite can be influenced by 
the atmosphere, soil, vegetation, karst and cave system.  Therefore, variability in 
chemical proxies can be used to infer changes in past climate and environment 
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(Fairchild and Baker, 2012). A key advantage to speleothem records is their ability to 
be independently dated through uranium-series methods (McDermott, 2004; Fairchild 
and Baker, 2012).  
Prior to speleothem analysis, cave systems must be understood as each cave system 
is unique and will behave individually. Hydrological routing through the karst 
(Miorandi et al., 2010; Bradley et al., 2010; Baker and Bradley, 2010), karst-water 
interactions (Fairchild et al., 2000; Fairchild and McMillan, 2007) and cave ventilation 
(Spӧtl et al., 2005; Mattey et al., 2010; James et al., 2015; Smith et al., 2015) can 
influence chemical signatures in speleothem calcite. Understanding cave 
environments in which speleothems are depositing is critical in order to accurately 
interpret geochemical signals in speleothems in relation to climate and environmental 
variability. 
This thesis will present a cave monitoring study and subsequent speleothem 
reconstruction from Cueva de las Perlas, Northern Spain. The primary aim of the 
project is to reconstruct palaeoclimate from Matienzo (Northern Iberia) during the 
period of the Neanderthal Demise; which in this study will encompass 90,000-30,000 
years BP. This aim can be broken down into two sub-aims: 
1. Understand the internal cave dynamics of Cueva de las Perlas  
2. Collect and produce a climatic record from Cueva de las Perlas  
An extensive cave monitoring programme has been undertaken within Cueva de las 
Perlas to determine how the external climate signal is transferred into the speleothem 
calcite and provide insight into the various processes which may act to modify the 
climate and environmental signal. The results and discussion of the cave monitoring 
programme are presented in chapters 4 (cave air characteristics) and 5 (drip water 
chemistry).  
Dating of the selected speleothems from Cueva de las Perlas was undertaken to 
determine periods of growth and identify speleothems suited to the present study. 
Further uranium-series dating of these speleothems was used to produce an 
independent chronology to constrain speleothem growth. Speleothems were used to 
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produce records of past climate and environmental change through stable isotope and 
trace element analyses and the results are presented in chapter 6. 
The speleothem records from Matienzo have been compared to others across the 
North Atlantic region in order to determine whether any detected shifts in climate and 
environment are apparent only at a local scale or can be linked to other records from 
the wider region (chapter 7). The impact of changes in climate and environment on 




















2. Literature review 
The primary aim of this project was to reconstruct climate and environmental 
variability during the period of the Neanderthal demise. This literature review will 
therefore discuss the key topics of Neanderthals, climate change and cave monitoring 
in order to meet the primary aim. This chapter will first introduce possible mechanisms 
for the Neanderthal extinction and highlight the complexities involved in dating the 
timing of the Neanderthal demise. A primary theory invokes climate change as the 
mechanism driving the extinction of Neanderthal populations and section 2.2 will 
provide an overview of climate and environmental variability between 90-25ka which 
encapsulates the Neanderthal population decline and extinction. Caves hold clues to 
reconstructing the environment and landscapes in which the Neanderthals were living 
and section 2.3 will discuss how speleothems can be used as archives for 
palaeoclimate and palaeoenvironmental reconstruction. In order to interpret 
speleothem records accurately it is important to understand the cave system in which 
they are growing and section 2.4 will present an overview of cave monitoring and its 
significance. Section 2.5 will discuss speleothem growth whilst the final section (2.6) 
will discuss speleothem geochemistry with respect to stable isotope analyses, trace 
element composition and dating through U-series.  
 
2.1 The Neanderthal demise 
2.1.1 Overview 
The Neanderthals, Homo neanderthalensis, were a hominin species found throughout 
Eurasia between 300-30ka BP (Harvati, 2010). The reasons why the Neanderthals went 
extinct have long fascinated scientists, however even today it is not fully understood 
why this species disappeared. Two key hypotheses have emerged; the first proposes 
climatic change during MIS3 led to the Neanderthal extinction (d’Errico and Sánchez 
Goñi, 2003; van Andel and Davies, 2003; Finlayson and Carrion, 2007; Bradtmöller et 
al., 2012; Wolf et al., 2018) while the second proposes the arrival of Anatomically 
Modern Humans (AMH) led to the disappearance of Neanderthals  (Banks et al., 2008; 
Roebroeks, 2008) either through competitive exclusion or interbreeding. This section 
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will explore the key points of each argument, particularly in light of recent dating 
which has challenged the exact timing of the Neanderthal disappearance (Higham et 
al., 2011, 2014).  
The replacement of Neanderthals by Anatomically Modern Humans is complex and 
diachronous across Europe. The scarcity of fossil remains hinders understanding of 
this transition which is primarily identified through the succession of stone tool 
assemblages (Hoffecker, 2009; Hublin, 2015; Staubwasser et al., 2018). The Middle-
Upper Palaeolithic Transition is characterised by a shift from Mousterian technologies 
associated with Neanderthals to Aurignacian technologies associated with modern 
humans and often “transitional” technologies will be associated with specific regions 
(Staubwasser et al., 2018). The Châtelperronian technology is an example of a 
transitional technology which has been associated with Neanderthals (Bailey and 
Hublin, 2006). Key archaeological sites from the northwestern Iberian Peninsula which 
have recently been re-dated by Higham et al. (2014) include: La Viña, El Sidrón, La 
Güelga, Esquilleu, Morín, Arrillor, Labeko Koba, Lezetxiki. Within the Matienzo 
depression, Cueva de Cofresnedo is a site of archaeological interest. An Aurignacian 
layer has been dated to 31,360yr BP and this most likely overlies sediments associated 
with the Mousterian (Smith, 2006).  
 
2.1.2 Climate 
2.1.2.1 Climatic variability 
Orbitally-forced climate changes throughout the Late Pleistocene have been proposed 
as the driving mechanism for the migration of H. sapiens out of Africa (Timmerman 
and Friedrich, 2016; de Menocal and Stringer, 2016) strengthening the argument for 
a dynamic relationship between hominin migration and climate change. Although the 
evidence for this hypothesis is not empirical, such long-term changes in climate may 
have influenced Neanderthal populations or potentially it was the unprecedented 
climatic variability during Marine Isotope Stage 3 (MIS3) which triggered the 
Neanderthal demise. MIS3 encompasses the period between 57-29ka and is 
characterised by rapid climate oscillations. Ice core records show a series of rapid 
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warming events known as Dansgaard-Oeschger (DO) events within MIS3 and these are 
expressed as abrupt shifts from stadial climatic conditions to milder interstadial 
climatic conditions, followed by a gradual return to colder stadial conditions 
(Dansgaard et al., 1993). Another key feature of MIS3 is the presence of Heinrich 
events which are periods marked by significantly reduced sea surface temperatures 
and large releases of icebergs from the Laurentide ice sheet. Each Heinrich event 
marks the coldest period of a DO event and is followed by a rapid increase in 
temperature (Bond et al., 1993). Further information about Heinrich events and DO 
variability can be found in section 2.2. 
Recent work by Staubwasser et al. (2018) has shown archaeological sterile layers 
coincide with Greenland Stadial 12 (GS12), GS11 and GS10. These periods document 
cold and arid conditions at the time of the transition between Neanderthals and 
Anatomically Modern Humans. Additionally, the study highlights the diachronous 
nature of the Middle-Upper Palaeolithic Transition across Europe.  
It has been suggested that climatic variability can place a significant amount of stress 
on mammalian populations (Barnosky et al., 2004) and various authors have proposed 
the Neanderthals became extinct in relation to climatic instability during MIS3 
(Finlayson and Carrion, 2007; Tzedakis et al., 2007). Stewart (2005; 2007) has 
proposed that the Neanderthal extinction should be included in the wider Late 
Pleistocene extinction of the megafauna related to climatic deterioration during MIS3 
towards the Last Glacial Maximum (LGM). These papers have identified the 
Neanderthals as part of a non-analogue environment incorporating a mixture of 
boreal, steppic and temperate faunas and environments. A fall in temperatures and 
carrying capacity of the landscape due to climatic deterioration towards the LGM has 
been determined by Stewart (2005) to have led to the spread of AMH, a fall in the 
number of carnivore numbers on the landscape including the cave bear, extinction of 
numerous animals including the mammoth, straight-tusked elephant, the Merck’s 
rhinoceros and crucially the demise of the Neanderthals. Additionally, other authors 
have highlighted the importance of the non-analogue environment which was home 
to the Neanderthals and the vulnerability of such landscapes to the climatic instability 
which dominated MIS3 (Burjachs et al., 2012; Magniez and Boulbes, 2014). During 
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MIS3 the shift towards cooler and drier conditions, especially during Heinrich events 
and towards the LGM, may have led to shifts in vegetation communities and 
extinctions of specific taxa (Burjachs et al., 2012). It was these changes, combined with 
an increase in habitat fragmentation also related to climatic deterioration (Magniez 
and Boulbes, 2014) which may have placed Neanderthal populations under increased 
environmental stress and later contributed to their demise.  
2.1.2.2 Heinrich events 
Heinrich events are evident in a variety of records from across Europe, particularly the 
Iberian Peninsula. These events appear to cause an overall reduction in temperature 
and an increase in aridity in these regions. Stalagmites from Villars Cave, SW France 
(Wainer et al., 2009; Genty et al., 2010) and Sofular Cave, NW Turkey (Fleitmann et 
al., 2009) have used stable isotope variations to identify Heinrich events 4 (H4) and 5 
(H5) as periods of increased aridity and cooling. Evidence from a variety of marine 
cores from the Iberian margin (Roucoux et al., 2005; Salgueiro et al., 2010) have used 
various different proxies including pollen, stable isotopes and planktonic foraminifera 
identification to demonstrate periods of climate cooling across the North Atlantic. The 
marine cores from this region have identified the Heinrich events as periods of 
reduced sea surface temperatures. Additionally, Roucoux et al. (2005) indicated shifts 
in land pollen associated with Heinrich events, particularly a decrease in Pinus related 
to H4, implying dry and cooler conditions during the H4 event. Finally, lake records 
from Western Europe have shown through geochemical analysis and pollen 
identification, that Heinrich events are represented by cool temperatures and 
increased aridity on land. For example, at Fuentillejo maar, Spain, cold and arid 
conditions are thought to have dominated H4 due to lower lake levels, reduced total 
organic carbon and an increase in Juniperus and steppic-vegetation (Vegas et al., 
2010). Additionally, the lake record from Les Echets, France exhibits a hiatus around 
the timing of H4, suggesting a cold and dry period (Veres et al., 2009). 
2.1.2.3 H4 
In the past, studies have often linked the disappearance of Neanderthals with the 
dramatically reduced temperatures and enhanced aridity which spread across Europe 
during H4 (Mellars, 1998; Bratmöller et al., 2012). H4 in Iberia was characterised by 
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cooler and more arid conditions which saw the expansion of semi-desert vegetation 
in the western Mediterranean and the expansion of grasslands in the North (Sánchez 
Goñi et al., 2008). Adaptation to the severe extremes of H4 would have forced changes 
in Neanderthal subsistence strategies and ability to cope with severe winters, and 
perhaps the Neanderthals could not adapt to these abrupt changes. AMH on the other 
hand appear to have had several prior adaptations such as complex tools and a social 
capacity which may have given them an advantage over Neanderthal groups (Mellars, 
1998).  
Alternative theories have argued for H4 leading to a later extinction of Neanderthals 
in southern Iberia associated with the expansion of semi-desert in this region (d’Errico 
and Sánchez Goñi, 2003; Sepulchre et al., 2007). It is argued that aridification 
associated with H4 prevented the migration of AMH into southern Iberia until after 
H4. Model simulations have estimated a maximum vegetation of just 25% combined 
with a vast expansion of semi-desert environments across Iberia during H4 (Sepulchre 
et al., 2007) and pollen evidence has justified this model (d’Errico and Sánchez Goñi, 
2003). The enhanced aridity across central and southern Europe has led to the 
proposal that Neanderthal populations declined in density during this period due to a 
reduction in ungulate biomass (Sepulchre et al., 2007). However, in spite of the 
population decrease during H4, the spread of semi-desert environments appears to 
have allowed the Neanderthals to occupy southern Iberia by slowing the advance of 
AMH (d’Errico and Sánchez Goñi, 2003).  
The Campanian Ignimbrite (CI) eruption at 40ka is known as one of the most explosive 
events in Europe and its impact on the Neanderthals has also been debated (Fedele et 
al., 2008; Lowe et al., 2012). The volcanic event is proposed to have significantly 
impacted the ecology of the Mediterranean region and caused a ‘volcanic winter’ 
coincident with the onset of the H4 event resulting in widespread and rapid cooling 
(Fedele et al., 2008). These factors may have impacted Neanderthal populations by 
causing them to contract or by leading to evolutionary and cultural development in 
AMH populations, giving them an advantage over Neanderthals (Fedele et al., 2008; 
Lowe et al., 2012). Models of the CI eruption have simulated the environmental effects 
associated with the eruption cannot in isolation explain the Neanderthal extinction. 
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Although, the authors do specify the immediate impact of climatic cooling as a 
consequence of the eruption would have had a significant influence on Neanderthal 
lifestyles and survival (Black et al., 2015). Additionally, recent work by Davies et al. 
(2015) presented strengthened chronological frameworks to investigate the response 
of Neanderthal and AMH populations to abrupt climate shifts and environmental 
disasters. The paper concluded that it remains difficult to attribute the Neanderthal 
demise to a specific abrupt environmental transition or an environmental disaster 
such as the Campanian Ignimbrite.  
2.1.2.4 Recent re-dating  
Significant improvements to the radiocarbon dating technique have recently revised 
interpretation of the Neanderthal extinction (Higham et al., 2014; Wood et al., 2014). 
These improvements include: the selection of more material for dating e.g. bone and 
artefacts, more effective removal of contamination and an extended calibration curve 
covering the past 50ka (Davies, 2014). Sites from across Eurasia have been re-dated 
and calibrated using Bayesian age modelling and the results have indicated the 
disappearance of the Mousterian culture associated with the Neanderthals at around 
42ka BP (Higham et al., 2014; Wood et al., 2014).  
2.1.2.5 H5 
In light of recent re-dating some authors have begun to identify H5 as a key factor 
which led to the extinction of the Neanderthals (Galvan et al., 2014; Garralda et al., 
2014). The study by Galvan et al. (2014) dated and analysed the archaeological 
sequence at El Salt, Spain and found that the site was occupied by Neanderthals until 
~45ka. Importantly, at ~45ka there was evidence of increased aridity and grassland 
expansion related to the H5 event and at El Salt this climatic event is associated with 
the last presence of the Neanderthals. Teeth from El Salt have been studied and 
represent the last occupation of the site between 47.2±4.4 and 45.2±3.4ka. The 
overlying unit which does not contain any archaeology, represents abandonment of 
the site potentially due to a climatic shift to arid conditions as shown through the 
sediments (Garralda et al., 2014; Galvan et al., 2014).  
Alternatively, prior to the re-dating of Neanderthal sites, Müller et al. (2011) 
postulated that the severe climatic conditions associated with H5 led to the 
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abandonment of Neanderthal sites across Europe which allowed AMH to colonise and 
spread into the abandoned eastern Mediterranean, after H5. Müller et al. (2011) 
argued that the shift from desert-steppe to open forest associated with the climatic 
amelioration after H5, as shown by pollen records from Tenaghi Philipon, NE Greece, 
permitted the rapid spread of AMH into and across Europe before the Neanderthals 
could reoccupy this region.  
 
2.1.3 Competition with AMH 
2.1.3.1 Extinction through competitive exclusion 
The role of AMH in the Neanderthal extinction has led to extensive debates. The model 
of Banks et al. (2008) combined palaeoclimate data with archaeological and 
chronological data and the results have suggested that Neanderthals contracted their 
range during Greenland Interstadial 8 following H4 due to the expansion of AMH and 
any climatic causes can be rejected. The use of cryptotephra as an isochronous marker 
horizon has argued the technological transition between the Middle and Upper 
Palaeolithic occurred prior to the H4 event and the Campanian Ignimbrite eruption 
(Lowe et al., 2012). Therefore, the authors have suggested competition with AMH was 
the driving factor leading to the Neanderthal demise.  
 D’Errico and Sánchez Goñi (2003) have argued for a combined influence of both AMH 
competition and climate change.  The authors have suggested the climatic 
amelioration after H4 led to the expansion of AMH across the Iberian Peninsula and 
the arrival of AMH in the southern Iberian Peninsula and associated competition 
ultimately resulted in the extinction of the Neanderthals (d’Errico and Sánchez Goñi, 
2003). Additionally, Müller et al. (2011) argued that a combination of the severe 
climatic conditions associated with H5 combined with increased competition with 
AMH led to the demise of the Neanderthals.  
2.1.3.2 Problems with dating 
The key problem for determining the causes of the Neanderthal extinction is dating. 
As shown in section 2.1.2.4, recent dating has changed our view of when the 
Neanderthals became extinct. Authors have recently argued for the earlier arrival of 
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AMH in Europe with key findings from Kent’s Cavern, UK, dated to 44.2-41.5ka 
(Higham et al., 2011) and Grotta del Cavallo, Italy, dated to 45-43ka (Benazzi et al., 
2011). The earlier arrival of AMH complicates the causes for Neanderthal extinction as 
the two species may have overlapped in areas of Europe. Recent work by Higham et 
al. (2014) has identified a potential overlap between Neanderthals and AMH of 2,600-
5,400yrs, which is enough time for cultural and genetic overlap between the two 
species. 
2.1.4 Genetic evidence 
In recent years, technological advances have allowed improved and detailed 
understanding of Neanderthal genetics (Green et al., 2010). Genetic evidence has 
identified Neanderthal populations were small and isolated which led to inbreeding 
(Castellano et al., 2014; Prüfer et al., 2014). The pro-longed population bottle-neck as 
a consequence of inbreeding reduced the genetic diversity of the Neanderthal 
population (Prüfer et al., 2014). Subsequently, Neanderthals were 40% less fit than 
the AMH who were migrating across Eurasia (Harris and Nielsen 2016; 2017). If the 
fitness disadvantage was passed down to Neanderthal-AMH hybrid offspring, 
Neanderthal genes are proposed to be selected against leading to a reduction in 
Neanderthal ancestry over time as a consequence of natural selection (Juric et al., 
2016; Harris and Nielsen, 2016; 2017).  Genetic evidence may therefore imply 
Neanderthals did not truly become extinct but were assimilated into the genomes of 
AMH (Harris and Nielsen, 2017).  
On the other hand, genetic evidence has led some authors to link population 
bottlenecks and extinction of Neanderthals with climate changes. Analysis of recent 
western Neanderthal mtDNA, i.e. the mitochondrial DNA of Neanderthals present in 
Western Europe since 48ka, has revealed a reduced amount of genetic variation when 
compared to eastern and older Neanderthals (Dalén et al., 2012). The paper has 
proposed the genetic turnover in recent western Neanderthals was most likely a result 
of the climatic variability during MIS3. The authors speculate North Atlantic cold 
periods associated with H5 and H6 influenced the terrestrial environment which led 
to the bottleneck or localised extinction of Neanderthals in western Europe (Dalén et 




It is apparent that the demise of the Neanderthals is a complicated issue and the 
numerous factors which may have been responsible are still debated. Primary 
problems include dating issues in addition to the sparse resolution of the 
archaeological record and the diachronous nature of the transition between 
Neanderthals and AMH. Important to this project is the role of climate but as d’Errico 
and Sánchez Goñi (2003) pointed out, there remains a lack of high resolution, 
independently dated and continuous palaeoclimate records from the Iberian 
Peninsula and this remains true today. Therefore, there is a need to create such 
records from across the Iberian Peninsula before the role of climate change in the 
Neanderthal extinction can be addressed.  
 
2.2 Climate change 90-25ka 
2.2.1 Introduction 
Recent improvements in the independent dating of ice core, marine and terrestrial 
records have permitted the correlation of these records across the globe and in 
particular the northern hemisphere. The correlation of these various records has 
begun to identify leads and lags in the climate system as well as enhancing current 
understanding of the forcing factors behind these abrupt changes (Blockley et al., 
2012). Between 90-25ka the climate of the North Atlantic was influenced by orbital 
forcing but it was also driven by sub-orbital mechanisms. Evidence from different 
archives from across the northern hemisphere will be presented in this section as well 
as a summary of the forcing mechanisms.  
 
2.2.2 Orbitally-driven climate change 
Orbital forcing was long hypothesised to influence the Earth’s climate (Croll, 1864; 
Milankovitch, 1941) and support for the orbital forcing theory later came from the 
oxygen isotope records of planktonic foraminifera preserved within marine sediments 
(Emiliani, 1955, Emiliani, 1966, Shackleton, 1967). Shifts in the isotopic composition of 
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foraminifera within deep-sea cores were identified as a proxy for global ice volume 
(Shackleton, 1967). This finding led to the development of the SPECMAP astronomical 
timescale which tuned stacked oxygen isotope records from planktonic foraminifera 
to orbital forcing, producing a single global marine δ18O record (Imbrie et al., 1984; 
Martinson et al., 1987). The development of the SPECMAP timescale permitted 
comparison of marine δ18O records with other proxies from around the world and 
contributed to understanding climatic processes which operate over Glacial-
Interglacial timescales (Bassinot, 2009). The development of the LR04 stack increased 
the resolution of the SPECMAP timescale and extended it back to 5.3Myr (Lisiecki and 
Raymo, 2005). It is important to note that there are issues associated with tuning any 
record to orbital forcing (Blaauw, 2012) and recent work has also highlighted the 
chronological limitations associated with marine cores (Austin and Hibbert, 2012). 
Nevertheless, these long records of changes in the δ18O composition of foraminifera 
led to the definition of Marine Isotope Stages (MIS) which correspond to Glacial-
Interglacial cycles driven by orbital forcing (Imbrie et al., 1984; Martinson et al., 1987; 
Lisiecki and Raymo, 2005).  
Ages for the onsets of different marine isotope stages relevant to this study are shown 
in table 2.1. Glacial marine isotope stages are represented by even numbers whilst 
Interglacial marine isotope stages are represented by odd numbers. However, MIS3 is 
an anomaly as it is characterised by a high degree of climate instability in comparison 
to the relatively stable glacial conditions of MIS 4 and MIS2 (Bond et al., 1993; 
Shackleton et al., 2000; Lisiecki and Raymo, 2005). 
Table 2.1: Onset ages for MIS5-2 (as defined by Lisiecki and Raymo, 2005). 






Marine sediment cores spanning MIS3 have identified a period of terrestrial tree 
decline (Roucoux et al., 2005; Fletcher and Sánchez Goñi, 2008), lowered SST (Cacho et 
al., 1999) and ice sheet growth (Thomson et al., 1999; Shackleton et al., 2000; 
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Schӧnfeld et al., 2003; Roucoux et al., 2005). It has been argued that these proxies 
indicate a long-term aridity and cooling trend throughout MIS3 on the Iberian 
Peninsula and this period corresponds to a reduction in Northern Hemisphere 
Summer Insolation.  
 
2.2.3 Sub-orbital climate variability 
2.2.3.1 Ice cores 
The identification of abrupt millennial-scale climatic events in the Greenland ice cores 
(Dansgaard et al., 1993; Grootes et al., 1993) has led to numerous studies which have 
focussed on identifying these climatic patterns in terrestrial and marine records 
(Voelker, 2002). 
Ice core records from Greenland have demonstrated an unstable climate dominated 
the Last Glacial Period, characterised by a sequence of abrupt climatic shifts known as 
Dansgaard-Oeschger (DO) events. During DO events climate abruptly switched from 
cold conditions to mild interstadial conditions (Dansgaard et al., 1993; Johnsen et al., 
1992; Rasmussen et al., 2014). The chronology of the DO events is represented in 
Greenland by Greenland Interstadials (GI) and Greenland Stadials (GS) with GI periods 
defined by warm conditions and GS periods defined by cold conditions (figure 2.1) 
(Rasmussen et al., 2014). Across the Last Glacial Cycle 25 DO events (GI periods) have 
been identified and are defined by a sharp increase in temperature followed by a 
gradual return to stadial conditions (GS periods) (NGRIPmembers, 2004; Kindler et al., 
2014; Rasmussen et al., 2014). The temperature increase associated with the DO 
events varies between 5°C to 16.5°C (Kindler et al., 2014).  
The chronology of these events (GI and GS) has recently been redefined through 
comparison of the oxygen isotope compositions and calcium ion concentrations in 
three ice-core records (NGRIP, GRIP, GISP2) from Greenland on the same timescale. 
The time period examined herein (90-25ka) spans GI-22 to GS-3. It is evident from the 
Greenland ice core records that the period between 90-25ka, similar to the rest of the 
Last Glacial Period, was characterised by rapid increases in temperature at the onset 
of interstadial conditions (DO events) followed by a gradual decline in temperatures 
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back to stadial conditions (Dansgaard et al., 1982; Johnsen et al., 1992; Dansgaard et 





Figure 2.1: Oxygen isotope records from three Greenland ice cores (Rasmussen et al. 2014) using the chronological framework developed 








Evidence from a series of marine cores from the North Atlantic demonstrated a 
pattern of millennial-scale abrupt increases in temperature followed by gradual 
cooling, similar to the DO cycles in Greenland (Bond et al., 1993). A key finding of Bond 
et al. (1993) was the identification of a series of ‘saw-toothed’ cooling cycles (now 
known as Bond cycles) composed of numerous DO cycles, gradually becoming colder 
and culminating in a Heinrich event. The Heinrich events mark the coldest point of a 
Bond cycle where large numbers of icebergs were released into the North Atlantic 
(Bond et al., 1993). Heinrich events 5, 4 and 3 occurred during the time period studied 
in this thesis (86-27ka) with dates of 45,000, 38,000 and 31,000 respectively 
(Hemming, 2004).  
Evidence from marine records across Europe express similar climatic variability during 
MIS3. For example marine core MD99-2281 from south of the Faroe Islands expressed 
climatic instability throughout MIS3 as a result of the dynamic behaviour of the 
European ice sheets during this time (Zumaque et al., 2012). The multi-proxy record 
studied by Zumaque et al. (2012) identified a series of oscillations matching the GI and 
GS events; GI events were milder while stronger ice sheet calving occurred during GS 
events. Comparably, the Eastern Mediterranean pollen records from marine core 
9509 have indicated a reduction in forests and an increase in arid herbaceous flora 
between 43.5-16.2ka (Langgut et al., 2011). Furthermore, Heinrich events 6-2 have 
been identified in marine core 9509 based upon short-lived reductions in arboreal 
vegetation suggestive of a decline in moisture availability and thus Langgut et al. 
(2011) have demonstrated the expression of North Atlantic climate events in the 
Eastern Mediterranean.  
Marine core MD95-2042, taken from off the coast of the Iberian Peninsula, has 
demonstrated through planktonic δ18O analyses, stadial-interstadial climate variability 
correlating with DO cyclicity in Greenland (Shackleton et al., 2000). Further work on 
MD95-2042 by Sánchez Goñi et al. (2000) identified a pattern of DO cycles and 
Heinrich events through a combination of dinocyst, pollen, foraminifera and coarse 
lithic analyses as well as the δ18O profile. The study demonstrated a three-phase 
sequence of Heinrich events 5 and 4 with only the middle phase characterised by cold 
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and dry conditions. In contrast, the first and final phases exhibited milder and more 
humid climates. The pollen record from MD95-2042 highlighted several periods 
corresponding to DO stadials characterised by steppic taxa such as Artemisia and 
Chenopodiaceae (Sánchez Goñi et al., 2000). However, caution should be applied 
when trying to link these events in southwest Europe to DO cyclicity in the Greenland 
ice cores, as the MD95-2042 record has been tied to the GISP2 timescale on the basis 
that rapid warming was synchronous between the two regions (Sánchez Goñi et al., 
2000, Shackleton et al., 2000).  
However, despite the dating issues and alternative influences, numerous cores from 
around the Iberian Peninsula have shown a similar pattern of DO cyclicity and Heinrich 
events. Sánchez Goñi et al. (2018) discuss the significant contribution of pollen studies 
in the identification of DO variability and Heinrich events on the Iberian Peninsula.  A 
pollen record from the Alboran Sea (MD95-2043) showed an alternation between 
semi-desert vegetation such as Artemisia and Chenopodiaceae during stadials and 
Heinrich events and mixed oak forest during interstadials (Fletcher and Sánchez Goñi, 
2008). Two cores off the Iberian margin have demonstrated variations in productivity 
are coincident with DO variability and Heinrich events (Pailler and Bard, 2002). The 
combined pollen and planktonic δ18O data from marine core MD95-2039 has provided 
evidence for millennial-scale variability. Fluctuations in thermophilous tree 
populations correspond to shifts in SSTs with warmer SST synchronous with expanding 
thermophilous tree populations (Roucoux et al., 2005). In addition, Heinrich events in 
the Roucoux et al. (2005) study are demonstrated to have been more severe than DO 
stadials due to the greater reduction in Pinus. Interestingly, the fire regime of western 
France has been shown in marine core MD04-2845 to exhibit DO variability and 
Heinrich events through multiproxy analysis of microcharcoal, pollen and organic 
carbon in conjunction with analysis of ice rafted debris and isotopic analyses of 
foraminifera (Daniau et al., 2009). Key records of climate change from the Iberian 





Figure 2.2: Marine sediment proxy data from the North Atlantic and the Greenland Ice 
core record. The oxygen isotope record from NGRIP is from Rasmussen et al. (2014) 
and uses the chronological framework developed in Seierstad et al. (2014). Numbers 
at the top refer to onset ages of Greenland Interstadials as defined by Rasmussen et 
al. (2014). N. pachyderma data (data source: Sánchez Goñi, 2013) and IRD (data 
source: Sánchez Goñi 2013) from core MD04-2845 are from Sánchez Goñi et al., (2013). 
Temperate pollen data from MD04-2845 is from Daniau et al. (2009) (data source: 
ACER Project members, 2017a). SST (data source: Voelker et al., 2011b) and G. 
bulloides δ18O (data source: Voelker et al., 2011c) are from Voelker et al., 2011a.  




Evidence for climatic instability during MIS3 has been shown from oxygen and carbon 
stable isotope records from speleothems across Europe (Spötl and Mangini, 2002; 
Genty et al., 2003; Wainer et al., 2009; Fleitmann et al., 2009; Genty et al., 2010; 
Moseley et al., 2014). Stalagmites from Hölloch Cave, northern Alps, exhibited 
millennial-scale increases in δ18O values of up to 3‰ which were correlated to DO 
events in the Greenland ice cores, higher sea surface temperatures in the NE Atlantic 
Ocean and strengthening of the East Asian Summer Monsoon across Asia (Moseley et 
al., 2014). A similar correlation was found in the oxygen isotope profile from Solfular 
Cave, Turkey (Fleitmann et al., 2009). Additionally, carbon isotope records have been 
used to infer climate changes across MIS3 from speleothem records with shifts in δ13C 
values reflecting varying vegetation cover and soil microbial activity directly related to 
temperature and precipitation (Wainer et al., 2009, Fleitmann et al., 2009, Genty et 
al., 2003, Genty et al., 2010). During periods of climatic amelioration microbial activity 
in the soil zone increases, as does the amount of overlying vegetation and as a result 
the δ13C values in the soil become lowered (Wainer et al., 2009). Carbon and oxygen 
profiles from terrestrial speleothems have therefore provided crucial evidence for the 
response of these areas to North Atlantic climate events and have identified key leads 
and lags within the climate system. For example, Moseley et al. (2014) demonstrated 
that the DO events in the Greenland ice cores lagged the large amplitude millennial-
scale increases in δ18O values preserved within stalagmites from Hölloch Cave. 
Throughout MIS4-2, speleothem growth was rare in NW Spain as a result of reductions 
in temperature and humidity (Stoll et al., 2013). Sporadic periods of growth in MIS3 
appear to coincide with warmer SST (>13.7°C) associated with DO interstadials.  
2.2.3.4 Lacustrine 
Lake records which have been precisely and accurately dated through a combination 
of radiocarbon dating, tephrochronology and varve counting, can provide important 
terrestrial archives of palaeoenvironment (Hayashi et al., 2010; Nakagawa et al., 
2012). The Les Echets palaeolake, eastern France has provided a vital record of 
palaeoclimate during MIS3 through analysis of geochemistry (Veres et al., 2009; 
Wohlfarth et al., 2008), pollen (Wohlfarth et al., 2008) and diatoms (Ampel et al., 
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2008). Studies from Les Echets have revealed a similar pattern of stadial-interstadial 
climate variability during MIS3 as well as the identification of Heinrich events 4, 3 and 
2, similar to those recorded in marine and ice core records. Interstadial periods are 
characterised by, silty gyttja sediments rich in organics (Veres et al., 2009), reduced 
erosion and high arboreal pollen (Wohlfarth et al., 2008) and a diverse assemblage of 
planktonic diatoms (Ampel et al., 2008). Conversely, stadials are characterised by 
minerogenic sediments and increased clastic sedimentation (Veres et al., 2009; 
Wohlfarth et al., 2008), increased erosion and high non-arboreal pollen (Wohlfarth et 
al., 2008), and a low diversity assemblage of benthic diatoms such as Fragilaria 
suggestive of periods of protracted ice cover (Ampel et al., 2008). Additionally, 
Heinrich events are defined by periods of significantly lowered lake level productivity 
(Veres et al., 2009), limited diatoms (Ampel et al., 2008) and increased erosion 
(Wohlfarth et al., 2008). Heinrich event 4 was identified by Wohlfarth et al. (2008) as 
a hiatus between 36.3-40.3ka at Les Echets due to reduced lake levels related to the 
extreme cold and arid conditions.  
Lacustrine records from Lago Grande di Monticchio, southern Italy, have revealed a 
pattern of climate instability over the past 102ka based upon pollen analysis (Allen et 
al., 1999). Last glacial interstadials were dominated by wooded steppe environments 
whilst stadials were dominated by steppe environments and shifts between 
vegetation types were demonstrated to have occurred within 200 years. Thus, 
evidence of abrupt climatic oscillations from Lago Grande di Monticchio supports the 
coupling of the Northern Hemisphere ocean-atmosphere system during the Last 
Glacial cycle. Tzedakis et al. (2004) discussed the evidence for vegetation response to 
stadial-interstadial climate variability and Heinrich events from Greek lacustrine 
records. The three records analysed from across Greece responded to these events, 
however the individual responses were site specific due to local factors.  
In contrast to the substantial amount of marine records spanning MIS3 from the 
Iberian Peninsula, the number of lacustrine sequences remains relatively minor 
(Moreno et al., 2012). The production of lake records from the Iberian Peninsula is 
limited by the challenges in producing a chronology and a relatively high sampling 
resolution (Moreno et al., 2012). A key sequence does exist from Lake Banyoles, NE 
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Spain, and pollen was initially reported from this sequence by Pèrez-Obiol and Julià 
(1994) extending back to 30ka BP. Since then, Höbig et al. (2012) have studied the 
sedimentological properties and produced a palaeoclimate reconstruction of Lake 
Banyoles through a multi-proxy approach. Of particular reference to the present study 
is the geochemical analysis carried out by Höbig et al. (2012) which has shown 
evidence for past climatic variability extending possibly down to MIS4 and through to 
the Holocene. Shifts in element ratios from Lake Banyoles, especially K/Ca, are 
suggestive of variations in humidity; tentatively assigned to Heinrich events 5-0.  
Further work on Lake Banyoles sediments has demonstrated MIS3 as a period of high 
climate and environmental instability shown through isotope excursions (δ18O and 
δ13C), total organic carbon and benthic diatom abundance (Lacey et al., 2016).  
The Fuentillejo Maar record, central Spain, was analysed using a multi-proxy approach 
and identified periods of aridity associated with Heinrich events and DO stadials 
(Vegas et al., 2010). However, the FUENT-1 record demonstrated that H4, 2, 1 and the 
YD have a different climatic signal (cold and arid) to H5 and 3 (warm and arid) 
indicating the influence of regional processes over North Atlantic climate variability. 
The lake sequence from Lake Enol contained a series of laminated rhythmic sediments 
associated with variations in carbonate content, suggestive of slight climatic 
ameliorations between Heinrich events. However, further work is needed to derive a 
record of palaeoclimate from the Lake Enol sequence during MIS3 and tighter 
chronological control is also required (Moreno et al., 2010). It is apparent that there 
is a gap in the concentration of lacustrine sequences from the Iberian Peninsula and 
only further studies can contribute to understanding how rapid climatic oscillations 
during MIS3 affected terrestrial landscapes (Moreno et al., 2012). Furthermore, the 
recent extension to the IntCal calibration curve (IntCal13) (Reimer et al., 2013) will 
help to constrain the chronologies of future lacustrine records from the Iberian 
Peninsula. 
2.2.3.5 Additional archives 
Mammal assemblages from Iberia have demonstrated MIS3 was a period of climatic 
instability, as shown through the coexistence of cold-adapted and temperate taxa 
occupying the region (Álvarez-Lao, 2014). Mammuthus primigenius (woolly 
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mammoth), Coelodonta antiquitatis (woolly rhino), Rangifer tarandus (reindeer) and 
Alopex lagopus (arctic fox) are used as key cold-climate indicator species on the 
Iberian Peninsula during MIS3 and appear to be associated with the expansion of 
steppe-environments corresponding to Heinrich events (Álvarez-Lao and García, 
2010). Specifically, evidence from the Jou Puerta site demonstrates a mixture of cold 
and temperate taxa, suggesting a mosaic of habitats composed of steppe-
environments, forests and rocky mountains (Álvarez-Lao, 2014). Overall, mammalian 
evidence from cold-climate taxa suggests occupation and cohabitation with local 
temperate taxa in the Iberian Peninsula during episodes of extreme cold and aridity 
across Eurasia.  
Travertine pollen assemblages from caves or rock shelters on the Iberian Peninsula 
have provided key terrestrial pollen sequences spanning the Last Glacial period 
(Burjachs and Julià, 1994; Carrión et al., 1998). Due to the relatively low resolution and 
poor chronological controls, these records do not provide information regarding 
millennial-scale shifts during MIS3. Furthermore, despite the presence of long peat 
sequences in the Iberian Peninsula, particularly the Padul sequences (Pons and Reille, 
1988, Ortiz et al., 2004), millennial-scale variability during MIS3 has not been 
identified.  
A loess record from Nussloch, Germany, exhibited DO variability through changes in 
grain-size index with H3 and H4 being defined in the sequence by maxima in grain-size 
indicating arid conditions (Rousseau et al., 2007). Additionally, evidence from central 
Spanish loess sequences identified a period of aridity at 42ka and an even harsher 
period of aridity between 28.4±2.4ka and 32.2±2.7ka (Wolf et al., 2018). Due to dating 
and resolution complexities, loess deposition from the central Spanish sequence 
cannot be assigned to a specific stadial or Heinrich Event. 
 
2.2.4 Driving mechanisms for sub-orbital variability 
2.2.4.1 Pacing of DO events 
The recurrence time between DO warming events was shown to vary significantly 
between 1-12ka over the past 90ka (Bond et al., 1999). The work of Bond et al. (1997) 
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derived a periodicity of 1470±500yrs for abrupt climate shifts during the Holocene and 
Last Glacial period using North Atlantic marine sediments. Solar forcing has been 
proposed to drive this cyclicity during the Holocene (Bond et al., 2001). In the interval 
12-50ka, δ18O values from the GISP2 ice core identify a significant periodicity peak at 
1470yrs which has been interpreted to reflect the pacing of DO events (Grootes and 
Stuvier, 1997). The validity of the ~1500yr cycles has been questioned (Wuncsh, 2000; 
Ditlevsen et al., 2007). Although recent studies suggest a periodic forcing mechanism 
cannot be rejected (Schulz, 2002; Ditlevsen and Ditlevsen, 2009; Woillez et al., 2012). 
Statistical analysis by Schulz (2002) indicated that between 13 and 46ka the pacing of 
DO events varied by ±20% around the 1470yr periodicity. The study postulated it was 
unlikely that variations in North Atlantic Deep Water formation forced the DO cyclicity 
during the Last Glacial period.  
2.2.4.2 Forcing mechanisms of climate variability 
The Iberian Peninsula demonstrated a shift to extreme aridity and cooling during 
Heinrich Events and DO stadial periods. It has been hypothesised that these periods 
were associated with a reduction in Atlantic Meridional Overturning Circulation 
(AMOC) (Rasmussen et al., 1996; Stocker, 2000; Roucoux et al., 2005). A weakened 
AMOC resulted in lowered sea surface temperatures (SST) and strengthening of 
westerly winds which shifted to the North. During Heinrich Events aridity and cooling 
were intensified relative to DO stadials as a result of lowered SST, offshore ice and the 
close proximity of the polar front (Roucoux et al., 2005).  
The identification of abrupt warming events in the North Atlantic and across Europe 
coincident with Greenland interstadial periods has discerned the presence of a tightly 
coupled ocean-atmosphere system prior to and throughout MIS3 (Bond et al., 1993; 
Roucoux et al., 2001; Vegas et al., 2010). The onsets of DO events have been proposed 
to link to abrupt reorganisation of atmospheric circulation (Bond et al., 1993) as they 
were rapid, occurring within decades, and involved a warming of 9±3°C (Severinghaus 
and Brook, 1999). High-resolution analysis of Greenland ice cores revealed polar 
atmospheric circulation can shift within 1 to 3 years. Southern Hemisphere/tropical 
warming has been hypothesised as the trigger for mid-to-high latitude warming 
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associated with DO events due to northward migration of the Intertropical 
Convergence Zone (ITCZ) (Steffensen et al., 2008).  
 
2.2.5 Summary 
Various records across the Northern Hemisphere have shown that DO cycles and 
Heinrich events in the North Atlantic were propagated as far as Eastern Asia during 
MIS3 and further work will continue to reveal leads and lags in the climate system and 
forcing mechanisms. The European records presented appear to record climate and 
environmental responses to DO variability and Heinrich events as do the marine 
records from the Iberian Peninsula. However, as discussed, the Iberian marine records 
exhibit latitudinal and longitudinal variability with sites in the NW most influenced by 
subpolar waters (Salgueiro et al., 2010). This section has highlighted the present lack 
of terrestrial records spanning 90-25ka from the Iberian Peninsula, particularly from 
speleothems. It is possible that during this period conditions may have been too cold 
and arid to permit speleothem growth. However, very few speleothem studies from 
the Iberian Peninsula have focussed on this time period and speleothems dating to 
this period may have been overlooked.   
 
2.3 Speleothems as recorders of climate and environmental 
processes 
Speleothems preserve a range of proxies for climate and environmental variability 
such as stable isotopes (primarily O and C) and trace elements. The variability of these 
proxies over time can be interpreted with respect to past climate and environmental 
changes (Fairchild and Baker, 2012). The chemical signal evolves from precipitation 
infiltrating soil, bedrock and into the cave void where it is subsequently preserved in 
speleothem calcite. This sequence is explained in detail below and summarised in 
figure 2.3. 
The chemical signature preserved in precipitation is a function of atmospheric 
moisture which in turn can vary over time dependent on variable atmospheric 
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circulation patters, temperature and precipitation amount (Fairchild et al., 2006a). 
Precipitation infiltrates into the soil zone upon which CO2 is assimilated into the 
solution resulting in the generation of a weak carbonic acid (eq. 2.1). 
H2O +  CO2  →  𝐻2𝐶𝑂3        Eq. 2.1 
 
Carbonic acid dissolves the underlying karstic bedrock which leads to a solution which 
is supersaturated in calcium carbonate (CaCO3) (eq. 2.2). 
H2CO 3 +  CaCO3  → 𝐶𝑎
2+ +  2𝐻𝐶𝑂3
−
      Eq. 2.2 
 
As drip waters enter the cave void, CO2 is lost from the solution through degassing. As 
a consequence, CaCO3 is precipitated as speleothem deposits (eq. 2.3) 
𝐶𝑎2+ +  2HCO3
−  → 𝐶𝑎𝐶𝑂3 + 𝐻2𝑂 + 𝐶𝑂2      Eq. 2.3 
 
Throughout this sequence from the atmosphere to the speleothem, climatic and 
environmental signals within the precipitation and subsequent infiltrating waters can 
be generated or modified (Fairchild et al., 2006a; Fairchild and Baker, 2012). Five 
realms have been defined by Fairchild et al., 2006a where signals may be modified: 
• Atmosphere 
• Soil and upper epikarst 
• Lower epikarst and cave 
• CaCO3 precipitation 
• Secondary alteration of calcite 
Therefore, the geochemical signal preserved in speleothems represents a combined 
signal derived from the realms listed above (Fairchild et al., 2006a). Speleothem 
records have a vast potential to provide a unique perspective regarding a variety of 




Figure 2.3: Schematic diagram adapted from Fairchild et al. (2006a) (originally 
adapted from Tooth, 2000) illustrating dissolution and precipitation processes within 
the karst system. 
 
2.4 Understanding the dynamics of cave systems 
2.4.1 Introduction 
Caves are typically thought to be relatively stable environments which act to preserve 
speleothem archives. The climate signal preserved in chemical signatures of 
precipitation and dripwaters are modified as they move through the atmosphere, soil, 
karst and into the cave where it is preserved in speleothem calcite (Fairchild et al., 
2006a). As a consequence, hydrological routing, karst-water interactions and cave 
ventilation are examples of such processes which may act to modify the palaeoclimate 
signal preserved in dripwaters. Through cave monitoring, these processes can be 
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classified and the palaeoclimatic proxies within the speleothems can be correctly 
interpreted and any local effects which may act to modify the palaeoclimate record 
can be identified (Mattey et al., 2010; Fairchild and Baker, 2012). This section will 
discuss the three processes mentioned above and review current techniques for 
monitoring these processes within cave environments.  
 
2.4.2 Processes acting to modify speleothem signals 
2.4.2.1 Hydrological routing 
Karst systems are dynamic environments with a variety of different storage and flow 
conditions occurring in numerous different geological contexts. However, 
characterising the karst hydrology poses a challenge due to the heterogenous nature 
of the karst environment (Ford and Williams, 2007; Bradley et al., 2010). 
Understanding the nature of the karst hydrology is critical to understanding induced 
uncertainty in speleothem palaeoclimate proxies through the relationships between 
the chemistry of infiltrating waters, surface and sub-surface climatology, and 
speleothem proxy values such as δ18O (Bradley et al., 2010).  
Dissolution of carbonate rocks such as limestone and dolomite through surface 
precipitation and surface-water inflows results in the development of karst. The karst 
landscape is characterised by an extensive system of underground water movement 
and cave systems (Ford and Williams, 2007; Bradley et al., 2010; Fairchild and Baker, 
2012). Three levels of porosity can be distinguished within karst and these are primary, 
secondary and tertiary (Ford and Williams, 2007).  
Primary porosity in bedrock is associated with inter-granular pore space (Fairchild and 
Baker, 2012). In Mesozoic (as well as Palaeozoic and Cenozoic) carbonates porosity is 
typically less than 10% (Fairchild and Baker, 2012) and the process of dolomitization 
of limestone initially reduce porosity due to infilling but then porosity will increase as 
a result of the smaller dolomitic rhombs (Ford and Williams, 2007). Water movement 
associated with primary porosity is known as matrix flow and can be very slow moving 
(Fairchild and Baker, 2012). Smart and Friedrich (1987) classified matrix flow drip sites 
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as having a low coefficient of variation in drip rate as a result of consistently low 
discharge.  
Secondary porosity is related to joints and fractures within the karst (Ford and 
Williams, 2007; Bradley et al., 2010). Fractures within the karst encourage rapid 
transmission of infiltrating drips following recharge events resulting in a significant 
increase in drip discharge (Miorandi et al., 2010). 
Finally, tertiary porosity is associated with dissolution along penetrable fissures by 
groundwaters which develop into conduits and caves (Ford and Williams, 2007). 
Conduit flow discharge varies significantly in response to external rainfall patterns and 
conduit drip sites are classified by a high coefficient of variation based upon 
intermittent and often high levels of discharge (Smart and Friedrich, 1987).  
The ways in which water moves through the karst system will vary depending on water 
delivery into the karst system. In turn this may reflect the internal void connectivity 
within the karst, the extent to which permeability has developed and the 
configuration of water reservoirs either within the matrix or structural voids within 
the karst (Bradley et al., 2010). A combination of different flow pathways may occur 
and there may be numerous individual water stores within the karst. Percolating 
waters between these stores may be routed via flow pathways which are slow and 
diffuse through the karst matrix or rapid, turbulent preferential flows through fissures 
and conduits (Bradley et al., 2010). The properties of individual speleothems will 
therefore be influenced by dripwater routing (Fairchild and Baker, 2012). The 
heterogenous nature of karst makes modelling hydrological pathways complicated to 
predict (Baker and Brunsdon, 2003) with numerous studies documenting the presence 
of different flow regimes (Baker et al., 1997; Baldini et al., 2006; Miorandi et al., 2010).  
2.4.2.2 Karst-water interactions 
Interactions between bedrock and percolating waters can act to modify the trace 
element composition of dripwaters and subsequently speleothems (Fairchild et al., 
2000; Sinclair, 2011; Sinclair et al., 2012). Two relevant karst-water interactions 
processes are prior calcite precipitation and incongruent calcite dissolution.  These 
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processes should be understood and monitored prior to interpretation of signals in 
speleothem calcite. 
Prior Calcite Precipitation 
Calcite deposition may occur within air pockets in the karst with a lowered PCO2. Prior 
calcite precipitation (PCP) is the term used to describe the process of up-flow 
deposition of calcite relative to a drip site or speleothem (Fairchild and McMillan, 
2007). This process removes Ca2+ ions from solution as CaCO3 is precipitated causing 
an increase in the trace element to Ca ratio. PCP is typically enhanced under dry 
conditions (Fairchild et al., 2000; Fairchild and Treble, 2009). Numerous studies have 
identified a positive correlation between Mg and Sr as well as δ13C values (Johnson et 
al., 2006; Griffiths et al., 2010; Hori et al., 2013) and this correlation has been 
suggested to result from enhanced PCP under dry conditions. Thus, these studies 
among others, have implied the co-variation of trace elements, primarily Mg and Sr, 
as an aridity indicator.  
Incongruent calcite dissolution 
Incongruent calcite dissolution (ICD) refers to the process involving the preferential 
release of minor ions (e.g. Mg and Sr) into solution relative to Ca during calcite 
dissolution (Sinclair, 2011). McGillen and Fairchild (2005) identified Mg and Sr 
enrichment relative to Ca in CaCO3 samples from glacial environments and invoked 
ICD as the responsible process. Two models of ICD are presented by Sinclair (2011). 
The first involves the incongruent leaching of Mg and Sr ions at freshly exposed calcite 
crystal surfaces. The second proposes ICD is a combined process of congruent 
dissolution of CaCO3 followed by incongruent reprecipitation of CaCO3. Mathematical 
models have identified the signatures of PCP and ICD expressed in Mg/Ca and Sr/Ca 
ratios are similar and therefore, the relationships between Mg/Ca and Sr/Ca can be 
used to inform about karst-water interactions (covering both PCP and ICD) (Sinclair, 
2011; Sinclair et al., 2012).   
2.4.2.3 Cave ventilation 
Movement of air within caves, referred to herein as cave ventilation, plays a critical 
role in modulating PCO2 within the cave atmosphere and can significantly influence 
speleothem proxies such as growth rates and trace element and stable isotope 
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geochemistry (Wynn et al., 2014; Baker et al., 2014; James et al., 2015; Vieten et al., 
2016). Temperature-controlled density-driven ventilation has been identified in 
numerous different cave systems (see 2.4.3.5 Cave Temperature for case studies). The 
‘typical’ seasonal ventilation cycle sees the predominance of low PCO2 air in the cave 
during the winter. Low PCO2 air is drawn into the cave when external air temperatures 
fall below cave temperatures, inducing a flow of dense, cooler CO2-poor air into the 
cave. During winter low PCO2 encourages CaCO3 precipitation within the cave. 
Conversely in summer, external temperatures exceed those within the cave and as a 
consequence CO2 builds up within the cave and limits CaCO3 precipitation (Spotl et al., 
2005; Sebela and Turk, 2011; Ravbar and Kostunik, 2013; James et al., 2015; Vieten et 
al., 2016). Global model predictions of cave ventilation have demonstrated 
speleothem proxies in temporal and boreal regions may exhibit a seasonal bias as a 
function of seasonal cave ventilation. In contrast, model predictions indicate no such 
bias in speleothems from tropical and boreal regions (James et al., 2015).   
 
2.4.3 Understanding karst hydrology and cave ventilation through cave 
monitoring parameters 
In order to interpret speleothems as palaeoclimatic records it is vital to understand 
the cave environment in which they are growing. In the past it was frequently thought 
that speleothems grew in equilibrium conditions, however cave monitoring studies 
have demonstrated caves are often not in equilibrium and this may impact the 
palaeoclimatic indicators used in speleothem studies (Mattey et al., 2008; Fairchild 
and Baker, 2012). Therefore, it is important to monitor the cave environments so that 
the palaeoclimatic proxies within the speleothems can be correctly interpreted and 
any local effects which may act to modify the palaeoclimate record can be identified 
(Mattey et al., 2010; Fairchild and Baker, 2012). This section will provide an overview 
of different cave monitoring techniques and how they can reveal information into the 
processes discussed in section 2.4.2.  
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2.4.3.1 Drip rates 
As discussed in section 2.4.2.1, drip rates can play a role in influencing the chemical 
composition of infiltrating waters. It is crucial to understand the hydrological response 
of changing rainfall and subsequent movement of water through the karst as these 
factors control the dripwater chemistry which feeds the speleothems in the cave 
(Mattey and Collister, 2008; Fairchild and Baker, 2012). Therefore, monitoring of drip 
rates has important implications when examining the palaeoclimate record, especially 
when interpreting δ18O values and growth rate (Mattey and Collister, 2008). 
Drip rates within caves are monitored through acoustic drip counting (Collister and 
Mattey, 2005; Hu et al., 2008; Mattey et al., 2010; Miorandi et al., 2010) or through 
infra-red led counters (Genty, 2008). These methods provide high resolution 
continuous monitoring of drip rates and the acoustic drip rate logging systems, 
commonly referred to as Stalagmates, can provide high resolution records of drip rates 
over 1 to 2 years without human involvement (Collister and Mattey, 2005).  
Monitoring of drip rates at Crag Cave, SW Ireland has identified spatial variability in 
drip rates and also has shown that different drip rates can influence the interpretation 
of stalagmites as palaeoclimate archives with the key trends shown in table 2.2 
(Baldini et al., 2006). Spatial variability in drip rates related to different flow pathways 
has been identified at numerous other cave sites including New St. Michael’s Cave 
(Mattey et al., 2008), Villars Cave, SW France (Genty, 2008) and at Grotta di Ernesto, 









Table 2.2: A summary of the different drip regmines in Crag Cave (Baldini et al., 2006). 
The table has been included to demonstrate how different drips respond differently to 
climate and will therefore influence the palaeoclimate signal preserved in speleothem 
calcite.  





Decadal/Millennial Minimal recharge produces a record of long-
term variability without the influence of 








Not suitable High recharge may lead to hiatuses or re-
dissolution of calcite  
 
2.4.3.2 Electrical conductivity 
Karst hydrology is thought to control variations in electrical conductivity with the key 
driving mechanisms being soil CO2 dissolution (Fairchild et al., 2006a; Miorandi et al., 
2010), dilution effects (Borsato, 1997), variations in the degree of mixing and 
dissolution of the bedrock (Genty and Deflandre, 1998; Fernadez-Cortes et al., 2007) 
and prior calcite precipitation (Fairchild et al., 2006a; Miorandi et al., 2010). 
Relationships between drip rates and EC have previously been identified. Positive 
correlations between drip rate and EC have been proposed to be related to high 
hydraulic pressure during a period of water excess leading to the release of stored 
waters in pores and microfissures which have become supersaturated. Consequently, 
a simultaneous increase in drip rate and EC is observed (Genty and Deflandre, 1998; 
Fernandez-Cortes et al., 2007). On the other hand, some authors have reported a 
negative correlation between drip rate and EC. Studies at Grotta Di Ernesto (GDE) 
(Italy) have found distinctive reductions in EC correlate to increases in drip rates during 
rainfall events (Borsato, 1997; Miorandi et al., 2010). The pattern identified at GDE 
has been proposed to relate to dilution effects during infiltration events which leads 
to undersaturation of the dripwaters and an overall reduction of dripwater EC.  
Recent research at Asiul Cave (Northern Iberia) has demonstrated EC responses to 
seasonal variations in external air pressure, karst hydrology and drip rate at event 
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timescales (Smith et al., 2015). Throughout the winter, hydrological events lead to 
increased CO2 values in the cave as a consequence of higher drip rates and subsequent 
dripwater degassing; this leads to a rise in EC. However, in summer, hydrological 
events reduce the atmospheric pressure within the cave which in turn results in soil 
and/or karst air being drawn down into the cave. The addition of air with a higher CO2 
content limits degassing of cave dripwaters and enhances EC (Smith et al., 2015).  
2.4.3.3 Oxygen and deuterium isotopes in precipitation and cave waters 
A linear relationship exists between δ18O and δD values in precipitation as they are 
controlled by the same processes and it is this linear correlation that defines the 
Global Meteoric Water Line (GMWL) (Clark and Fritz, 1997; Sharp, 2007; Lachniet, 
2009) (see section 2.6.2.2 for more information). Each precipitation event will have a 
distinct isotopic signature dependent on source evaporation and condensation. 
Measurements of local precipitation are crucial in establishing a Local Meteoric Water 
Line which can differ from the GMWL as a result of local processes such as vapour 
source, re-evaporation and mixing (Clark and Fritz, 1997). Understanding the isotopic 
composition of cave drip waters in relation to the LMWL will permit assessment of the 
degree of evaporation relative to precipitation in the soil and drip waters, seasonality 
of precipitation in the drip waters and estimations of moisture recycling which can 
significantly influence the interpretation of speleothem proxies (Lachniet, 2009). 
2.4.3.4 Trace element chemistry 
Studies have shown that it is important to monitor dripwater chemistry in order to 
accurately interpret speleothem records in terms of palaeoclimate, particularly 
variations in trace elements such as Mg and Sr (Baker et al., 2000). Section 2.4.2.2 
identified the influence of karst-water interaction processes on infiltrating drip waters, 
primarily through analysis of Ca, Mg and Sr.  A study of dripwater chemistry at Villars 
Cave has shown evidence of seasonal variation in Mg and Sr related to enhanced prior 
calcite precipitation during the summer months. Overall, the study identified the need 
to interpret each site individually with extensive monitoring at each site (Baker et al., 
2000). Seasonal variations in Mg concentration have also been identified in Crag Cave, 
SW Ireland with increases in Mg reflecting drier conditions associated with PCP during 
the summer (Baldini et al., 2006).  
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2.4.3.5 Cave air temperature 
Measurement of cave air temperatures can enhance understanding of cave ventilation 
dynamics. Cave air temperatures are typically monitored using a range of temperature 
sensors with a resolution of ~0.1°C and studies have frequently used these to 
continuously record variations in temperature over extended periods of time (Hu et 
al., 2008; Mattey et al., 2010; Ravbar and Kosutnik, 2013; Fairchild and Baker, 2012). 
Speleothems used in palaeoclimate studies are frequently taken from caves which 
exhibit minimal seasonal variation in cave air temperature and reflect the average 
annual external air temperature (Mattey et al., 2010; Genty, 2008; Verheyden et al., 
2008).  However, variation in seasonal cave air temperature is often evident between 
sites within the cave, with larger amplitude fluctuations exhibited closer towards the 
cave entrance (Mattey et al., 2010; Genty, 2008; Středa et al., 2012; Spötl et al., 2005). 
In chambers close to the entrance of Obir Cave, Austria, there is a seasonal variation 
of 5°C related to the seasonal switch in air currents. Conversely, sites further from the 
entrance exhibit a reduced or minimal seasonal variation in temperature, for example 
at 75m from the cave entrance in Obir Cave the seasonal variation in cave air 
temperature is reduced to 1°C (Spötl et al., 2005).  
Seasonal variations in cave air temperature of 5-6°C have been identified at Heshang 
Cave China (Johnson et al., 2006; Hu et al., 2008). Johnson et al. (2006) identified that 
seasonal variations in cave air temperature contribute to the δ¹⁸O composition in 
speleothem calcite; higher cave air temperatures combined with low drip-water δ¹⁸O 
during the summer and autumn result in lower δ¹⁸O values in the calcite. Hence the 
δ¹⁸O signal preserved within the speleothem calcite at Heshang Cave is influenced by 
both drip-water δ¹⁸O composition and cave air temperature variations. 
2.4.3.6 Cave carbon dynamics 
The concentration of PCO2 within caves is frequently measured through infra-red 
spectroscopy (Spötl et al., 2005; Mattey et al., 2010). Understanding of PCO2 variations 
in cave air is important as cave air PCO2 controls calcite growth rates by influencing 
the rate of degassing between the dripwaters and the cave air (Baldini, 2010). The key 
sources of carbon dioxide in caves are derived from: 1) root respiration and the decay 
of organic matter within the epikarst, 2) degassing of dripwaters with CO2 from soils, 
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3) decay of organic matter within the cave, 4) respiration of organisms living within 
the cave, 5) geothermal activity (James, 1977; Baldini, 2010; Fairchild and Baker, 
2012). Various caves have shown dynamic variations in PCO2 on different scales (Spötl 
et al., 2005; Banner et al., 2007; Baldini et al., 2008; Mattey et al., 2010), however 
some caves have identified homogeneous atmospheres with minimal seasonal 
variation in PCO2 (Riechelmann et al., 2011).  
At Obir Cave monitoring of PCO2 and dripwater has shown geochemical variability 
across a year related to changing air circulation within the cave (Spötl et al., 2005). 
The ventilation at Obir Cave is characterised by chimney-type ventilation, as shown 
through the PCO2 monitoring. Chimney-type ventilation is characterised by seasonal 
reversals in circulation forced by differences in temperature between the cave air and 
the outside atmosphere and as a result Obir Cave exhibits high PCO2 in summer and 
low PCO2 in winter (Spötl et al., 2005). When PCO2 levels are lowered there is a higher 
PCO2 gradient between the cave air and the dripwaters which results in faster 
degassing and increased calcite precipitation (Mattey et al., 2010; Spötl et al., 2005). 
Consequently, drip waters exhibit seasonal variations in electrical conductivity, 
alkalinity, pH and δ13C values (Spötl et al., 2005).  Forced degassing under low PCO2 
concentrations has been shown to kinetically fractionate 13C which will ultimately 
influence the interpretation of δ13C values within speleothems (Spötl et al., 2005; 
Mattey et al., 2010; Frisia et al., 2011).  
2.4.3.7 Pressure 
Differences between external and internal pressure have been demonstrated to 
induce air movement known as pressure induced ventilation. Such a phenomenon was 
evidenced in Asiul cave (Smith et al., 2015), where ventilation was induced when low 
external pressures (frequently associated with storm activity) enhanced the pressure 
gradient between cave and external atmospheric air. As a consequence, air moved out 
the cave resulting in karst air being drawn down into the cave void increasing cave air 
PCO2. This signal is expressed in cave drip waters as an increase in EC and will also act 





This section has examined a range of cave monitoring parameters and how they can 
be used to provide insight into karst hydrology and cave dynamics. Measurement of 
speleothem drip rates can provide a deeper understanding of the karst hydrology 
overlying the individual drip site. Additional study of chemical proxies within 
speleothem drip waters can enhance interpretation of karst hydrology, within karst 
processes and internal cave dynamics. Monitoring of cave air can develop an 
understanding of cave air dynamics and their role over speleothem carbonate 
formation.   A key conclusion from the studies presented in this section is that cave 
monitoring of various parameters can permit a greater understanding of cave 
ventilation dynamics.  
 
2.5 Speleothem growth rates 
Speleothem growth occurs when infiltrating waters from the karst come into contact 
with an atmosphere with a lower pCO2. The interaction between the high pCO2 waters 
and the lower pCO2 atmosphere results in degassing of the waters. The resultant 
solution becomes supersaturated with respect to calcium carbonate which forces the 
precipitation of CaCO3 (Frisia and Borsato, 2010) as shown in equation 2.3. 
Speleothem growth is dependent on the specific conditions of water availability and 
air circulation which supply the components for growth and remove waste CO2 from 
the cave atmosphere (Fairchild and Baker, 2012). The growth rate of speleothems is 
therefore a function of degassing rate, Ca2+ ion availability and flow conditions to the 
drip-site (Genty and Deflandre, 1998; Dreybrodt, 1999; Dickinson et al., 2002; Spӧtl et 
al., 2005; Frisia and Borsato, 2010; Boch et al., 2011).  
Drip-waters with a low supersaturation will precipitate calcite under quasi-equilibrium 
conditions and increases in saturation will lead to increased growth rate (Frisia et al., 
2000; Frisia and Borsato, 2010). In cave environments, variations in flow rate, 
transport and concentration of impurities are normal. Thus, growth rate will vary 
throughout the period of speleothem deposition (Frisia and Borsato, 2010).  
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Cave ventilation has been identified as a factor influencing speleothem growth. Lower 
pCO2 under periods of strong ventilation will enhance degassing. The study of Obir 
Cave demonstrated that growth rates are enhanced, and carbon isotope values are 
fractionated in winter due to the seasonal ventilation regime (Spӧtl et al., 2005). 
The growth of speleothems is a result of degassing of CO2 from cave drip waters upon 
entering the cave void. This reaction can occur under equilibrium or kinetic conditions, 
both of which impart a different chemical signature which is preserved in the 
speleothem calcite. Under slow equilibrium conditions crystal growth forms large, 
uniform columnar crystals (Frisia et al., 2000; Frisia and Borsato, 2010). In contrast, 
dendritic fabrics composed of calcite crystals arranged in branches have been 
associated with disequilibrium conditions and form as a result of prolonged outgassing 
and extremely low drip rates (Frisia et al., 2000; Frisia and Borsato, 2010).  
In summary, speleothem formation is a function of degassing of CO2 from drip waters 
entering the cave. The growth of speleothems is dependent on specific conditions of 
water delivery and air circulation and the reaction may occur under equilibrium or 
kinetic conditions (Fairchild and Baker, 2012). The crystal structure of speleothems 
can provide insight into changes in speleothem growth conditions and techniques 
such as microstratigraphic logging of calcite fabrics can act to complement the 
interpretation of speleothem geochemical records (Frisia, 2015).  
 
2.6 Speleothem geochemistry 
2.6.1 Uranium-series dating 
2.6.1.1 Introduction 
The application of uranium-series dating to speleothems is critical when assessing 
records of palaeoclimate and palaeoenvironment, an argument summarised by 
Henderson (2006). There has been an abundance of speleothem studies which have 
employed U-series dating e.g. Kaufman et al. (1998); Wang et al. (2001); Fleitmann et 
al. (2003); Spötl et al. (2006), to name a few. This review section will focus on the 




Speleothems are commonly dated by the U-series disequilibrium method and as a 
consequence there has been an abundance of published U-Th speleothem dates 
(Dorale et al., 2004). Uranium in cave drip waters is derived from dissolution of the 
overlying bedrock (Scholz and Hoffmann, 2008). In oxidising environments, uranium is 
easily oxidised to the U6+ state, typically in the form of the UO22+ ion, which is highly 
soluble and easily mobilized in groundwaters (Langmuir, 1978, Langmuir, 1997, White, 
2004, Dorale et al., 2004). In contrast, under oxidising conditions, thorium remains in 
the quadrivalent state (Th4+), where it is insoluble and immobile (Langmuir and 
Herman, 1980, White, 2004, Zhao et al., 2009, van Calsteren and Thomas, 2006, Dorale 
et al., 2004, Scholz and Hoffmann, 2008). Therefore, speleothems may be formed with 
U incorporated into the calcite but will contain negligible amounts of Th and as a 
consequence any Th measured in the speleothem is assumed to be a product of the 
radioactive decay of U. Hence, measurement of the Th and U concentrations in the 
speleothem can determine the time since deposition (White, 2004, van Calsteren and 
Thomas, 2006, Zhao et al., 2009, Dorale et al., 2004). Equation 2.4 is used to state that 
the number of atoms disintegrating (dN) per unit time (dT) is equivalent to λN where 
λ is the decay constant and N is the number of atoms: 
 dN/dT = λN         Eq. 2.4 
(Scholz and Hoffmann, 2008, Dorale et al., 2004, van Calsteren and Thomas, 2006).  
The half-life of a particular radioactive nuclide is equal to (ln 2)/λ (Dorale et al., 2004). 
The U-series dating technique uses the decay of 238U which has a half-life of 4.469x109 
and in this decay chain 234U and 230Th are longest-lived isotopes which are utilised in 
the method (White, 2004; Zhao et al., 2009). Cheng et al. (2000) used high-precision 
thermal ionisation mass spectrometry to re-define the half-lives of 234U and 230Th as 
245,250±490yrs (2σ) and 75,690±230yrs (2σ) respectively. The two equations below 
(eq. 2.5 and 2.6) are used to calculate the ages of a speleothem: 
𝑈234
𝑈238
= 1 +  [(
𝑈234 
𝑈238
 )0 − 1] 𝑒












 )0  − 1] (𝑒
−𝜆4𝑡  − 𝑒−𝜆0𝑡)  Eq. 2.6 
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Where λ0 and λ4 represent the decay constants for 230Th and 234U respectively (White, 
2004). Within the equations there are two unknowns, time (t) and the initial 234U/238U 
ratio. Through measuring the isotopic ratios defined in the equations above, the age 
of a speleothem sample can be determined (White, 2004).  
Thus, speleothems which form with measurable amounts of U, negligible amounts of 
Th and remain closed-systems, can provide accurate ages over the past 500,000yrs 
(White, 2004; Dorale et al., 2004; Zhao et al., 2009). 
2.6.1.3 Methods 
There are primarily two methods to calculate U-Th ages and these are alpha 
spectrometry and mass spectrometry (Van Calsteren and Thomas, 2006; Scholz and 
Hoffman, 2008); the latter of these was used in the present study. There are 
predominantly two mass spectrometry techniques employed to measured U and Th 
isotopes and these are thermal ionisation mass spectrometry (TIMS) and multi-
collector inductively coupled plasma mass spectrometry (MS-ICP-MS) (Scholz and 
Hoffman, 2008). The advancements in mass spectrometry have led to a reduction in 
sample size, increased precision of 230Th ages and extended the age range to which U-
Th dating could be applied (Dorale et al., 2004).  
2.6.1.4 Required conditions necessary for U-series dating 
In order for a sample to be successfully dated by U-Th methods, it must meet three 
conditions. Firstly, the sample must have formed with appreciable U in order to 
measure the isotopes accurately (White, 2004; Dorale et al., 2004; Lauritzen, 2014). 
The amount of U in speleothems can vary between <0.01 to >120ppm depending on 
bedrock geology (Lauritzen, 2014). Mass spectrometry techniques require at least 
0.6μg of 238U to date a 100ka sample; younger samples or samples with low U 
concentrations will require larger amounts of 238U (Lauritzen, 2014).  
Secondly, the speleothem must have formed with negligible 230Th (White, 2004; 
Dorale et al., 2004; Scholz and Hoffman, 2008). 230Th may be incorporated into the 
speleothem through detrital matter and in order to determine the initial 230Th content, 
the 230Th/232Th ratio is measured (Dorale et al., 2004). The crustal isotope ratio of 
230Th/232Th is ~5 x 10-6 and initial 230Th within speleothems will typically be 
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accompanied by a greater amount of 232Th (Hellstrom, 2006, Scholz and Hoffmann, 
2008). Therefore, if it is assumed that detrital 232Th is associated with 230Th in a given 
ratio, samples with high initial 230Th can be identified (Scholz and Hoffman, 2008). Due 
to the variability of the 230Th/232Th ratio between source materials, two correction 
procedures have been proposed (Scholz and Hoffman, 2008). The first uses isochron 
techniques to measure the isotopic composition of the detrital material whilst the 
second uses an estimation of the isotopic composition of the detrital material and an 
estimation of the associated error (see Hellstrom, 2006).  
Thirdly, the speleothem calcite must remain a closed-system (White, 2004; Dorale et 
al., 2004; Lauritzen, 2014) whereby there is no exchange between the parent and 
daughter isotopes and the environment (van Calsteren and Thomas, 2006). 
Speleothems are commonly assumed to be closed-systems as they are unlikely to be 
subject to diagenesis (through meteoric water) after formation (Scholz and Hoffman, 
2008). However, there are exceptions and speleothems have been shown to exhibit 
open-system behaviour. Speleothems may lose or gain radionuclides as a 
consequence of prolonged exposure to the cave atmosphere (Richards and Dorale, 
2003) such as during a hiatus.  
2.6.1.5 Age modelling 
High-resolution proxy analysis requires a high-resolution chronology. Uranium-series 
dating at high-resolution is impractical due to the large volumes of material required 
(100mg) and associated costs of analyses (Smith, 2014). Each speleothem within a 
study should have a robust independent chronology as even coeval stalagmites cannot 
be chronologically constrained on the basis of stratigraphic correlation (Benson et al., 
2018). Therefore, it is important to establish an independent chronology for high-
resolution proxy records and this can be done through creation of an age-depth 
model. An age-depth model will establish the age between two adjacent U-series 
dates and can be used to infer the timing of proxy changes. This model is calculated 
using the relationship between ages and proxies from specified distances along the 
speleothem growth axis (Scholz et al., 2012). Age modelling is a recurring problem 
across different archives. A literature analysis by Blaauw (2010) revealed that 65 (out 
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of 93) papers published in 2008 did not specify the errors associated with the age-
models constructed and 71 did not specify the age modelling software used.  
Linear point-to-point interpolation is the most frequently used method for 
speleothem age-depth modelling (e.g. McDermott et al., 1999; Wang et al., 2005). 
Recent models such as StalAge (Scholz and Hoffmann, 2011), COPRA (Breitenbach et 
al., 2012) and OxCal (Bronk-Ramsey, 2008) allow for improved age-depth modelling 
incorporating age uncertainties, age reversals and hiatuses as well as direct proxy-
record age reconstruction.  
2.6.1.6 Summary  
U-series dating, based upon the decay of U to Th, can provide accurate and precise 
ages of speleothem calcite. The introduction of mass spectrometry techniques led to 
high precision ages, decreased sample size and increased the applicable age range of 
the method (Dorale et al., 2004). In order to apply U-Th dating the speleothem must 
have formed with enough U, contained no or minimal initial Th and remained a closed-
system (White, 2004; Dorale et al., 2004; Lauritzen, 2014). If these conditions are met, 
then an independently dated chronology can be constructed for a speleothem and this 
can be used alongside palaeoclimate and palaeoenvironmental indicators to provide 
a key archive of past climate and environmental change. It is important that an 
independent robust chronology is constructed for each speleothem and appropriate 
age modelling software is used to construct age-depth models. 
 
2.6.2 Assessing palaeoclimate and palaeoenvironment using stable isotope 
analyses of speleothems  
2.6.2.1 Overview of isotope systematics  
The most frequently used isotopes in speleothem-based climate studies are oxygen 
and carbon. Hydrogen is also measured in rainfall and cave drip waters and is 
predominantly controlled by the same processes as oxygen. This review will discuss 
the factors which influence the oxygen (and hydrogen) isotope composition of water 
as it moves through the hydrological cycle, into the soil and the karst and finally into 
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the cave. Organic and inorganic processes which influence the carbon isotope 
composition will also be discussed. 
Oxygen and hydrogen isotopes measured within waters are reported relative to 
Standard Mean Ocean Water (SMOW) (Craig, 1961b; Clark and Fritz, 1997; Sharp, 
2007). Carbon isotopes measured within carbonates are reported relative to Pee Dee 
Belemnite (PDB) (Craig, 1957; Clark and Fritz, 1997; Sharp, 2007). Oxygen isotopes 
within carbonates can be reported relative to SMOW or PDB (Clark and Fritz, 1997). 
The prefix ‘Vienna’ (i.e. VSMOW and VPDB) has been used in recent years as the supply 
of standards has been exhausted (Sharp, 2007; Lachniet, 2009).  
Stable isotope measurements are reported using the delta (δ) notation, introduced by 
McKinney et al. (1950) (eq. 2.7): 
 𝛿 =  (
𝑅𝑥− 𝑅𝑠𝑡𝑑
𝑅𝑠𝑡𝑑
)  𝑥 1000     Eq. 2.7 
Where: 
• R = the ratio of the abundance of the heavy to light isotope 
• x = the sample 
• std = standard      (Sharp, 2007) 
The δ value is reported as per mil (‰) or as parts per thousand (Sharp, 2007). The δ 
value for both VSMOW and VPDB is 0.0‰ and therefore the sample 18O/16O ratio 
represents the difference relative to the standard (Sharp, 2007; Lachniet, 2009). A 
negative δ value means the ratio of the heavy to light isotope in the sample is lower 
than that of the standard (Sharp, 2007).  
2.6.2.2 Oxygen isotopes 
Hydrological cycle 
The primary influence over the δ18O value of water at the beginning of the hydrological 
cycle is the δ18O value of the ocean and the oxygen isotope composition of meteoric 
waters is primarily controlled by evaporation of ocean waters (Clark and Fritz, 1997; 
Lachniet, 2009). Equilibrium fractionation during evaporation of ocean waters will lead 
to preferential evaporation of 16O. The resulting vapour will be depleted in 18O relative 
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to the ocean waters and consequently have a reduced δ18O value. Although not 
necessarily the case, if evaporation of ocean water has occurred in equilibrium, the 
isotopic composition of the resulting vapour and precipitation may be determined. For 
example, the equilibrium isotopic composition of water vapour (for oceans at 25°C) 
should be: 
δ18Ovapour = δ18Oseawater + ε18Ov-w = 0.0 + (-9.3) = -9.3‰ (Clark and Fritz, 1997) Eq.2.8 
Kinetic (or non-equilibrium) fractionation may occur during evaporation of ocean 
waters and this is primarily related to humidity (Gonfiantini, 1986; Clark and Fritz; 
1997, Lachniet, 2009). Low humidity will reduce water-vapour exchange and permit 
net diffusion between the boundary layer and the atmosphere. Therefore, as a result 
of evaporation the δ18O values of the water surface and in the boundary layer will 
become progressively enriched in 18O (Clark and Fritz, 1997).  
In contrast to evaporation, condensation is an equilibrium process. Rainfall will have 
an increased δ18O value relative to the vapour from which it formed due to 
preferential removal of 18O during condensation (Dansgaard, 1964; Clark and Fritz, 
1997; Lachniet, 2009). Condensation is a function of temperature and in order for 
condensation to occur, there must be a reduction in temperature. Along an air mass 
trajectory, an air mass will cool and condensation in the form of precipitation will 
occur. As the air mass moves further from the moisture source, the vapour becomes 
progressively depleted in 18O. This is known as Rayleigh-type distillation (Lachniet, 
2009; Clark and Fritz, 1997; Dansgaard, 1964).  
The global meteoric water line (GMWL) describes the linear correlation which exists 
between δ18O and δD values in meteoric waters (Craig, 1961a; Clark and Fritz, 1997; 
Sharp, 2007). Craig (1961a) defined the GMWL as (eq. 2.9): 
δD= 8*δ18O + 10‰ SMOW      Eq. 2.9 
The work of Rozanski et al. (1993), using the GNIP network has refined Craig’s equation 
(eq. 2.10): 
δD = 8.20 (±0.07) δ18O +11.27 (±0.65)‰ VSMOW   Eq. 2.10 
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The Rozanski et al. (1993) equation is based on precipitation and provides a weighted 
annual mean of precipitation.  
As oxygen and hydrogen isotopes are controlled by the same processes, they produce 
a strong linear correlation, with a slope of ~8 (Dansgaard, 1964; Clark and Fritz, 1997; 
Lachniet, 2009). The intercept of this slope is known as the deuterium excess, d, and 
can be calculated using eq. 2.11: 
d = δD – 8δ18O (Dansgaard, 1964).    Eq. 2.11 
d is primarily controlled by kinetic effects during the evaporation of waters from the 
ocean or land (Sharp, 2007; Lachniet, 2009). Hydrogen is more readily fractionated 
than O, hence the excess. Evaporation will result in an increase in δ18O and δD values 
in the remaining waters. As a consequence, the δD/δ18O slope would be <8, plotting 
to the right of the GMWL and d values would be low. Conditions of high evaporation 
and low humidity will result in vapour and condensation plotting to the left of the 
GMWL in order to maintain mass-balance and the d values would be high (Clark and 
Fritz, 1997; Lachniet, 2009; Sharp, 2007).  
The GMWL is a global average of local meteoric water lines which may be individually 
driven by local climatic mechanisms (Sharp, 2007; Clark and Fritz, 1997). Clark and Fritz 
(1997) highlighted that different locations will possess a distinctive local meteoric 
water line relating to the vapour source and the effects of secondary processes such 
as re-evaporation and mixing. In addition, Lachniet (2009) stressed the importance of 
establishing a LMWL when using speleothems to reconstruct palaeoclimate as this will 
permit assessment of the degree of evaporation relative to precipitation in the soil 
and drip waters, seasonality of precipitation in the drip waters and estimations of 
moisture recycling.   
Isotope effects 
As the water moves through the hydrological cycle it can be modified by a series of 
isotope ‘effects’. These are related to: temperature, latitude, continentality, amount 
of precipitation, altitude, moisture source, seasonality and ice volume. Each of these 




The temperature effect refers to the positive correlation between mean annual 
surface air temperature at a site (dT) and the mean oxygen isotope composition of 
precipitation (δ18Op), noted as δ18Op/dT (Lachniet, 2009; Rozanski et al., 1993). The 
temperature effect was initially studied by Dansgaard (1964) who used data from the 
IAEA/WMO network to study the relationship between site-specific surface air 
temperature and the δ18O value of precipitation. Dansgaard (1964) suggested the 
positive correlation between the two variables plotted along a slope of ~0.7‰ per °C 
for locations in the mid- to high-latitudes. Further work by Rozanski et al. (1993) 
verified this relationship; however, the slope of best fit (representing the temperature 
range 0-20°C) plotted as 0.58‰ per °C. Rozanski et al. (1993) highlighted a stronger 
relationship (>0.58‰ per °C) was evident in the Polar Regions, while no correlation 
was evident in the tropics. Nevertheless, the slope of the δ18Op/dT relationship ranges 
between +0.17‰ to +0.90‰ per °C increase across the globe (Rozanski et al., 1993; 
Dansgaard, 1964). This relationship has demonstrated non-linear temporal and spatial 
variability between regions (Lachniet, 2009) and is supported by water isotope 
modelling through an ocean-atmosphere system (Schmidt et al., 2007).  
Studies within North America have illustrated the complexity with the globally 
implemented Dansgaard (1964) δ18Op/dT figure of 0.69‰ per °C. Precipitation in 
central Kentucky has reported a δ18Op/dT relationship of 0.38‰ per °C (Harmon, 1979) 
while Stuiver (1968) reported a value of 0.3‰ °C in Chicago. The temperature effect 
on precipitation was also identified by Ayalon et al. (1998) at Soreq Cave, Israel. Ayalon 
et al. (1998) found a distinctive correlation between δ18O values of precipitation and 
surface air temperatures, with lower δ18O values associated with lower temperatures. 
The oxygen isotope composition of precipitation is also dependent on seasonal 
temperature with higher δ18O values in summer and lower δ18O values in winter 
(Lachniet, 2009). 
Rozanski et al. (1993) proposed that the IAEA/WMO network has identified three 
types of isotope dependence on temperature. Firstly, the spatially variable 
relationship between annual δ18Op averages and surface air temperature at different 
sites. Secondly, the temporal relationship between seasonal δ18Op changes and 
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surface air temperature for a station or a group of stations. Finally, the temporal 
relationship between inter-annual δ18Op changes and surface air temperature at a 
single site.  
Latitude effect  
The global pattern of δ18Op values has been shown to vary with latitude and this is 
known as the latitude effect. Data has shown highest δ18Op values at the tropics with 
values decreasing towards the higher latitudes (Rozanski et al., 1993; Bowen and 
Wilkinson, 2002, Lachniet, 2009). The main reason for this pattern is related to the 
large amount of global evaporation (65%) which occurs in tropical oceans between 
30°S and 30°N. As this vapour is transported to higher-latitudes, precipitation leads to 
a decrease in the δ18O values due to an overall reduction in the amount of water 
available within the airmass (Rozanski et al., 1993). 
However, data presented by Rozanski et al. (1993) exhibit a spread of data around the 
broad latitudinal pattern. It has been proposed that this spread of data can be related 
to anomalies in regional temperature, the continental effect, the amount effect and 
the altitude effect. The model of (Bowen and Wilkinson, 2002) also incorporates 
altitude and atmospheric vapour transport pathways and these factors account for 
variations away from the latitudinal gradient (e.g. the western coast of South 
America). 
Rozanski et al. (1993) demonstrated temperature plays a key role in creating the 
latitudinal gradient in δ18Op. A decrease in lower atmosphere temperature in winter 
results in a reduction in the amount of total precipitable water in the atmosphere. As 
a consequence, there is a significant increase in effective rain-out and depletion of the 
oxygen isotope composition of the water vapour and any subsequent precipitation.  
Continental effect 
The relative decrease in δ18Op values related to increasing distance from the ocean is 
known as the continental effect. The continental effect is the result of progressive 
removal of moisture and preferential removal of heavy isotopes from an airmass as it 
moves further inland (Dansgaard, 1964; Rozanski et al., 1993; Lachniet, 2009). 
Continental moisture may be returned to the atmosphere via evaporation of lakes, 
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rivers or soil waters and this may oppose the continental effect (Koster et al., 1993; 
Lachniet, 2009). In addition, transpiration from plants may also recycle moisture to 
the atmosphere but will not fractionate the isotopes in the water (Gat et al., 1994; 
Lachniet, 2009) 
The maps produced by Bowen and Revenaugh (2003) demonstrated a pattern of lower 
δ18Op values with increasing distance from the coastal regions and this effect was 
found to be strongest across Northern Eurasia and North America. Rozanski et al. 
(1993) quantified the continental gradient across Europe and reached a value of -2‰ 
per 1000km. Similarly, Welker (2000) identified a continental gradient in δ18Op values 
of -1.2‰ per 100km across the North American Pacific NW.  
Amount effect 
The amount effect refers to the inverse correlation between δ18Op values and rainfall 
amount, with lower δ18Op values associated with periods of increased rainfall 
(Dansgaard, 1964; Rozanski et al., 1993; Lachniet, 2009). Tropical regions which exhibit 
deep vertical convection are predominantly influenced by the amount effect 
(Lachniet, 2009; Dansgaard, 1964). The amount effect was proposed to be related to 
evaporation of falling raindrops and also to isotopic exchange between falling 
raindrops and atmospheric moisture (Dansgaard, 1964; Rozanski et al., 1993). 
Therefore, relatively low δ18Op values in tropical regions can be related to significant 
cooling of the air with minimal modification by other processes such as evaporation 
and isotope exchange. On the other hand, relatively high δ18Op values in tropical 
regions represent raindrops which have been enriched in 18O through evaporation and 
isotopic exchange (Dansgaard, 1964). Lachniet and Patterson (2006) illustrated the 
significant influence of the amount effect on δ18Op values in Panama (Central 
America). A negative correlation (r= -0.89) was found to exist between δ18Op values 
and rainfall amount with a δ18Op -rainfall amount slope of -2.85±0.05‰ per 100mm 
of rainfall. Variations in the oxygen isotope composition of speleothems have been 
interpreted to reflect changes in rainfall amount in the tropics (Fleitmann et al., 2003; 
Neff et al., 2001; Burns et al., 2002; Griffiths et al., 2009; Griffiths et al., 2010) and also 




The altitude effect refers to the decrease in δ18Op values with increasing altitude 
(Dansgaard, 1964; Rozanski et al., 1993; Lachniet, 2009). This effect is the result of 
declining temperatures of condensation with increasing altitude and progressive 
Rayleigh distillation associated with uplifting of an airmass over an orographic barrier 
(Rozanski et al., 1993; Lachniet, 2009). Kendall (2004) stated that typical altitude 
gradients vary between -0.15 to -0.5‰ per 100m. The map produced by Bowen and 
Wilkinson (2002) takes into account the altitude effect on δ18Op values and highlighted 
key mountainous regions such as the Andes and the Tibetan Plateau which are 
characterised by relatively low δ18Op values.  
Source effect 
Different moisture sources have different δ18O values and this is known as the source 
effect (Rozanski et al., 1993; Clark and Fritz, 1997; Lachniet, 2009). Variations in air 
mass trajectories and temperature of the vapour source areas as well as differential 
δ18O values of the oceans between regions are the mechanisms which cause the 
source effect (LeGrande and Schmidt, 2006; Lachniet, 2009). Studies from North 
America have identified four moisture source areas, and these are: the Gulf of Mexico 
and subtropical Atlantic, the Arctic, the North Pacific and the subtropical Pacific 
(Rozanski et al., 1993; Friedman et al., 2002; Clark and Fritz, 1997; Lachniet, 2009; 
Bryson and Hare, 1974). Each of these source regions has a distinct oxygen isotope 
composition and it has been proposed that in the mid-continental USA, moisture 
originating from the Pacific or the Arctic will have lower δ18O values relative to 
moisture from the Gulf of Mexico as it has been transported over a greater distance 
(Clark and Fritz, 1997; Denniston et al., 1999; Lachniet, 2009). 
In South America, the oxygen isotope composition of precipitation south of 20°S has 
been shown to be controlled by seasonal shifts in moisture source (Cruz et al., 2005). 
During winter and early spring δ18Op values are higher due to extratropical winter 
precipitation from the Atlantic. In contrast, during the austral summer, δ18Op values 
are lower due to subtropical precipitation originating from the Amazon Basin (Cruz et 
al., 2005). Maher and Thompson (2012) have proposed changes in δ18O values in 
speleothems across China are related to different moisture sources. Maher and 
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Thompson (2012) suggested that Indian-monsoon sourced δ18Op values occurred 
during periods of high boreal summer insolation whilst during periods of low 
insolation Pacific moisture sources were dominant.  
Seasonality 
There is a distinct pattern of δ18Op values at mid- to high-latitudes exhibiting seasonal 
variability (Dansgaard, 1964; Rozanski et al., 1993; Lachniet, 2009). Seasonal variations 
in δ18Op values are related to three driving mechanisms. Firstly, seasonal temperature 
variations at mid- to high-latitudes leads to seasonal variability in the total amount of 
precipitable water available in the atmosphere and this is associated with different 
amounts of effective rain-out. Consequently, this alters the oxygen isotope 
composition of precipitation (Rozanski et al., 1993). Secondly, seasonal shifts in 
evapotranspiration on the continents acts to modify the atmospheric water balance 
(Rozanski et al., 1982; Rozanski et al., 1993) Finally, seasonal changes in the vapour 
source areas and/or storm trajectories can result in seasonal fluctuations in δ18Op 
(Rozanski et al., 1993). 
 Ice volume 
The ice volume effect has been shown to alter the oxygen isotope composition of the 
ocean on glacial-interglacial timescales (Lachniet, 2009). During glacial periods δ18O 
values of the ocean will increase due to preferential evaporation of 16O and an 
increase in the proportion of freshwater locked up in ice sheets (Lachniet, 2009). 
Schrag et al. (2002) identified a glacial-interglacial shift in δ18O values of 0.7-0.8‰ 
from the deep Atlantic Ocean and an average shift of 1.0±0.1‰ in the global oxygen 
isotope composition of seawater. As highlighted by Lachniet (2009), shifts in the 
oxygen isotope composition of the oceans over glacial-interglacial timescales will 
cause subsequent shifts in the δ18O value of precipitation and cave drip waters.  
Soil 
The amount of precipitation which infiltrates soil pores lies between 5-25% in 
temperate climates as the processes of runoff, interception by vegetation, 
transpiration and evaporation limit the amount of precipitation infiltration (Clark and 
Fritz, 1997; Lachniet, 2009). Of these processes, only evaporation acts to modify δ18O 
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values in soil water. Evaporation of water from soil will lead to enrichment in 18O 
(Zimmerman et al., 1967; Allison, 1982; Gat, 1996; Clark and Fritz, 1997; Tang and 
Feng, 2001; Lachniet, 2009). A negative relationship exists between isotopic 
enrichment and humidity (Tang and Feng, 2001). The enrichment of 18O will be greater 
than deuterium as a result of the kinetic effects of evaporation (Tang and Feng, 2001) 
and this kinetic fractionation can lead to a δD/ δ18O slope as low as 2 (Allison, 1982). 
In addition, Tang and Feng (2001) identified the isotopic composition of precipitation 
was significantly more variable than that of soil water. The authors suggested that the 
soil water was composed of different meteoric waters from different precipitation 
events, potentially over different seasons, which have become mixed within the soil 
zone.  
Epikarst 
Drip water δ18O values may be modified within the epikarst zone by the timing and 
amount of recharge (Lachniet, 2009). Jones et al. (2000) demonstrated the aquifer in 
Barbados was only recharged by 10-20% of mean annual precipitation which 
predominantly occurred during the wettest period. As a consequence, the 
groundwater δ18O values are lower relative to those of precipitation. The transit time 
of waters through the karst has also been shown to influence the oxygen isotope 
composition of drip waters (Baldini et al., 2006; Lachniet, 2009). Slow drips 
(<0.1ml/min) within cave environments have been proposed to be applicable to 
studies examining decadal- to millennial-scale variability due to longer transit times in 
the karst permitting mixing (Baldini et al., 2006). In contrast, Baldini et al. (2006) have 
suggested intermediate drips (0.1-2ml/min) will have a shorter transit time and may 
be used in studies examining seasonal timescales. McDonald et al. (2007) identified 
that drip discharge at drip sites with overlying bedrock thickness of 12 and 22m 
responded rapidly to precipitation events. It was suggested the speleothem 
geochemical records fed by these drips may provide high-resolution trends of palaeo-
rainfall. In contrast, drip discharge at drip sites at 45m did not correspond to 
precipitation events and may provide records of longer-term rainfall trends. Variations 
in the saturation state of drip waters have been shown to influence the timing of 
calcite deposition which will impact the oxygen isotope composition of speleothems 
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(Baldini et al., 2006; Lachniet, 2009; Cai et al., 2011). Seasonal variations in pCO2 of 
the drip waters and cave air will influence the rates of degassing and this may result 
in a seasonal calcite deposition bias (Baldini et al., 2006; Mattey et al., 2008; Lachniet, 
2009; Cai et al., 2011). For example, at Shihua Cave (China) less calcite is deposited 
during the summer (rainy) season due to higher drip rates and cave air pCO2 which 
act to limit degassing and consequently limit calcite precipitation (Cai et al., 2011).  
Cave 
The oxygen isotope composition of cave drip waters and any precipitated speleothems 
is related to recharge patterns and processes which modify the δ18O value in the soil 
and karst (Fairchild et al., 2006a; Lachniet, 2009). Speleothems used in palaeoclimate 
studies must be shown to have formed in isotopic equilibrium with the cave drip 
waters from which they formed (Hendy, 1971; Fairchild and Baker, 2012). Isotopic 
equilibrium is likely to be achieved when the rate of drip water degassing is slow 
(Hendy, 1971). Equilibrium isotope fractionation is temperature dependent and is 
determined by the differential bond strength of isotopes in an element. Under 
equilibrium isotope fractionation between water and calcite, 18O will be preferentially 
incorporated into the speleothem calcite (Sharp, 2007; Lachniet, 2009).  An 
equilibrium fraction factor relationship for synthetic calcite was defined by Kim and 
O’Neil (1997) as: 
1000𝑙𝑛 𝛼(𝑐𝑎𝑙𝑐𝑖𝑡𝑒−𝑤𝑎𝑡𝑒𝑟) = 18.03 (10
3𝑇−1) − 32.42     Eq. 2.12 
Where 1000ln α(calcite-water) is the fractionation between calcite and water and T is the 
temperature in Kelvin. A combined analysis using laboratory, theoretical and cave 
studies by Tremaine et al. (2011) led to a new equation defining the empirical isotope-
temperature fractionation relationship for inorganic calcite (eq. 2.13). 
1000𝑙𝑛 𝛼(𝑐𝑎𝑙𝑐𝑖𝑡𝑒−𝑤𝑎𝑡𝑒𝑟) = 16.1 (10
3𝑇−1) − 24.6       Eq. 2.13 
Equation 2.13 defines a temperature-dependent oxygen isotope fractionation of -
0.177‰/°C.  
When rapid degassing occurs, kinetic fractionation may act to modify the isotopic 
composition of the drip waters. Calcite precipitated from kinetically fractionated 
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waters may show enrichment in both 18O and 13C (Hendy, 1971). The Hendy Test is 
used to determine whether calcite deposition occurred in equilibrium with cave drip 
waters and is carried out by analysing δ18O and δ13C values along a single growth layer. 
Kinetic fractionation is confirmed if δ18O and δ13C values positively co-vary along a 
single layer and/or along the growth axis and if δ18O values are variable along a single 
growth layer (Hendy, 1971). However, the Hendy Test has been criticized and Dorale 
and Liu (2009) concluded the Hendy Test is not an accurate determination of whether 
calcite has formed in isotopic equilibrium with cave drip waters. Dorale and Liu (2009) 
argued that kinetic fractionation could be occurring along the flanks of the speleothem 
while equilibrium fraction is occurring at the centre, sampling along a single growth 
layer is impractical, climatic factors may cause the co-variation of δ18O and δ13C values 
depending on the timescale being examined and finally, replication is a better method 
to identify kinetic effects in speleothems. 
2.6.2.3 Carbon isotopes 
Open vs. Closed system models 
The carbon isotope composition (δ13C) within speleothems has been suggested to 
predominantly reflect the carbon isotope composition of the percolating drip waters 
(Fairchild et al., 2006a). Percolating waters acquire carbon from the following sources:  
CO2   from the soil, CO2 from the atmosphere and dissolution of carbonate minerals 
within the karstic host rock (Fairchild et al., 2007). Two end-member systems have 
been used to describe the processes through which percolating waters accumulate 
calcium carbonate from the soil and epikarst (Hendy, 1971; McDermott, 2004; 
McDermott et al., 2005). The first is the open-system model; under these conditions 
there is continuous equilibration between the percolating water and an unlimited 
supply of CO2 within the soil (Hendy, 1971; McDermott, 2004; McDermott et al., 2005). 
The result of the continuous equilibration is an increase in the amount of limestone 
dissolution, consequently leading to a higher proportion of bicarbonate within the 
seepage water. Under the open-system model, the δ13C of percolating waters and 
subsequently speleothems, is largely influenced by the soil δ13C with a minimal 
influence from the epikarst (McDermott, 2004; McDermott et al., 2005). The second 
model is that of a closed-system. When carbonate dissolution begins to occur in a 
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closed-system, the percolating waters become isolated from the reservoir of CO2 in 
the soil (Hendy, 1971; McDermott, 2004; Fairchild et al., 2006a). The resulting carbon 
isotope composition of the water therefore reflects the δ13C of the host rock 
(McDermott, 2004; McDermott et al., 2005) and overall the total dissolved Ca and DIC 
are greatly reduced in comparison to open-systems (Fairchild et al., 2006a). However, 
these two models represent extreme situations (Hendy, 1971) and the majority of 
natural systems are most likely to be somewhat open and therefore will have a 
dissolved inorganic carbon δ13C value which lies between the two models (McDermott 
2004; McDermott et al., 2005).  
Organic processes 
Variations in the carbon isotope ratio from speleothems forming in arid environments 
have often been inferred to reflect changes in vegetation type (McDemott, 2004; 
Fairchild et al., 2006a). Plants which utilize the C3 pathway typically have a δ13C value 
between -26‰ to -20‰ while plants utilizing the C4 pathway tend to have a δ13C value 
between -16‰ to -10‰ (McDermott, 2004; McDermott et al., 2005). These different 
vegetation types are recorded in speleothem carbonate through the δ13C values. 
When carbonate δ13C values lie between -14‰ to -6‰, it is frequently inferred that 
the carbonate formed in equilibrium with CO2 respired from C3 vegetation. 
Conversely, carbonates which have been deposited in equilibrium with CO2 respired 
from C4 vegetation typically have δ13C values within the range of -6‰ to +2‰ 
(McDermott, 2004).  
In regions which lack C4 vegetation, the interpretation of the carbon isotope record 
can be complicated. However, stalagmites from Villars Cave, France, have provided a 
record of carbon isotope measurements related to variations in biogenic soil CO2 
production (Genty et al., 2003). Between 83,000 – 32,000yr BP, the δ13C values from 
Villars Cave stalagmites are significantly lower during warm periods due to a larger 
amount of biogenic CO2 becoming incorporated into the percolating waters. In 
contrast, under cold conditions, vegetation and soil become degraded and as a result 
there is a reduction in biogenic CO2 production and a rise in the proportion of 
atmospheric CO2. Due to the increased proportion of atmospheric (heavy) carbon, the 
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percolating waters and speleothems will have higher δ13C values when conditions are 
colder (Genty et al., 2003).  
Inorganic processes  
The precipitation of calcite in the karst above a cave has often been used to explain 
high carbon isotope ratios (McDermott, 2004). This process, referred to as PCP, is 
related to degassing of CO2. During degassing, carbon is preferentially released as 12C 
and this leaves the percolating waters with a higher proportion of 13C (Fairchild and 
Baker, 2012). Baker et al. (1997) identified PCP as one of three possible mechanisms 
which may have led to high δ13C values in speleothems from Stump Cross Caverns, UK. 
Baker et al. (1997) proposed that degassing of percolating waters within the karst 
would result in calcite deposition and elevated δ13C values within the waters and 
subsequently any calcite precipitated from the waters. Degassing (and subsequent 
kinetic fractionation effects) between stalactite and stalagmite as well as 
disequilibrium with soil CO2 were proposed in addition to PCP to explain the high δ13C 
values of speleothems studied by Baker et al. (1997).  
Trace elements have the potential to support the interpretation of the δ13C value in 
speleothems (McDermott, 2004). Assessment of the relationships between Mg/Ca, 
Sr/Ca and δ13C values from speleothems has frequently identified a significant positive 
co-variation, indicative of a common forcing mechanism (Griffiths et al., 2010; 
Regattieri et al., 2014). The driving mechanisms has been proposed as PCP within the 
karst which is enhanced under dry conditions.  
Within cave processes - kinetic fractionation 
Drip rate is known to control kinetic (disequilibrium) fractionation during calcite 
precipitation (Mühlinghaus et al., 2009). Mühlinghaus et al. (2009) identified that 
under fast drip regimes, the carbon isotope composition of the resulting calcite forms 
in isotopic equilibrium with the drip waters. Conversely, extensive degassing of CO2 
and calcite precipitation will lead to a progressive increase in the δ13C values of the 
solution and any further precipitated calcite (Mickler et al., 2006) and these processes 
are promoted under slow drip regimes (Mühlinghaus et al., 2009). Another control 
over kinetic fractionation, which is closely related to drip rate, is the residence time of 
the solution on the stalagmite surface (Mühlinghaus et al., 2009). If residence times 
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are longer, the amount of calcite precipitation will increase whilst the amount of 
bicarbonate in the solution will decrease. This will result in a progressive rise in the 
carbon isotope ratio of the bicarbonate in solution and this will ultimately lead to 
isotopic equilibrium between the bicarbonate in solution and the cave PCO2 
(Mühlinghaus et al., 2009). 
Kinetic fractionation of carbon isotopes has been shown to occur under strong cave 
ventilation regimes (Spötl et al., 2005; Mattey et al., 2008; Frisia et al., 2011) as 
discussed in section 2.4.3.6. Enhanced degassing results in kinetic fractionation of the 
carbon isotopes and enrichment of 13C in the solution and precipitating stalagmites 
(Spotl et al., 2005; Mattey et al., 2008; Frisia et al., 2011). These studies have 
demonstrated the complexity of the carbon isotope composition in speleothems and 
have highlighted the importance of cave monitoring studies (Spotl et al., 2005; Mattey 
et al., 2008; Frisia et al., 2011).  
2.6.2.4 Summary 
Isotopes are fractionated by an array of processes. Oxygen (and hydrogen) isotopes 
are modified throughout the hydrological cycle. The initial isotopic composition of 
meteoric waters is controlled by the δ18O value of ocean water and is modified by 
evaporation and condensation (Dansgaard, 1964; Clark and Fritz, 1997; Lachniet, 
2009). Meteoric water can be modified by the following isotope ‘effects’: 
temperature, latitude, continentality, amount of precipitation, altitude, moisture 
source, seasonality and ice volume (Rozanski et al., 1993; Lachniet, 2009). In the soil 
zone, evaporation has been shown to influence δ18O values within soil water (Clark 
and Fritz, 1997; Lachniet, 2009). The timing and amount of recharge may further 
modify the oxygen isotope composition of water in the epikarst (Lachniet, 2009). 
Finally, kinetic fractionation within the cave will change the isotopic composition of 
drip waters and any speleothems precipitated from these waters (Hendy, 1971; 
Lachniet, 2009).  
Drip waters can accumulate carbon from the soil and epikarst via an open or closed 
system (Hendy, 1971; McDermott, 2004; McDermott et al., 2005). Carbon isotope 
ratios in speleothems have been interpreted to reflect changes in vegetation type 
(McDermott, 2004; Fairchild et al., 2006a) and vegetation productivity (Genty et al., 
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2003). Additionally, inorganic processes such as PCP (Baker et al., 1997; McDermott et 
al., 2004), and within-cave kinetic fractionation (Muhlinghaus et al., 2009; Mickler et 
al., 2006; Spotl et al., 2005; Mattey et al., 2008; Frisia et al., 2011) have been shown 
control the carbon isotope composition of drip waters and speleothems.  
 
2.6.3 The application of trace elements to speleothem studies 
2.6.3.1 Introduction 
Increasingly, trace elements are being used in speleothem studies aiming to 
reconstruct palaeoclimate (Fairchild and Treble, 2009). As identified in section 2.3 
geochemical signals within speleothems can be controlled and modified by many 
different processes within the atmosphere, vegetation and soil, karst and cave, during 
speleothem crystal growth and during secondary alteration of calcite (Fairchild et al., 
2006a; Fairchild and Treble, 2009). Therefore, the concentrations of different 
elements in speleothems can be used to interpret variations in different processes and 
have the potential to become powerful high-resolution proxies of palaeoclimate and 
palaeoenvironment (Borsato et al., 2007; Fairchild and Treble, 2009). Furthermore, 
seasonal cycles in trace elements have recently been used in conjunction with other 
dating techniques to constrain speleothem chronologies (Smith et al., 2009; Ban et al., 
2018). Nonetheless, the complexity of the cave environment complicates the 
interpretation of trace element profiles and therefore understanding the trace 
element sources and influencing processes is vital to decode the chemical signal 
preserved within the speleothem (Fairchild et al., 2000, Fairchild and Treble, 2009).  
2.6.3.2 Sources of trace elements 
As a result of the individual tectonic and depositional processes operating at each site, 
trace element composition is highly site-specific and often individual speleothems 
within a cave system may each possess a distinct trace element signature (Fairchild 
and Treble, 2009).  
Atmosphere 
Although the atmosphere provides the primary source for the stable oxygen isotope 
signal preserved in speleothem calcite, it is remains a minor source for trace element. 
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However, some trace element signals have been shown to relate to dry deposition of 
aeolian dust (Goede et al., 1998; Frumkin and Stein, 2004; Fairchild and Treble, 2009) 
and others have identified the contribution of sea-salt aerosols in wet atmospheric 
deposition as a source of trace element species (Baker et al., 2000; Fairchild et al., 
2000). Anthropogenically and volcanically sourced sulphur emitted into the 
atmosphere can also be transferred and preserved into speleothem calcite and 
therefore speleothems may act as an archive of modern pollution or volcanic activity 
(Frisia et al., 2005; Wynn et al., 2008, 2010). Although, work by Borsato et al. (2015) 
demonstrated the variable transmission time between S deposition and incorporation 
into the stalagmite which can significantly influence interpretation of S as a proxy.   
Vegetation  
Vegetation productivity and decay have been demonstrated to control elemental 
concentrations of P (Huang et al., 2001; Fairchild and Treble, 2009; Treble et al., 2003). 
A study at Ernesto Cave, Italy, identified the supply of P to the karst and cave was 
related to vegetation decay in the autumn and this was expressed by peaks in P within 
the speleothem records (Huang et al., 2001). Analysis of P within speleothems was 
confirmed to be a useful proxy for palaeo-rainfall by Treble et al. (2003). Within the 
study, P was demonstrated to be a reliable indicator of surface bioproductivity which 
is ultimately related to rainfall. 
The die-back of vegetation in autumn combined with increased infiltration may result 
in an increase in speleothem P during the autumn-winter (Borsato et al., 2007; Treble 
et al., 2003). Seasonal variations in speleothem P concentrations have been identified 
and express the annual distinction between different seasonal hydrological regimes 
(Borsato et al., 2007). In summary, P has frequently been applied in speleothem 
studies as a proxy for rainfall resulting in variations in vegetation productivity and 
seasonal die-back of vegetation during the autumn (Huang et al., 2001; Treble et al., 
2003; Borsato et al., 2007; Fairchild and Treble, 2009; Fairchild et al., 2010; Orland et 
al., 2014; Webb et al., 2014). 
Soil and karst processes 
The largest source of calcium and most trace elements which occur in speleothems is 
the karst bedrock and overlying soil. The factors which control the transfer of trace 
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elements into karst are two-fold: 1) the degree of chemical mobilization of the trace 
elements in the soil and epikarst; 2) the hydrological processes which influence 
infiltration rates of water into the epikarst (Fairchild and Treble, 2009). Chemical 
mobilization behaviours include rapid entrainment of solutes, particles and colloids 
combined with dissolution of salts and leaching of weakly-sorbed species; 
intermediate calcite dissolution and slow release of ions through chemical weathering 
(Fairchild and Treble, 2009).  
Infiltrating waters which form speleothems may contain characteristic trace element 
compositions due to dissolution and hydrological processes as a function of flow 
conditions. High flow conditions can lead to the enrichment of some trace element 
species, in particular those associated with colloidal transport (Fairchild and Treble, 
2009). Zn has been shown to be associated with colloids and distinct peaks in Zn have 
been identified in Obir Cave related to autumnal infiltration maxima (Fairchild et al., 
2010; Wynn et al., 2014). Wynn et al. (2014) identified annual peaks in Zn were 
associated with natural organic matter and ultimately controlled by water excess, pH 
of the soil in relation to microbial activity and the variability of the overlying snowpack. 
The study has demonstrated the significance of Zn event laminae related to 
hydrological flushing of Zn from the soil during the autumn and has provided support 
for other models which have proposed various trace elements are transported into 
speleothems through Natural Organic Matter (NOM).  
Under conditions of low flow and reduced effective precipitation on the surface, rock-
water residence times increase. As a consequence, the bedrock is subjected to 
enhanced dissolution and trace element release (Hellstrom and McCulloch, 2000). 
Additionally, increased water-rock residence times in the aquifer combined with the 
presence of a porous bedrock, encourages degassing of waters and precipitation of 
CaCO3 along the flowpath (Fairchild et al., 2000; McMillan et al., 2005).  
Prior calcite precipitation has been shown to have a critical influence over Mg in 
speleothems. Precipitation of calcite up-flow of the precipitating speleothem is 
related to degassing of the karstic waters due to contact with a different PCO2 which 
ultimately results in supersaturation of CaCO3 in the karstic waters and calcite 
precipitation (Fairchild and Treble, 2009).  As a result, more Ca is removed from the 
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solution than the trace elements, leading to enrichment of the trace element to 
calcium ratio (Fairchild and Treble, 2009). Fairchild et al. (2000) proposed that under 
dry conditions there will be an increase in PCP due to the reduction in water 
availability within the karst overlying the cave. Similar to Mg, prior calcite precipitation 
can influence the Sr composition in dripwaters and subsequently speleothems 
(Fairchild and Treble, 2009). The positive correlation between Mg/Ca and δ13C 
(Fohlmeister et al., 2012; Regattieri et al., 2014) or Mg/Ca, Sr/Ca and δ13C values 
(Johnson et al., 2006; Griffiths et al., 2010; Cruz et al., 2007) has frequently been used 
to indicate PCP as a forcing mechanism for variations in Mg/Ca, Sr/Ca and δ13C and 
has subsequently be inferred as an aridity proxy. However, the chemical covariance 
between Mg/Ca and Sr/Ca has been shown to be nearly identical for PCP and ICD 
processes and Sinclair et al. (2012) expressed the difficulties in separating the chemical 
signatures of these processes. 
Numerous studies have used a combination of Ba/Ca, Mg/Ca and Sr/Ca ratios 
alongside δ18O and δ13C measurements to suggest variations in Ba/Ca relate to PCP 
upstream of the stalagmite (Wu et al., 2012; Hori et al., 2013; Johnson et al., 2006). 
For example, Johnson et al. (2006) measured Mg, Sr and Ba at Heshang Cave, China 
and identified that co-variation between the trace elements was related to enhanced 
degassing and subsequent PCP due to dry conditions above the cave. Hori et al. (2013) 
highlighted the co-variation between Sr/Ca, Ba/Ca and δ13C in a stalagmite from 
Maboroshi cave, Japan, was related to drier conditions during the Lateglacial and 
Holocene leading to an increased amount of PCP.  
2.6.3.3 Partition coefficient 
Section 2.6.3.2 indicated that analysing speleothem trace element concentrations can 
provide high-resolution records of vegetation dynamics and karst-water interactions. 
However, the incorporation of elements into the speleothem crystal lattice may 
complicate the interpretation of speleothem records. A distribution or partition 
coefficient can be used to define the incorporation of an element from a solution into 
a speleothem (Fairchild and Treble, 2009).  
Frequently speleothem studies use trace elements such as Mg, Sr and Ba which are 
known to form divalent cations when in solution and substitute for Ca within the 
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crystal lattice of carbonate (Fairchild and Treble, 2009). A relationship between 
solution and mineral trace element compositions can be defined using a distribution 
or partition coefficient through the following equation (Eq. 2.14) of Morse and Bender 
(1990): 
(Tr/CaCaCO3) = KTr (Tr/Ca) solution     Eq. 2.14 
Where Tr = trace element and KTr = distribution coefficient 
The distribution coefficient may be controlled by various factors including crystal 
morphology, temperature, precipitation rate as well as different aspects of the 
solution composition (Fairchild and Treble, 2009).  
2.6.3.4 The influence of growth kinetics 
In some cave environments, Sr concentration in speleothems has been suggested to 
be predominantly controlled by growth rate (Fairchild et al., 2001; Fairchild and 
Treble, 2009). When growth rates are higher, a higher concentration of Sr is expected 
to be found in speleothems (Lorens, 1981; Gabitov and Watson, 2006; Fairchild and 
Treble, 2009).  
Co-variation between Sr and Ba has been used as an indicator of growth kinetics, 
particularly growth rates, in both dripwaters and speleothems (Treble et al., 2003; 
Treble et al., 2005b; Webb et al., 2014). Treble et al. (2003) concluded that Ba was 
controlled by growth rate on intra- and inter-annual scales but identified that the 
inter-annual behaviour of Sr differed from Ba, suggesting that Sr concentrations were 
moderated by PCP. Further work by Treble et al. (2005b) produced a series of trace 
element maps and demonstrated that Sr and Ba were controlled by annual changes in 
precipitation resulting in a seasonally variable growth rate. Additionally, the trace 
element maps produced by Treble et al. (2005b) suggested a correspondence 
between U and annual growth layering within the stalagmites from SW Australia. 
Treble et al. (2005b) concluded by suggesting that U variation within stalagmites 
corresponds to the annual growth layering and demonstrated that speleothem growth 




This section has demonstrated the sources of trace elements found in speleothem 
calcite and the complex chemical interactions between the source, transport and 
preservation in the speleothem crystal lattice. Speleothem trace element composition 
can be modified by processes operating in the atmosphere, the soil and upper 
epikarst, the lower epikarst and cave and during CaCO3 precipitation (Fairchild et al., 
2006a). In order to fully understand the mechanisms forcing changes observed in 
speleothem trace element records, they must be used in conjunction with stable 
isotope records and in-depth hydrological monitoring (Fairchild et al., 2000; Fairchild 
and Treble, 2009; Fairchild and Baker, 2012). When used in this way, trace elements 






















3. Site description and methodology 
3.1 Location and regional geology 
The site of Cueva de las Perlas (43°19’02.0”N, 003°35’33.3”W, 336m a.s.l.) is situated 
in the village of Matienzo located in the north of the Iberian Peninsula, ~45km 
southeast of Santander (figure 3.1). Cueva de las Perlas lies within a 28km2 enclosed 
karstic depression within the Cantabrian Cordillera which is the western most 
extension of the Pyrenees mountain range (Waltham, 1981, Quin, 2010).  
The depression has a characteristic Y-shape, which is made up of three distinctive 
‘arms’:  La Secada to the north, La Vega to the west and Ozana to the south east (figure 
3.2) (Quin, 2010). Orogenic pressure from the formation of the Pyrenees led to 
anticline/syncline development in the early to mid-Tertiary period (Quin, 2010; Ruiz 
Cobo N.D). The Matienzo depression developed through preferential erosion of the 
anticline running E-W between La Vega and Ozana.  
The primary geology of the area is Early Cretaceous sedimentary strata (Mills and 
Waltham, 1981; Quin, 2010). The valley floor is composed of impermeable Barremian 
(Early Cretaceous) sandstones and marls. Overlying these beds are Aptian limestones 
(Early Cretaceous) which are thinly bedded with sandstone lenses. Massive beds of 
Albian (Early Cretaceous) limestone lie above the Aptian limestones. The youngest 
beds represent the thinly bedded Albian limestones. Recently a stratabound 
hydrothermal dolomite (HTD) within the Aptian carbonates in the Matienzo valley was 
identified (Dewit et al., 2014) and the positioning of the HTD body covers the site of 
Cueva de las Perlas. Therefore, it is proposed that Cueva de las Perlas lies within a 
coarsely crystalline dolomite bedrock with calcite inter-grown. 
A key feature of the Matienzo depression is the extensive network of cave systems, 
with 386.6km of mapped passages as of Mar-18 (Corrin, 2018). Waltham (1981) 
proposed a minimum age for cave development of 1.8Ma. These caves are formed 
through karstic dissolution which exploits weaknesses in the limestone. The principle 
behind this process is that calcium carbonate, the primary component of limestone, 
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can be dissolved by weak acids and this process is expressed by equation 3.1 (Quin, 
2010). 
CaCO3 +CO2 + H2O  Ca2+ + 2HCO3-      Eq. 3.1 
Cave altitudes within the Matienzo depression represent progressive lowering of the 
valley floor. Subsequently, the oldest cave systems are located at the highest altitudes 
with modern active cave formation occurring on the valley floor.   
Figure 3.1: Matienzo maps. ArcGIS software by Esri was used to create the maps. 





 Figure 3.2: Map of the Matienzo valley. ArcGIS software by Esri was used to create the 
map. Copyright © Esri. 
3.2 Modern environment 
The Matienzo depression has an oceanic climate (Corrin, 2004; Ruiz Cobo N.D.) which 
leads to a mean annual rainfall >1500mm occurring throughout the year. The climate 
of Matienzo can be described as temperate to warm (Corrin, 2004). Due to the 
positioning of the Matienzo depression in Northern Iberia, the climate is directly 
influenced by the North Atlantic which makes this region unique compared to 
southern Spain which has the additional Mediterranean climate influence (Smith et 
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al., 2016a). The marginal location of this region to key oceanic circulation regimes 
heightens its sensitivity to oscillatory climatic behaviour throughout the Quaternary. 
The North Atlantic Oscillation is the primary control over the modern-day climate of 
the Iberian Peninsula (Trigo et al., 2004; Naughton et al., 2009). Under negative NAO 
conditions, a weak Azores high and/or Icelandic Low (Hurrell, 1995) leads to a 
reduction in the strength of westerly winds from the eastern North Atlantic. As a 
result, during negative NAO conditions, Iberia experiences increased winter 
precipitation and river flow (Trigo et al., 2004; Naughton et al., 2009). Positive NAO 
conditions are the result of an enhanced pressure gradient between the Azores high 
and Icelandic low (Hurrell, 1995). Under positive NAO conditions, the westerlies are 
strengthened and shift northwards resulting in arid conditions across the Iberian 
Peninsula (Trigo et al., 2004). Therefore, the positioning of Matienzo in the northern 
Iberian Peninsula makes the region particularly sensitive to changes in air mass 
movements over long timescales.  
Rocky limestone outcrops are abundant on the hillslopes within which Cueva de las 
Perlas is situated and are shown in figure 3.3. Soils on these slopes are poorly 
developed and thin (15-100cm). Consequently, the vegetation overlying the cave 
consists of shrubs such as heaths (Erica arborea, Daboecia cantabrica, Erica vagans), 
brambles (Rubus ulmiformis) and heather (Calluna vulgaris, Ulex europaeus) (Ruiz 
Cobo, N.D.). Land use on the valley sides is low intensity with occasional animal 
grazing. In contrast, the valley base is rich in flora and fauna and is used by the local 




















3.3 Cave description 
3.3.1 Cave environment  
Cueva de las Perlas is a horizontal cave site with two entrances. The eastern entrance 
is relatively large but narrows into a crawl before joining the main chamber. In 
contrast, the western entrance involves a 2m drop onto a sloping floor which opens 
into the main chamber. For this study, the western entrance was used as the primary 
entrance. A 14.95m passage along a bearing of 295° links the entrance to the ‘cave 
monitoring chamber’ and it was in this chamber where the majority of monitoring for 
this study was undertaken. A survey of the cave is shown in figure 3.4 and the locations 
of different cave monitoring sampling sites are marked on the survey. The monitoring 
chamber is 10.9m across and primarily three drip sites were monitored at 4.75m (P1), 
6.8m (P2) and 7.5m (P3) from the western chamber wall.  The cave extends a further 
12.3m where it narrows and ends in a boulder choke. Rock overburden was estimated 
through basic trigonometry to be 4.01m based upon an angle of slope of 15° and a 
measured distance into the cave of 14.95m.  At the back of the cave the overburden 
is calculated to 7.3m based upon same angle of slope but a distance of 27.25m 
The cave is highly decorated with abundant straws, columns and stalagmites. Images 
from the inside of Cueva de las Perlas are shown in figure 3.5. The cave is home to 
many cave pearls which is where the name Cueva de las Perlas originates. In the 
western section of the cave behind the monitoring chamber there is evidence for a 
sediment collapse and this has left the stalagmites at different angles. It was from this 






















Figure 3.4: Cave survey (plan view) showing the primary logging sites. The survey has been redrawn based upon Smith (1998) and is drawn 













Figure 3.5: Photos from Cueva de las Perlas. The site from which PER0 was taken (A), 
the drip water collection set-up (B), the cave entrance (C) and the collapsed flowstone 
section (D). Photos included with the kind permission of J. Houska. 
3.3.2 Identifying speleothem material in Cueva de las Perlas 
In order to identify appropriate material for the present study, a number of basal cores 
were drilled from speleothems in 2015. The ages were placed onto the cave survey 
shown in figure 3.6. The cores collected from the monitoring chamber were primarily 
Holocene with the exception of a MIS5e speleothem and a MIS5a/MIS4 speleothem 
located towards the collapsed section at the rear of the monitoring chamber.  
Samples for palaeoclimate reconstruction were taken from the collapsed section as 
there were no actively dripping stalagmites in this area, the candle-shaped stalagmites 
each possessed a thick outer coating and were not translucent (a sign of active 
deposition) and finally the stalagmites were found to be at a series of different angles 
representing varying periods of sediment and flowstone collapse. An initial stalagmite 
(PER0) was taken from the collapsed section and was found to have a basal age of 
~85ka and cessation of growth at ~65ka. This allowed an approximate date of 
flowstone collapse and relative dating of other speleothem samples according to the 
angle of repose on the flowstone slab. A cluster of candle-shaped speleothems, also 
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from the collapsed section, was found and each of the speleothems appeared to be 
resting at a series of different angles as a result of gradual tilting of the flowstone slab 
since 65ka. Thereby covering the period of interest for this study.  PER0 visually had 
the highest angle of tilt and therefore the cluster of speleothems shown in figure 3.7 
were assumed to represent phased growth from <65ka based on the varying angles of 
tilt.  
 
Figure 3.6: Schematic illustrating the basal drilling results from 2015.  The MIS5a/MIS4 













3.4 Speleothem samples for palaeoclimate reconstruction  
3.4.1 PER0 
PER0 (figure 3.8) was collected from the sediment/flowstone collapse section towards 
the rear of the monitoring chamber. The sample is 390mm in length and consists of white 
columnar calcite. Clear growth bands can be seen within the sample. The sample was 
covered in a 1-5mm thick ‘skin’ and was not actively dripping at the time of collection.  
 
Figure 3.8: PER0 sample from Cueva de las Perlas. 
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3.4.2 PER10.3 and PER10.4  
Samples PER10.3 and PER10.4 were taken from the cluster of speleothems shown in 
figure 3.7 on the western collapse section behind the PER0 sample site. PER10.3 is 
203.1mm in length and PER10.4 is 236.8mm in length. Both speleothems consist of white 
columnar calcite and show distinct growth bands (figure 3.9). Hiatuses are indicated in 
both speleothems by a colour change from white calcite to brown layer. Neither of the 
samples were actively dripping at time of collection and, similar to PER0, each possessed 
an outer ‘skin’ consisting of a darker coloured calcite.  








3.5 Climate and cave monitoring 
3.5.1 Overview  
External climate and environmental monitoring and cave monitoring for this project 
began in Feb-15 and built on the work of Smith (2014). Monitoring of the external 
climate, soil and cave was undertaken in order to gain an understanding into the cave 
dynamics and investigate the processes within the air, soil, karst and cave which may 
influence speleothem chemistry. Field visits were made to Matienzo and in addition to 
these visits, monthly visits were made by members of the Matienzo Caving Community. 
The following section will describe the techniques and equipment used in the monitoring 
programme.  
 
3.5.2 External climate monitoring  
External temperature has been measured on the same hillslope as (500m from) Cueva 
de las Perlas at N 43º19’00.1” W 003º35’40.1 at 293m (a.s.l.) in the same location 
detailed in Smith et al. (2016a). Temperature has been continuously logged by a Tinytag 
Plus 2 Dual Channel Temperature/Relative Humidity TGP-4500 logger since Apr-10. 
Measurements were logged at 30-minute intervals and are accurate to within ±0.01°C. 
External air pressure has been measured using a baro-diver at 10-minute intervals since 
Apr-15 in the same location as the external temperature logging. The baro-diver has a 
quoted accuracy of ±0.5cmH2O. 
Rainfall amount was measured using a Pluvimate logger situated in a rain gauge in the 
village of Matienzo located approximately 1km from Cueva de las Perlas from Feb-11 
(43°19’00.1”N, 003°35’23.4”W). The logging interval was set to 10 minutes and 
sensitivity is 0.006mm per hour. In addition, monthly samples were monitored for rainfall 
volume and subsampled by a member of the Matienzo Caving Community for chemical 
analysis. Samples were later analysed for stable isotopes (oxygen and hydrogen), cations 
and anions in the laboratories at Lancaster University using the methods described in 
section 3.6.  
Carbon dioxide measurements of the external air were taken during fieldwork visits by 
the PI using a hand-held Vaisala GMP221 probe attached to an MI70 indicator. The unit 
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measurement range is 0-10,000ppm and has a measurement uncertainty of 2% and an 
observed working uncertainty of 10% (Smith et al., 2015). Monthly samples for carbon 
isotope analysis were taken from the external air by injecting 20ml of air into a 12ml 
evacuated exetainer.  
 
3.5.3 Soil monitoring 
A soil sampling device was placed in the same hillslope as Cueva de las Perlas in Jan-12 
(described in Smith, 2014 and Smith et al. 2016a). The device was positioned at a soil 
depth of 50cm which marked the transition between the soil and karst zones (figure 
3.10). The soil sampling tube was a distinctive L-shape and a series of holes were drilled 
into the base in order to allow for air exchange. A silicone tubing was placed into the 
piping and taped to the top of the horizontal pipe section (figure 3.10B). This tubing was 
used to extract soil gas samples. Soil gas samples were taken using a 20ml syringe and 
inserted into a 12ml evacuated exetainer. Analysis of soil CO2 was undertaken by 
inserting the hand-held Vaisala (described in section 3.5.2) into the soil tube. The location 
of the soil sampler was not moved closer to Cueva de las Perlas due to thinner soils (15-
30cm). The homogeneous nature of the vegetation and soil cover on the hillslope is 
thought to reduce any potential spatial variations in soil productivity. Soil temperature 
has been logged continuously by a Tinytag Plus 2 Dual Channel Temperature/Relative 

















Figure 3.10: Soil sampling device. A: Image of soil sampling device above ground. B: 
Schematic of the soil sampling device.  
 
3.5.4 Internal cave monitoring 
3.5.4.1 Cave air 
Temperature has been continuously logged at 30-minute intervals by a Tinytag Plus 2 
Dual Channel Temperature/Relative Humidity TGP-4500 logger. Cave temperatures have 
been logged since Apr-10 with additional loggers placed within Cueva de las Perlas in 
Feb-15 (see figure 3.4 for locations).  
Carbon dioxide has been measured within the cave since Feb-15 using a Vaisala GMP221 
probe attached to an MI70 indicator (section 3.5.2). Continuous logging has been 
undertaken at hourly intervals with spot measurements taken during visits by the PI. Two 
Vaisala indicators were used and these were switched monthly. An alternative method 
was trialled to log CO2 concentrations within Cueva de las Perlas using a Tinytag TGE-
011-SPK CO2 logger attached to a 12v battery via a transformer (J. Gunn, Pers. Comm, 
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2016). The Tinytag CO2 logger has an accuracy of <± (50ppm +3% of the measured value). 
However, due to technical complications, the data from the Tinytag was not comparable 
to that of the Vaisala and has therefore been excluded from the analysis herein.  
Cave air samples of 20ml were injected into evacuated 12ml exetainers on a monthly 
basis and during visits by the PI. Samples were then later analysed for carbon isotope 
composition at the Life Sciences Mass Spectrometry Facility within CEH Lancaster 
through IRMS (section 3.6).  
3.5.4.2 Cave water 
Cave water collection set-up 
Water was collected from four different water types within the cave: pools, bulk water 
collections, instantaneous drips and ephemeral drips (figure 3.4 shows the locations).  
Samples from the pool waters were only collected on visits from four pool locations 
within the cave. Ephemeral drips represent samples of water collected over a maximum 
24-hour period during visits by the PI. These drips have an ephemeral nature and 
therefore collection was only possible when the sites were actively dripping.  Three drip 
sites (P1, P2 and P3) in the monitoring chamber were used to investigate drip rates and 
water chemistry. Bulk collectors were set up on these stalagmites by attaching a funnel 
and tubing to the top of the stalagmite. A jerry can was connected to the tubing and 
acted as the bulk water collection vessel. Samples for chemical analyses and spot 
measurements of temperature, electrical conductivity and pH were taken from these 
bulk waters on a monthly basis by a member of the Matienzo caving community. During 
visits by the PI or by the Matienzo Caving Community, bottles were placed within the 
funnels underneath the three drip sites. These water samples were collected within 24-
hr and therefore represent ‘instantaneous’ collections. 
Speleothem drip rates 
Speleothem drip rates were measured using three Stalagmate acoustic drip loggers 
(Mattey and Collister, 2008) which were set to log at 10-minute intervals. Loggers were 
placed on three selected stalagmites (P1, P2 and P3, figure 3.4) in the monitoring 
chamber in an effort to understand contemporary hydrological routing through the karst 
in response to external climatic parameters. Initial logging began in Mar-14 with further 
 79 
 
loggers placed in the cave in Feb-15. Stalagmate factory settings record 0.15ml drops at 
a maximum drip rate of 5 drops per second. 
Drip water electrical conductivity 
Drip water electrical conductivity, pressure and temperature measurements were logged 
continuously at 10-minute intervals between Jun-15 to Sep-17 using a CTD diver 
positioned at the P2 drip site. Measurements for electrical conductivity were recorded 
as specific conductance at 25⁰C with an accuracy of ±1% of the reading. The CTD diver 
pressure measurements are accurate to ±0.5cmH2O and temperature to ±0.1°C.  The CTD 
diver was set-up using the housing system described in Smith et al. (2015) and shown in 
figure 3.11. The probe relies on a drip-in drip-out syphon system to ensure continuous 
water movement within the housing. Calibrations were undertaken before and after 
deployment to ensure any drift in analytical readings could be accounted for.  
 
Figure 3.11: Diver set-up image and schematic diagram.  
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Monthly water measurements 
Samples were taken from the bulk water vessels by a member of the Matienzo Caving 
Community each month between Feb-15 to Sep-18. Temperature, pH and electrical 
conductivity were measured monthly from the bulk water using a Hanna probe HI 98129. 
The probe is accurate to 0.1°C, 0.05 pH and ±80μS/cm for electrical conductivity. During 
visits by the PI bulk waters, instantaneous waters (collected over maximum period of 
24hours), pool waters and ephemeral waters were measured for electrical conductivity, 
pH and temperature using a WTW multi 340i. A Tetracon 325 probe was used to measure 
electrical conductivity and a Sentix 41 probe to measure pH. The probes have an accuracy 
of 0.5°C, 0.1μS/cm and 0.01 for pH. In addition, where possible, water sample alkalinity 
was measured during fieldwork using a Hach alkalinity test kit with an accuracy of 
0.1mg/l.  
Water sampling 
Bulk and instantaneous drip waters were sampled monthly whilst pool waters and 
ephemeral drips were only sampled during fieldwork visits when there was sufficient 
water available. Samples for isotopic analysis were placed in 2ml glass vials with a plastic 
septa screw cap. Samples for cations and anions were placed in 60ml Nalgene bottles. 
Collection vessels were filled to prevent isotopic exchange between water and any air 
within the bottle. For DIC sampling 175µl of orthophosphoric acid was added to 12ml 
exetainers and each one was evacuated to remove atmospheric gases following the 
methodology of Waldron et al.  (2007) and Webb et al.  (2016). Water samples were 
injected into the exetainer using a syringe and the reaction between the sample water 
and phosphoric acid liberated DIC as CO2 gas into the exetainer headspace for later 
isotopic analysis. Sample volumes were typically 4ml which were sufficient to produce a 
CO2 volume for accurate isotopic analysis by IRMS (section 3.6.3.4).  
Calcite plates 
Since 2010, modern calcite has been collected by placing glass plates underneath actively 
dripping stalactites (figure 3.12). Some calcite plates were left to precipitate calcite for 
over a year, whilst others, in particular those from the 2016-2017 season, were 
monitored and used to understand seasonal calcite precipitation (further detail in 
section 5.5).  The curved surface of the plates reflects the curvature of the stalagmites 
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and avoids water-pooling on the plate surface.   Plates were delicately removed and left 
to dry within the cave for a few hours.  Calcite was sampled from the plates and used for 
stable isotope analyses described in section 3.6.4.2.  
 













3.6 Laboratory work 
Modern samples collected from Matienzo were transported to Lancaster University for 
chemical analysis.  The following section describes the laboratory methodologies for the 
analyses undertaken on the air samples (carbon isotope analysis), soil samples (carbon 
isotope analysis), cave and rain water samples (cations, anions and stable isotope 
analyses). Analyses of modern carbonate was undertaken at Lancaster University. 
Speleothem U-series dating, and stable isotope analyses were undertaken at the NERC 
Isotope Geosciences Laboratory (NIGL) and trace element analysis at Royal Holloway 
Earth Sciences LA-ICP-MS laboratory, these methods are also described below.  
 
3.6.1 Air 
3.6.1.1 Determination of the carbon isotope composition of air 
Carbon isotope analyses of external, soil and cave air were undertaken at the NERC Life 
Sciences Mass Spectrometry Facility, CEH Lancaster. δ13C values of CO2 were measured 
using an Isoprime Tracegas Preconcentrator coupled to an Isoprime Isotope ratio mass 
spectrometer. Between 100 to 600μl of headspace air was introduced into the injection 
port of the Preconcentrator whereupon water was removed using a drying agent 
(magnesium perchlorate) and CO2 was cryogenically focussed before entering into the 
IRMS via an open split. The isotope ratio of the CO2 is compared to known reference gas 
pulses. Prior to each analytical batch, the instrument was calibrated, and blanks were 
run. A duplicate after every fourth sample was run during each analysis. Precision was 
equal to or better than ±0.1‰. During each run, quality control NIST reference standards 
of known isotopic composition (RM8562 Palaeomarine origin and RM8564 Modern 
biomass origin) were used within the calibration. All δ13C values are expressed relative 
to the international standard Pee Dee Belemnite.  
 
3.6.2 Soil 
3.6.2.1 Determination of the organic carbon isotope composition of soil 
Soil samples from above the cave site were collected for carbon isotope analysis of the 
organic component. Prior to δ13C analysis, soil samples were dried and then washed with 
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10% HCl to remove any inorganic carbonate. The solution was left overnight and washed 
with deionised water multiple times until the sample was neutralised. During this stage 
the soils were split into two batches, one batch was centrifuged, and one batch was 
filtered. Samples were then dried and stored prior to analysis.  Soil samples were 
analysed on an Elementar Vario Micro Cube Elemental Analyser linked to a VisION mass 
spectrometer at Lancaster University. 3.3mg of soil was weighed out into tin boats and 
these were placed in the autosampler. Sample analysis was undertaken using a catalytic 
combustion temperature of 950°C. The samples fall into the furnace and O2 is added on 
top to combust the sample, the liberated CO2 was then analysed for carbon isotope 
composition, known standards were run alongside the unknown samples and these were 
cornflour (-11.26‰), and a high C standard (-26.27‰). The cornflour standard was an in-
house standard traceable to IAEA CH6. The high C standard was from Elemental 
Microanalysis and is traceable to IAEA CH6.  Internal precision based on calibration and 
reference materials was better than 0.11‰. Sample replicates were also run to ensure 
sample precision.  
 
3.6.3 Cave and rain water 
3.6.3.1 Cations  
Cation analysis was undertaken using inductively coupled plasma optical emission 
spectrometry (ICP-OES). Prior to analysis, samples were acidified to 0.1M using an ultra-
pure (Primar grade) HNO3. Cations (Ca, Mg, K, Na and Sr) were measured using a Thermo 
Scientific iCAP 600 series at Lancaster University. Standard solutions were made using 
1000ppm elemental standards which were diluted to the predicted cave water 
concentration range shown in table 3.1. Standards were used to create a five-point 
calibration curve from which the trace element concentrations in the unknown samples 
were derived (table 3.1). During each run a check standard made to 1000ppb for all 
elements was run every 10 samples to ensure machine stability. Limits of detection (LOD) 
were calculated by using three times the standard deviation of the blanks run alongside 




Table 3.1: Cation standard information. Calibration standard ranges and limits of 
detection for each of the elements analysed using ICP-OES.  
Element Calibration standard 
range (ppb) 
LOD (ppb) 
Ca 0 - 80000 88 
K 0 - 25000 90 
Mg 0 - 25000 30 
Na 0 - 25000 214 
Si 0 - 1000 9 
Sr 0 - 1000 1 
 
3.6.3.2 Anions 
Water samples were analysed for sulphate (SO42-), chloride (Cl) and nitrate (NO3) using 
Dionex Ion Chromatography at Lancaster University. The samples were run alongside 
two Spex Certiprep water standards, one undiluted (WR1) and one diluted by two times 
the original Spex Certiprep standard (WR2). Chromeleon software was used for data 
processing. Standard deviations and LODs are shown in table 3.2.  
Table 3.2: Anion standard information. Standard deviation for reference materials and 
limits of detection based on blanks for different elements during anion analysis calculated 
from blank samples run throughout each analysis.  
Analyte Stdev LOD (ppb) 
Cl 0.43 117 
SO4 0.41 287 
NO3 0.5 14 
 
3.6.3.3 Oxygen and deuterium isotope analyses 
Samples collected prior to Oct-16 were analysed for δ18O using an equilibration method 
using an IsoPrime100 mass spectrometer attached to an IsoPrime Multiflow inlet. 
Samples of 200μl were heated to 40°C and left to equilibrate with an equilibration CO2 
gas. The gas in the headspace was then analysed for 18O/16O ratios and results were 
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calibrated to VSMOW using laboratory standards of -15‰ (LEC LIGHT) and -1.5‰ (LEC 
HEAVY). In order to check for drift within an analysis run, a separate internal standard 
(TAP) was run before, within and after the run and if necessary, drift corrections were 
applied. Precisions for this method are shown in table 3.3.  From Oct-16 oxygen isotopes 
in waters were analysed by direct EA injection via a liquid autosampler (see method 
below).  
Table 3.3: Standard deviations for different standards used in the equilibration method.  






Number of runs 
LEC Light -15 0.21 0.14 11 
LEC Heavy -1.5 0.21 0.11 11 
TAP  -6.22 0.45 0.31 11 
 
Samples for deuterium and oxygen isotope analyses (from Oct-16) were analysed in the 
Lancaster stable isotope facility using an Elementar Pyrocube elemental analyser 
coupled with an Isoprime 100 mass spectrometer, following the method of Wynn et al.  
(2015). For the deuterium analyses, 0.3μl of sample was injected and passed over a 
chromium metal catalyst at a combustion temperature of 1080°C. For oxygen isotope 
analyses, 0.4μl of sample was injected and passed over glassy carbon chips at a 
combustion temperature of 1450°C. Both oxygen and deuterium isotope values are 
reported relative to VSMOW based upon calibration to external standards. Standard 
values and precisions are shown in table 3.4. 
To measure for machine drift within a run, an internal standard was used and if required 
a drift correction was applied to the unknown samples. Unknown sample waters were 






Table 3.4: Standard values and precisions for oxygen and deuterium stable isotope 
analyses. The total number of runs for oxygen analyses was ten and the total number of 
runs for deuterium analyses was 15. The fourth column shows the number of runs where 









Light (O) -33.57 0.28 0.16 10 
Med (O) -12.34 0.34 0.18 7 
Heavy (O) -0.41 0.28 0.21 7 
LEC TAP (O) -6.22 0.43 0.27 10 
VSMOW2 (O) 0 0.10 0.09 3 
Zero water (H) 11.26 0.80 0.35 11 
GISP (H) -189.5 0.33 0.33 1 
Low water (H) -269.07 0.73 0.42 12 
LEC TAP (H) -40.28 0.67 1.29 15 
VSMOW2 (H) 0 0.35 0.20 2 
 
3.6.3.4 Determination of the carbon isotope composition of cave water 
Analysis of carbon isotope composition from the gas evolved from the reaction between 
4ml of cave water and 175µl of orthophosphoric acid was undertaken in the Lancaster 
University stable isotope facility. Carbon isotope values were measured using a multiflow 
prep line interfaced to an Isoprime 100 isotope ratio mass spectrometer in continuous 
flow mode.  The CO2 was analysed against international standards LSVEC (-46.6‰), NBS-
18 (-5.01‰) and CO-1 (2.49‰). Samples were standardised based on calibration to 
international reference materials and results are given relative to VPDB. Standard 




3.6.4.1 Uranium-series dating 
Carbonate samples for uranium-series dating were drilled across calcite growth layers 
using a hand drill with a diamond encrusted drill bit. This method of drilling aimed to 
produce between 100-200mg of carbonate per sample.  
Chemistry 
Chemical preparation of samples for uranium-series dating was undertaken at NIGL 
(BGS) and followed the protocol summarised in the supplementary material of Prouty et 
al. (2016) and Smith (2014). Carbonate powders (~100-150mg) were weighed out and 
dissolved in 8M HNO3. After dissolution, samples were centrifuged in order to separate 
the dissolved carbonate from the insoluble detrital silicate fraction. The silicate fraction 
was dissolved in a solution of 11M HClO4: 29M HF: 16M HNO3 (1:2:8) using 50μl of HF 
per estimated mg of material, evaporated to dryness, re-dissolved in 8 M HNO3, and 
added back to the respective carbonate fractions. To reduce the risk of sample 
contamination during the chemical preparation procedure, all evaporation steps took 
place in a closed Evapoclean device.  Samples were spiked with a 229Th-236U tracer and 
left to equilibrate overnight and evaporated to dryness. Samples underwent two 
overnight oxidation steps in 2 ml 16M HNO3 and ~ 0.2 ml 30% H2O2 (hydrogen peroxide), 
each followed by evaporation to dryness. Following this, samples were dissolved in 8 ml 
1M HCl, and a high-purity iron chloride solution was added. Fe, U and Th were co-
precipitated through the addition of ammonia. Samples were then centrifuged and 
washed in Milli-Q water three times to isolate the precipitate and remove any potential 
contaminants from the sample matrix.  
After re-dissolution in 8M HNO3, samples were placed on 0.6ml ion exchange columns 
containing Eichrom anion exchange resin (AG-1 x8). The columns were washed with 
additional 8M HNO3 to remove residual matrix elements and iron, after which Th and U 
were eluted in 8M HCl and 0.2M HCl respectively. Th fractions were dried down, 
dissolved in 8M HNO3, passed through the ion exchange columns a second time to ensure 
complete removal of iron, and filtered through a 0.22 μm PTFE membrane to remove 
any resin particles. The U and Th fractions were dried and oxidised twice using 2ml 16M 
HNO3 and 0.2ml 30% H2O2 to remove any residual organic impurities and were finally 
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dissolved in 1ml 0.1M HCl and 0.035M HF. All samples were filtered through syringe 
filters with a 0.22 μm PTFE membrane prior to mass spectrometry in order to remove 
any particulate matter from the solution, which may have been derived from the sample 
preparation process. 
Analysis 
Isotope ratio measurements were made using a Thermo Neptune Plus multi-collector 
ICP-MS at NIGL, BGS. Samples were introduced into the system through a Cetac Aridus II 
desolvating nebulizer. Measurements for U and Th were undertaken separately with U 
measurements made using normal Ni-sample and X-skimmer cones and Th 
measurements made using JET-sample and X-skimmer cones. 234U and 230Th were 
measured on an axial secondary electron multiplier whereas Faraday cups with 1011 Ω 
resistors were used to measure the other isotopes (233U, 235U, 236U, 238U, 229Th and 232Th) 
(Prouty et al., 2016). 
Hydride formation and down mass tailing were monitored at the beginning of each 
analytical session based on measurements at mass 237 and 239 using CRM 112a certified 
reference solution, and the resulting corrections were applied to all sample and standard 
data during off-line data processing. The contribution of U and Th from the sample 
introduction system was corrected for by using 234U-235U-236U-238U or 229Th-230Th-232Th 
axial SEM measurements on clean acid with the same composition of that added to the 
samples. Background 234U-235U-236U-238U or 229Th-230Th-232Th were measured prior to 
each sample and standard and were subtracted during off-line data processing. A 
sample-standard bracketing approach was used to account for SEM/Faraday gain and 
exponential mass fractionation. U fractions were measured in groups of five bracketed 
by a pair of measurements on CRM 112a solution, the 234U/235U ratio of which was used 
to derive SEM/Faraday gain, and CRM 112a with added IRMM 3636 reference material, 
the 233U/236U ratio of which was used to monitor mass fractionation. Th fractions were 
measured in groups of 10, bracketed by clusters of five measurements of an in-house Th 
reference solution which was calibrated against CRM 112a for Th (Smith, 2014; Prouty et 
al., 2016) to derive correction factors which encompass both mass fractionation and, 
where appropriate, SEM/Faraday gain for 230Th/229Th, 232Th/229Th and 230Th/232Th ratios. 
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Data reduction  
In-house Excel spreadsheets were used to process raw data generated from mass 
spectrometry.  Corrections for hydride formation, down-mass tailing and blank 
corrections (on-peak zeroes) were applied to raw ion beam intensities from the samples. 
These ion beam intensities were then used to calculate isotope ratios which were then 
corrected for SEM/Faraday gain and mass fractionation. These ratios were then used to 
calculate mean and standard errors for the following isotope ratios: 236U/235U; 234U/235U; 
229Th/230Th and 230Th/232Th. U and Th blanks were monitored for each sample batch and 
were on the order of 20 pg for 238U, 2.5 pg for 232Th and 1.5 fg for 230Th. Blanks were 
negligible compared to the U-Th concentrations of the samples for all isotopes except 
230Th, of which the samples contained on average 50 fg. To address this, a blank 
correction was applied to all samples, based on subtracting the measured average 230Th 
intensity of a set of unspiked Th blanks from the 230Th signal of the samples. 
U and Th concentration (ppm), U and Th activity ratios, 230Th/234U ages and uncertainties 
were calculated using and in-house Matlab Excel add-in. A correction for initial detrital 
230Th was applied to all samples assuming a detritus isotope composition of (232Th/238U) 
= 1.2, (230Th/238U) = 1 and (234U/238U) = 1, with ± 50% 2σ uncertainties on each activity 
ratio. An additional uncertainty component of 0.1 % for U isotope ratios and 0.2 % for Th 
isotope ratios was propagated on all activity ratios and ages to account for external 
reproducibility.  
3.6.4.2 Determination of the oxygen and carbon isotope compositions of carbonate 
Samples for low-resolution isotope analysis were drilled across calcite growth layers in 
speleothems using a hand drill whilst samples for high-resolution isotope analysis were 
drilled using an automated micromill at the NERC stable isotope facility at the British 
Geological Survey (NIGL). Drill bits used for sampling speleothem carbonate were 
diamond encrusted and generated 50-100μg of carbonate powder per sample. 
Speleothem carbonate powders were run for isotopic analyses (oxygen and carbon) 
using an IsoPrime dual inlet mass spectrometer plus Multiprep device. Samples are 
placed into glass vials and sealed with septa. The automated system evacuates the vials 
and delivers anhydrous phosphoric acid to the carbonate at 90°C. The evolved CO2 is 
cryogenically cleaned and then moves into the mass spectrometer. Isotope values (δ18O 
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and δ13C) are reported as per mille (‰) deviations of the isotopic ratios (18O/16O and 
13C/12C). Values are calculated to the VPDB scale using a within-run laboratory standard 
calibrated against NBS-19. A Craig correction (Craig, 1957) was also applied to account 
for 17O. Analytical reproducibility of the standard calcite (KCM) is <0.1‰ for both δ18O 
and δ13C. Samples were run alongside laboratory standard (KCM) with a standard 
deviation better than 0.06‰ and 0.05‰ for δ18O and δ13C values respectively. All values 
are reported relative to the VPDB international standard.  
Calcite plates were sampled by gently scraping 1cm by 1cm squares of calcite off the 
plate using a scalpel. Rock samples were drilled using a hand drill with a diamond 
encrusted drill bit. Calcite plate samples and rock samples were placed into 12ml 
exetainers and a small amount (5-6 drops) of 103% phosphoric acid was added.  Samples 
were left to react at 90°C for 1 hour. The CO2 exsolved from the reaction was then 
analysed at the Lancaster University stable isotope facility using a multiflow prep line 
interfaced to an Isoprime 100 isotope ratio mass spectrometer in continuous flow mode. 
Samples were analysed alongside external standards (LSVEC, NBS-18 and CO1) and 
internal standards (CaCO3) with a standard deviation better than 0.07‰ and 0.12‰ for 
carbon and oxygen isotope values respectively.  
3.6.4.3 Laser ablation ICP-MS  
Prior to analysis for trace elements the speleothem samples were cut into ~5cm by 
~2.5cm pieces. The LA-ICPMS facility in the Department of Earth Sciences at Royal 
Holloway allows for a flexible sample size, quick analysis time and high sensitivity. The 
set-up uses a custom-made 193nm excimer laser-ablation system which is coupled to an 
Agilent 7500ce/cs quadrupole ICPMS (Müller et al., 2009). Transects were pre-ablated 
using a scan speed of 2mm/minute, a 20Hz repetition rate and no delay. Laser data 
acquisition used a 10μm width by 140μm length rectangular rotating slit and samples 
were ablated using a scan speed of 12µm/second, a 15Hz repetition rate and a third and 
fourth delay time of 30 seconds. Twenty-five elements were analysed with the most 
useful being Mg25, Ca43, Sr88, and Ba138. Each sample was run alongside NIST610, 
NIST612, ATHO-G and MACS3 external standards. Calcium was used as the internal 
standard and sample concentrations (ppm) were calculated based upon a stoichiometric 
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Ca concentration in CaCO3 of 40% mol mol-1 (Jochum et al., 2011). The raw data was 
converted using equation 3.2. 
𝐶𝑥𝑠𝑎𝑚𝑝𝑙𝑒= 𝐶
𝑟
𝑠𝑎𝑚𝑝𝑙𝑒  x 
𝐶𝑥𝑠𝑡𝑑
𝐶𝑟𝑠𝑡𝑑
  x 
𝑖𝑥𝑠𝑎𝑚𝑝𝑙𝑒
𝑖𝑟𝑠𝑎𝑚𝑝𝑙𝑒
  x 
𝑖𝑟𝑠𝑡𝑑
𝑖𝑥𝑠𝑡𝑑
     Eq. 3.2 
In equation 3.2 Crsample is the concentration of the reference element (Ca) in the sample, 
this value was 400,000. Cxstd represents the isotopic correction in ppm due to the 
abundance of the isotope in the total standard, for the analysis herein NIST612 and 
MACS3 were employed as the standards. Crstd is the concentration of the reference 
element (Ca) in the external standard in ppm.  Ixsample is the intensity of the unknown 
element in the sample. Irsample is the intensity of the reference element in the sample, 
taken as an average. Irstd is the intensity of the reference element in the standard, taken 
as an average. Ixstd is the intensity of the unknown element in the standard. 
3.6.4.4 Trace element analysis of rock carbonates by ICP-OES 
Rock samples were taken from the cave roof, cave entrance and outside the cave. 
Around 4mg of rock powder per sample was drilled out using a como hand drill. The 
powder was acidified by adding 1ml of 1M HNO3 and left to react overnight. Samples 
were made up to 0.1M HNO3 by adding 10ml of deionised water and 7ml of the solution 
was pipetted into a sample tube for analysis by ICP-OES. Rock powders were analysed in 
solution for calcium (Ca), potassium (K), Magnesium (Mg), Sodium (Na) and Strontium 
(Sr) and standard deviations and limits of detection for the solutions are shown in table 
3.5. 
Table 3.5: Standard deviations and limits of detection for ICP-OES analysis of rock 




Ca 8 25 
K 15 44 
Mg 2 7 
Na 19 56 




Calcium concentrations measured in solution were converted to rock Ca concentrations 
(ppm) using a stochastic distribution of 400,000ppm (mg/kg) in calcite. The other rock 
trace elements were then calculated to this stochastic Ca concentration (Jochum et al., 
2011).  
3.6.5 Summary 
This section has provided a description of the laboratory methods used within this thesis. 




















Table 3.6. Summary of laboratory methods. 
Sample type Analysis Method Location 
Air δ13C Isoprime Tracegas 
Preconcentrator coupled to an 







Soil δ13C An Isoprime100 IRMS coupled 





Water Cations ICP-OES Lancaster 
Environment 
Centre 
Anions Dionex Ion Chromoatography Lancaster 
Environment 
Centre 
δ18O Prior to Oct-16: Isoprime100 
IRMS coupled with an Isoprime 
Multiflow inlet 
Post Oct-16: Isoprime100 IRMS 
coupled with a VARIO 





δD Isoprime100 IRMS coupled with 





δ13C Isoprime100 IRMS coupled with 














Isoprime dual inlet mass 















Isoprime100 IRMS coupled with 





Bedrock δ18O and 
δ13C 
 
Isoprime100 IRMS coupled with 














4. Cave monitoring: Cave air characteristics  
4.1 Introduction 
Cave monitoring can significantly improve understanding of the cave environment and 
ensure palaeoclimate records are accurately interpreted. Monitoring studies of cave air 
temperature (section 2.4.3.5) and cave carbon dynamics (section 2.4.3.6) have identified 
cave ventilation patterns and their significant influence on speleothem growth (Spӧtl et 
al., 2005; James et al., 2015) and stable oxygen isotope composition (Johnson et al., 
2006).  This chapter will present data characterising the cave air composition and air flow 
dynamics, with a view to explore the influence this may have on speleothem calcite 
chemistry. Temperature records from the Matienzo region (external climate), the soil 
(soil climate) and Cueva de las Perlas (cave climate) will presented to determine the 
relationship between air density and ventilation dynamics within Cueva de las Perlas. 
Records of external and internal pressure will be presented as they have been shown to 
influence cave carbon dynamics (Smith et al., 2015). Data assessing the carbon dynamics 
from the atmospheric air, soil and Cueva de las Perlas will also be presented in this 
chapter in order to further investigate the patterns of ventilation and identify the driving 
processes. Although the behaviour of the cave in the contemporary situation is no 
guarantee of the behaviour of the cave in the past, it does in part aid understanding of 




4.2.1 External atmosphere 
External temperatures have been recorded close to Cueva de las Perlas (43°19’00.1”N  
003°35’40.1”W, 293m a.s.l) between Apr-10 to Jan-18. Data were recorded using a 
Tinytag (Apr-10 to Apr-16) and a baro-diver (Apr-15 to Jan-18). Data collected for this 
study have been used to extend the record of Smith (2014). Logging was paused between 
Mar-13 and Apr-14 within the Matienzo valley, representing the monitoring gap between 
research projects.   
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Seasonal cycles are evident within the external temperatures (figure 4.1). The hottest 
months are typically July, August and September (with average monthly temperatures 
exceeding 19.5°C) and the coldest months are typically December, January and February 



















Figure 4.1: External hourly and monthly average temperatures. The external loggers were placed on the same slope as Cueva de las Perlas 





Soil temperatures play a major role in determining productivity and microbial activity 
and therefore soil monitoring was undertaken in the shallow soils on the same slope as 
the entrance to Cueva de las Perlas.  
Soil temperatures vary seasonally year-round (figure 4.2). The hottest soil temperatures 
occur in summer (Jul-15 and Aug-17) characterised by temperatures in excess of 20.5°C. 
The coldest soil temperatures occur in winter (Dec-15, Jan-16 and Mar-17) and average 
monthly temperatures fall below 8.5°C. The gap between Apr-16 to Oct-16 was related 
to a logger malfunction. Variability within soil temperatures is reduced between Oct-16 
and Jan-18 when compared to Apr-15 to Apr-16. This is most likely a reflection of the 
logger being buried deeper in the soil profile in Oct-16. 
 
 
Figure 4.2: Hourly averaged soil temperature. The soil sampling device was placed on the 




4.2.2.2 Soil lag times  
The shallow depth of the soils should mean that the lag time between peak atmospheric 
temperature and peak soil temperature is relatively short. Hourly soil temperature data 
were compared to hourly external air temperature to calculate daily lag times between 
maximum external and maximum soil temperatures (table 4.1). A total of 514 days were 
analysed with an average lag time between external and soil temperature of 2.27 hours 
with 50% of analysed days (257 days) with a lag time of an hour or less.  
The record from 2017 is the most representative of the soil system. In Oct-16, the logger 
was reburied deeper which is reflected in the soil temperatures by reduced variability 
(figure 4.2). Additionally, the data collected in 2017 represent the longest undisturbed 
logging period between Oct-16 and Jan-18. This undisturbed period of logging allowed 
vegetation to develop within the soil and therefore is most likely to accurately portray 
the natural soil regime.   
Table 4.1: Lag times between maximum external temperatures and maximum soil 
temperatures. 
Year Average lag 
time (hours) 
Lag time for 50% 
of days (hours) 





2015 3.89 6 7 88 
2016 2.50 1 2 127 
2017 1.56 1 2 280 
2018 2.15 3 4 19 
All years 2.27 1 4 514 
 
4.2.3 Cave temperature 
Internal cave temperatures were recorded at three locations within the cave. These were 
positioned at the cave entrance (P1), in the monitoring chamber located 15m from the 
cave entrance (P3) and at 27.3m which marks the back of the cave (P2). Gaps within the 
dataset relate to delays downloading the logger or logger malfunctions. 
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4.2.3.1 Records of cave temperature 
Cave entrance 
The cave entrance temperature was collected between Apr-14 to Oct-16 (figure 4.3). In 
2016, a full 12 months of data were recorded and the annual temperature of 14.05°C lies 
close to the external annual average temperature of 14.27°C.  The coldest months occur 
during winter/early spring (Dec-14 = 6.73°C, Mar-16 = 3.14°C and Apr-17 = 1.24°C) whilst 
the warmest months occur late summer/early autumn (Oct-14 = 12.7°C, Aug-15 = 
14.05°C, Sep-16 = 12.29°C). The cave entrance record exhibits a significant range in 
hourly temperature of 5.97°C, 10.91°C and 11.05°C for 2014 (number of months (n) = 9), 
2015 (n = 12) and 2016 (n=9) respectively.  
Monitoring chamber 
Temperature within the monitoring chamber was recorded between Apr-10 and Jan-18 
(figure 4.3). Annual cave temperatures are presented in table 4.2. Data from years when 
a full dataset of internal and external temperatures is available (2015, 2016 and 2017) 
show internal cave temperatures lie close to annual external average temperatures of 
13.28°C, 13.38°C and 14.49°C for 2015, 2016 and 2017 respectively. Over the last three 
years annual cave temperature has increased. For example, between 2016 and 2017 the 
average temperature in the monitoring chamber rose by 0.81°C. However, this does not 
follow the external trend where temperatures exhibited minimal change between 2016 










Table 4.2: Annual average temperatures and standard deviations from the monitoring 
chamber and external environment. 












2010 13.62 1.05 17.28 5.31 9 
2011 12.99 0.93 15.10 6.09 3 





2014 13.62 1.21 15.95 6.04 10 
2015 13.28 1.22 14.13 7.04 12 
2016 13.68 1.27 14.26 6.36 12 
2017 14.49 1.58 14.27 6.46 12 
 
Annual temperature minima and maxima vary between years with minima occurring in 
winter/early Spring (Jan-Apr) and maxima occurring in late summer/early autumn (Sep-
Nov). Seasonal variations in temperature are recorded within the monitoring chamber 
and values for 2015, 2016 and 2017 were 3.80°C, 4.35°C and 4.72°C respectively. 
Cave back 
A logger was set recording hourly temperature at the back of the cave between Feb-15 
and Jan-18 (figure 4.3). Annual average temperatures at the cave back were 13.54°C, 
13.96°C and 14.5°C in 2015, 2016 and 2017. These temperatures lie close to the external 
annual averages with differences <0.3°C between external annual average and cave back 
annual average temperatures.  
Seasonal variability is apparent within the rear of the cave with variations of 2.25°C, 
2.84°C and 2.53°C for 2015, 2016 and 2017 respectively. Temperature minima occur in 




Figure 4.3: External and internal cave temperatures. 
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4.2.3.2 Cave temperature interpretation 
Temporal variability in cave temperature 
External and internal temperature dynamics drive ventilation according to air density 
differences. This subsequent seasonal ventilation of the cave is demonstrated through 
the cave temperature record which results in seasonal cave temperature cycles. Two 
modes of ventilation, summer and winter, are proposed to influence cave temperature 
and are displayed on figure 4.4.   
The summer (weak) ventilation mode begins in April when external average daily 
temperature rises above the cave temperature. During this mode there is a continuous 
steady rise in cave temperature as daily external temperature is consistently higher than 
cave temperature. Minimal temperature variation during the summer mode is evidenced 
by the smooth rise in temperature. The cave is poorly ventilated during this period with 
an increase in air drawn down from the karst.  
At the end of September, the steady rise in summer cave temperature stops and cave 
temperature stabilises and begins to fluctuate as a consequence of daily external 
temperature occasionally falling below cave internal temperature. During this period 
there is an offset between peak summer external temperature and peak summer cave 
temperature. The lag times vary but are typically >1 month. The delay may relate to the 
ongoing release of heat into the cave atmosphere from the surrounding bedrock, long 
after the external temperature has passed its peak. The manifestation of this release of 
latent bedrock heat is apparent in figure 4.4 expressed by the delay in peak cave 
temperatures relative to external air temperatures. Due to the large thermal inertia of 
rock, rock temperatures can control cave temperature. Heat is transferred from the 
atmosphere into the soil and then into the bedrock. The bedrock will then transmit the 
heat via conduction to the cave. Although the soil temperature signature will be 
transmitted to the cave, variability may be attenuated and there may be a phase lag 
related to depth (Fairchild and Baker, 2012).  
The transmission of heat will be lagged in relation to soil temperature and studies from 
soil boreholes have shown heat transfer can take days or even months to propagate 
through the soil (Smerdon et al., 2006; Fairchild and Baker, 2012). Lag times through rock 
are expected to be longer due to the reduced thermal diffusivity of rock relative to soil 
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(Fairchild and Baker, 2012). Monitoring undertaken at Eagle Cave identified a six-month 
offset between peak external and peak cave temperatures related to inter-annual 
variability transmitted through conduction. Bedrock overburden at Eagle Cave, central 
Spain, has been calculated as 20m and the phase lag has been estimated to represent a 
period of several years rather than half a year (Fairchild and Baker, 2012; Domínguez-
Villar et al., 2013). Due to the shallow nature of Cueva de las Perlas within the bedrock, 
it is proposed the phase lag between peak external and internal cave temperatures is 
related to prolonged transmission of heat through the karst bedrock via conduction.  
The winter (strong) ventilation mode is initiated when external temperature falls below 
cave internal temperatures. As a consequence, cold, dense external air flows into the 
cave which lowers the cave temperature. This phase is characterised by a decline in cave 
internal temperature and an enhanced diurnal variability. The temperature in Cueva de 
las Perlas is variable during the winter mode over short-timescales (daily/hourly) and this 
is related to external temperatures crossing the internal cave temperature threshold, 
thereby driving an influx of cold external air into the cave. The seasonal cycle in 
temperature driven by density-induced ventilation has also been identified at numerous 
other cave sites (Spötl et al., 2005; Šebela and Turk, 2011; Ravbar and Kosutnik, 2013; 
Smith et al., 2016a; Vieten et al., 2016) and will be explored further in section 4.5. 
Spatial variability in cave temperature 
The cave temperature records demonstrate spatial variability as expressed by 
differences in seasonal temperature oscillations. The logger situated towards the cave 
entrance records the highest degree of seasonal cave temperature variability and tracks 
changes in external temperature. The monitoring chamber records a reduced variability 
relative to the cave entrance, and temperature logging from the back of the cave shows 
the lowest variability. Therefore, the influence of seasonal ventilation cycles driven by 
density-differences between internal and external temperatures is attenuated with 
distance from the cave entrance. At Obir Cave, Austria, a similar pattern was identified, 
showing a lessened influence of the seasonal ventilation regime as cave depth increased 



















Figure 4.4: Seasonal ventilation phases in temperature. The internal hourly temperature record is from the monitoring chamber. Blue shaded 




4.3.1 External pressure 
Pressure was measured between Apr-15 and Jan-18 (figure 4.5). Annual external 
pressure averages were 1003cm H2O, 1001cm H2O and 1004cm H2O for 2015, 2016 and 
2017. For 2015 and 2017 pressure varies by 48cm H2O and 61cm H2O. In 2016, pressure 
values exhibit a higher range of 247cm H2O due to a large oscillation in June and July (see 
section 4.3.3 for a detailed description).  
 
 
Figure 4.5: External pressure. 
4.3.2 Internal pressure 
Cave pressure was measured between Apr-14 and Sep-17. Average annual cave 
pressures were 1010cm H2O, 1014cm H2O, 1010cm H2O and 1010cm H2O for 2014, 2015, 
2016 and 2017. Each year pressure exhibited a variability between 40-60cm H2O. Values 
are relatively high during the summer months. The winter months are characterised by 
relatively lower values with the lowest values recorded in October/November prior to 




Figure 4.6:  Cave pressure. 
4.3.3 Pressure comparison 
Internal and external hourly pressure are compared in figure 4.7 and appear to correlate 
throughout the majority of the monitoring period and values overlap within error. 
However, it is apparent that the internal and external loggers are significantly different 
between Jun-16 and Oct-16. Hourly internal and external pressure for the full dataset 
are plotted against each other (figure 4.7) and have an r2 value of 0.35 (figure 4.7 B). 
However, when the data between Jun-16 and Oct-16 is removed, the r2 value increases 
significantly to 0.92 (figure 4.7 C). Temperature data and field evidence indicate that 
during this period the hillslope was subject to fires. Therefore, external data between 























Figure 4.7: Comparison of internal and external pressure. A presents the complete records from both internal and external pressure with 
temperature also shown. B is a comparison between hourly internal and external values for the full dataset. C is a comparison between 
hourly internal and external values with the data between Jun-16 and Oct-16 removed. 
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The high correlation between internal and external pressure indicates that the cave is 
responding to changes in external pressure rapidly (figure 4.7 C). Decreases in external 
pressure relate to storm activity and increase the pressure gradient between the cave 
and external atmosphere. A case example from Jul-15 is shown in figure 4.8 and further 
demonstrates changes in cave pressure respond instantaneously to changes in external 
pressure. Due to the shallow depth of Cueva de las Perlas and the close proximity of the 
monitoring chamber to the cave entrance, oscillations in external pressure are 
transmitted rapidly into the cave system. Oscillations in cave pressure can induce air flow 
within a cave which can subsequently alter cave atmosphere CO2 concentrations (Denis 
et al., 2005; James et al., 2015; Smith et al., 2015). The potential influence of pressure-
induced ventilation on cave carbon dynamics will be considered further in sections 4.4.3 










































4.4 Carbon dynamics 
4.4.1 External air carbon dynamics 
External air CO2 concentrations were only measured during field visits between Feb-
15 and Jan-18 and results are presented in figure 4.9. Average concentrations were 
375ppm and 378ppm and ranges were 10ppm and 120ppm for 2015 and 2016. Only 
one measurement was taken during 2017 and one during 2018 and these were 
360ppm and 420ppm. 
External air samples were collected between Feb-15 and Jan-18 for determination of 
carbon isotope composition and results are shown in figure 4.9. External air annual 
carbon isotope averages were -10.34‰, -10.77‰ and -10.93‰ and annual ranges 
were 1.9‰, 2.65‰ and 1.69‰ for 2015 (n= 15), 2016 (n= 22) and 2017 (n= 8) 
respectively. Carbon isotope values in external air do not demonstrate seasonal cycles.  
 
Figure 4.9: CO2 concentrations and carbon isotope values from external air. 
4.4.2 Soil carbon dynamics 
4.4.2.1 Soil air carbon  
Soil air samples were taken between Apr-15 and Jan-18 to determine carbon isotope 







averages of soil CO2 were 2643ppm, 2439ppm and 2375ppm for 2015, 2016 and 2017 
respectively. CO2 concentrations are higher in summer with an average of 2857ppm 
(2016 value) compared to the winter average of 1712ppm. Annual average soil carbon 
isotope compositions were -20.55‰, -21.64‰ and -21.65‰ for 2015 (number of 
samples (n) = 4), 2016 (n= 18) and 2017 (n= 5). Soil air carbon isotope values are 
isotopically more enriched in 13C during winter than in summer (table 4.3).  
























2015 -20.55 2.24 4 -21.03 3 -19.1 1 
2016 -21.63 7.5 16 -22.17 11 -20.44 5 















Figure 4.10: CO2 concentrations and carbon isotope values from soil air. Values are 







4.4.2.2 Soil organic carbon isotope composition 
Soil was sampled from four different depths in Apr-16. Two methods were used to 
process the samples, one batch was filtered prior to carbon isotope analysis and the 
other was centrifuged (section 3.6.2.1). The results from both methods are presented 
in table 4.4. Carbon isotope values ranged between -27.63 and -26.58‰. It must be 
noted that soil samples were only taken once and therefore any seasonal variation 
cannot be determined.  
Table 4.4: Carbon isotope values from soil organic matter. 
Soil depth δ13C (‰) centrifuged 
samples 
δ13C (‰) filtered 
samples 
0 -27.74 -27.48 
5 -27.63 -27.00 
10 -26.97 -26.66 
15 -26.58 -26.72 
 
4.4.2.3 Soil interpretation  
In order to understand the carbon dynamics within the cave, it is critical to understand 
the carbon dynamics of the overlying soil. Monthly CO2 concentrations and carbon 
isotope measurements from the soil air samples are presented in figure 4.11 in 
addition to the soil temperature record (from section 4.2.2.1). Figure 4.11 
demonstrates a seasonal variation in soil carbon dynamics. During the winter months 
(Oct-Mar) CO2 concentrations are lower, temperatures are lower and δ13C values are 
higher. In contrast, during the summer months (Apr-Sept), CO2 levels rise, 
temperatures rise and δ13C values are lower.  
 
Section 4.4.2.1 identified seasonal variation in CO2 concentration and δ13C values and 
it is proposed this seasonal variability is related to variations in productivity. During 
the summer, productivity is higher driven by warmer temperatures. The CO2 spot 
measurements and δ13C values may be biased to ‘good weather days’ and therefore 










Figure 4.11: Relationships between soil carbon and temperature. A: Soil CO2 
concentration spot measurements and soil temperature. B: carbon isotope values and 
soil temperature, note the inverted carbon isotope value axis.  
 
4.4.3 Cave carbon dynamics 
4.4.3.1 Bedrock carbon isotope values 
Rock samples were taken from inside and outside the cave entrance and from a 
collapsed roof section within the cave. These rock samples were dolomitic with calcite 
intergrown (section 3.1). The carbon isotope values from the rock samples exhibit a 









Table 4.5: Carbon isotope values from rock samples. 




Rock from cave entrance RCE1 1.96 
RCE2 0.73 
Rock from outside cave  ROC1 2.25 
ROC2 1.61 
Rock from cave roof RCR1 -2.44 
RCR2 1.57 
 
4.4.3.2 Cave atmosphere CO2 concentration  
Carbon dioxide was monitored hourly within Cueva de las Perlas between Feb-15 and 
Dec-17 (figure 4.12A). The gaps within the dataset relate to battery malfunctions 
within the logger.  
Average annual cave CO2 concentrations were 421ppm, 425ppm and 456ppm in 2015 
(number of days in average (n) = 119), 2016 (n= 190) and 2017 (n= 207) respectively. 
In 2015 and 2016 CO2 values had a range of 505ppm and 590ppm. However, in 2017 
the CO2 range was almost five times greater than previous years, at 2490ppm (table 
4.6). 
CO2 concentrations are shown to fluctuate daily (figure 4.12B) with an average 
variability of 182ppm (n=507). The daily CO2 variability exhibits a range between 30-
2430ppm. 









2015 421 505 422 418 
2016 425 590 424 426 










Figure 4.12: Hourly and daily cave CO2 concentration (A) and daily variability (B). 
Figure 4.12 demonstrates the variability within the CO2 record which is apparent 
throughout the year. Seasonality is minimal as CO2 concentrations fluctuate on a 
diurnal basis. Additionally, summer and winter CO2 averages (except for summer 
2017) both lie close to annual CO2 averages (table 4.6).  
4.4.3.3 Cave air carbon isotopes 
Cave air was sampled between Feb-15 and Jan-18 and results are presented in figure 







12.59‰ in 2017 (n= 8). Carbon isotope values demonstrated intra-annual variability 
of 5.17‰, 4.35‰ and 3.06‰ in 2015, 2016 and 2017 respectively. Variability in 




Figure 4.13: Carbon isotope composition of cave air. 
4.4.3.4 Cave carbon dynamics interpretation 
Carbon dioxide 
Cave carbon dioxide concentrations are variable on an hourly scale throughout the 
year and do not show distinct seasonal variations. CO2 concentrations are compared 
to internal and external hourly temperature in figure 4.14. Daily variability in CO2 
corresponds to external temperatures crossing the internal cave temperature 
threshold which occurs throughout the year. When external hourly temperature falls 
below internal hourly temperature a density-driven ventilation causes a rapid influx 
of CO2-poor air into the cave. As external temperatures exhibit a large diurnal range 
and appear to cross internal temperatures nearly every day, this switch in ventilation 







Typically, this dynamic ventilation leads to low CO2 concentrations in the cave 
throughout the year. However, in Jun-17 there is a distinctive increase in CO2 
concentration within the cave. Figure 4.15 demonstrates that when external 
temperatures remain higher than internal temperatures for an extended period, CO2 
concentrations rise within the cave as a result of reduced ventilation. This is the 
primary reason for the high CO2 values in Jun-17.  However, a secondary influence of 
pressure will also be assessed in section 4.4.3.5.  
 














Figure 4.15: Cave hourly CO2 and internal and external temperatures Jun-17. Shading 








Cyclicity in cave CO2 concentration 
Spectral analysis was undertaken on months where over 14 days of CO2 data was 
collected to determine whether oscillations in CO2 concentration are diurnal. The 
majority of months demonstrate a peak suggesting seven cycles per week which 
would suggest daily oscillations in CO2. Interestingly, no cyclicity is evident in Jun-17 
which supports section 4.4.3.4 (figure 4.15) as no cyclicity would be expected as 
external temperatures are consistently higher than internal cave temperatures and 
subsequently CO2 rises within the cave.  
A case study from Nov-16 is used herein to assess the validity of the spectral analysis. 
Figure 4.17A demonstrated a pronounced peak at seven cycles per week. However, 
when the individual data are presented alongside cave and external temperatures it 
is clear that the cyclicity is not persistent throughout the record (figure 4.17B). CO2 is 
clearly variable on a diurnal basis and most likely a response to external temperatures 
crossing the internal cave temperature threshold. The degree to which this pattern is 




















Spectral plots for 







Figure 4.17: Spectral analysis case study from Nov-16. A: Spectral plot from Nov-16. B: 
CO2 concentration, internal and external hourly temperature for Nov-16.  
 
Carbon isotopes 
The carbon isotope composition of cave air lies upon a mixing line between the soil air 
and external air carbon isotope compositions (figure 4.18). Cave air carbon isotope 
composition lies closer to the external air isotope composition shown through lower 
CO2 concentrations and relative enrichment in 13C compared to soil air.  
The close relationship between internal cave air and external air supports the model 






poor air throughout the year.  The trend was constructed using average EA, CA and SA 
data and predicts a soil δ13C end member of -23.5‰. 
 
 
Figure 4.18: Carbon isotope values for cave air (CA), external air (EA) and soil air (SA) 
plotted against individual CO2 measurements.   
4.4.3.5 Pressure-induced ventilation  
CO2 values have been shown to oscillate on a daily basis due to external hourly 
temperature fluctuating around cave temperature (section 4.4.3.4). Variations in 
pressure have also been proposed as a mechanism driving CO2 concentrations within 
the cave void on an hourly basis (Denis et al., 2005; James et al., 2015, Smith et al., 
2015). The potential for this hourly influence of pressure on cave carbon dynamics is 
explored in figure 4.19 through assessing the relationship between CO2 
concentrations, external/internal temperature and pressure variability. Jun-17 shows 
an increase in cave CO2 during a period of consistently higher external temperatures 
relative to cave temperature as well as a reduction in pressure. This is highlighted on 






external temperatures being consistently higher than cave temperatures which would 
reduce density-driven advection of air into the cave. However, periods of high CO2 
concentrations also correspond to decreases in cave pressure. A reduction in external 
pressure causes a pressure gradient between the cave and external air. To ensure 
pressure equalisation between the internal and external environments, air will flow 
out of Cueva de las Perlas. Consequently, the CO2 of the cave will increase due to a 
larger proportion of CO2-rich air being drawn down from the karst and therefore 
increasing CO2 concentration within the cave void (Denis et al., 2005; James et al., 
2015; Smith et al., 2015). 
Therefore, a model of ventilation is proposed for cave carbon dynamics where the 
external versus internal temperature dynamics drive ventilation on an hourly-scale 
and pressure acts as a secondary forcing mechanism. This model will be further 






































Figure 4.19: Cave CO2 concentration, cave pressure and external and internal 
temperature for Jun-17. Shading represents heightened influence of pressure on cave 






4.5 Conceptual model of cave ventilation within Cueva de las 
Perlas  
Ventilation within Cueva de las Perlas can be summarised using the model presented 
in figure 4.20. Changes in cave temperature are being controlled by density-driven 
ventilation. The result is a seasonal cycle in temperature as also evidenced in previous 
studies from a variety of cave sites across the globe (Spötl et al., 2005; Šebela and 
Turk, 2011; Ravbar and Kosutnik, 2013; Smith et al., 2016a; Vieten et al., 2016). 
Internal temperatures are cooler in the winter as a result of strong ventilation and 
warmer in the summer during weak ventilation. Additionally, latent bedrock heating 
potentially acts as a mechanism to temporally offset peak external and internal 
temperatures. 
Variability within the cave carbon dynamics appears to occur on much shorter 
timescales than changes in temperature. External hourly temperatures cross the cave 
internal temperature on a diurnal basis inducing ventilation switches between weak 
and strong states. As a result, CO2 concentrations within the cave remain relatively 
low throughout the year and the carbon isotope composition of the cave air is similar 
to that in the external atmosphere. A key component of speleothem growth is the CO2 
concentration within the cave. An increase in CO2 will limit calcite precipitation 
whereas a decrease will encourage calcite precipitation (James et al., 2015). Studies 
from Cueva Larga, Puerto Rica (Vieten et al., 2016) and Obir Caves, Austria (Spӧtl et 
al., 2005) have demonstrated significant seasonal variations in pCO2 as a consequence 
of seasonal ventilation driven by external temperature variability. As a result, strong 
ventilation in winter leads to an influx of CO2-poor cold air which in turn promotes 
degassing of CO2 and supersaturation of dripwaters within the cave. In contrast, weak 
ventilation in summer leads to a build-up of CO2 within the cave which acts to limit 
calcite precipitation (Spӧtl et al., 2005). In Cueva de las Perlas, there is minimal 
evidence for seasonal cyclicity in CO2 values (except in summer 2017) and degassing 
of dripwaters is promoted due to the low CO2 concentration throughout the year. 
Therefore, calcite precipitation in Cueva de las Perlas is not biased to winter. It is 






soil-cave CO2 gradient may result in rapid outgassing of CO2 from drip waters and 
potentially lead to kinetically-induced isotopic fractionation effects.   
Changes in external pressure appear to act as a secondary forcing mechanism on 
carbon dynamics within the cave. Smith et al. (2015) identified pressure as a regulator 
of CO2 concentration with low pressure driven by storm events causing a subsequent 
increase in CO2 being drawn down from the karst. Pressure changes occur on diurnal 
























Figure 4.20: Schematic diagram of cave ventilation within Cueva de las Perlas; 
illustrating summer/weak ventilation and winter/strong ventilation. 
4.6 Cave air characteristics of Cueva de las Perlas 
Cave temperatures are controlled by variations in daily external temperatures 
fluctuating around daily internal cave temperatures. In contrast, carbon dynamics are 






temperature threshold. Both cave temperature and carbon dynamics are driven by 
density differences inducing ventilation. However, temperatures are only seasonally 
driven in response to density-differences and lag peak external temperatures as a 
result of latent bedrock heating. Carbon dynamics within the cave are driven on 
diurnal timescales and this is evidenced by hourly oscillations in cave CO2 
concentrations and the near atmospheric carbon isotope composition of cave air. 
Additionally, pressure acts as a secondary forcing mechanism driving the carbon 
dynamics within the cave with low external pressures driving air flow out of the cave 
and drawing down CO2-rich air from the karst. These responses in temperature and 
carbon dynamics to ventilation are likely a result of the shallow nature of the cave 
with the monitoring chamber situated only 15m from the cave entrance and beneath 



















5. Cave monitoring: Assessment of modern 
hydrology and influence on water chemistry 
5.1 Introduction  
Understanding cave hydrology is key to interpreting speleothem palaeoclimate 
records. The hydrological system delivers water to the cave, controls the chemical 
composition of dripwaters and influences speleothem growth rates (Smith, 2014). 
Climate signals contained within precipitation and subsequent cave dripwaters are 
modified by hydrological routing, karst-water interaction processes such as prior 
calcite precipitation (PCP) and incongruent calcite dissolution (ICD) and cave 
ventilation (section 2.4.2). Therefore, it is important to monitor cave hydrology in 
order to understand the influence of such processes on dripwater chemistry and 
ultimately accurately interpret speleothem proxies of palaeoclimate and 
palaeoenvironmental processes. 
This section aims to evaluate the karst hydrology overlying Cueva de las Perlas and 
determine the processes controlling the chemical composition of dripwaters. 
Assessment of karst hydrology and classification of processes influencing drip water 
chemistry will provide a contemporary insight into cave hydrological dynamics which 
will aid interpretation of speleothem palaeoclimate records. 
 
5.2 External precipitation 
5.2.1 Precipitation amount 
Precipitation amount has been recorded in Matienzo since Feb-11 (figure 5.1), with 
data prior to Apr-15 collected by Smith et al. (2015; 2016a). Precipitation has been 
measured through a combination of manual collection and Pluvimate measurements 






measurements ceased between Apr-13 to Mar-15 representing the gap between the 
two monitoring studies (Smith, 2014 and this project).  
The Matienzo depression is characterized by a wet and mild climate due to its 
proximity to the North Atlantic Ocean and mountainous landscape. The average 
precipitation for Matienzo is 1393mm/yr which is higher than the average 
precipitation recorded in Santander between 2000-2006 of 1000mm/yr (IAEA, 2018).  
Typically, the wettest months lie between November to April with the highest monthly 
precipitation recorded in Feb-11 (203.40mm), Apr-12 (273.2mm), Nov-15 
(257.93mm), Feb-16 (531.14mm) and Dec-17 (263.20mm). In contrast, the driest 
months lie between May to October with the lowest annual precipitation recorded in 
Aug-11 (35.52mm), Aug-12 (27.19mm), Sep-15 (29.71mm), Oct-16 (40.24mm) and 


















Figure 5.1: Matienzo precipitation between Feb-11 to Dec-17.  
5.2.2 Water excess 
Calculation of monthly water excess can indicate how much of the external 
precipitation infiltrates into the karst system and is a direct function of rainfall amount 
and temperature. Monthly water excess has been derived through first calculating the 
potential evapotranspiration (PET) by applying the Thornthwaite equation (eq. 5.1) 
(Thornthwaite, 1948).  











        Eq. 5.1 
Where: 
Ta is average daily temperature (°C), N is the number of days in the month, L is the 
average day length, I is the heat index calculated through eq. 5.2 and α is calculated 
using eq. 5.3. 






𝑖=1           Eq. 5.2 
where Tai = 12 monthly mean temperatures. 






To calculate water excess, PET is then subtracted from monthly precipitation. The 
water excess values for Matienzo are presented in figure 5.2 alongside temperature 
and precipitation.   
The water excess data indicate seasonal variation with the summer months (Apr-Sep) 
characterized by a negative water excess (water deficit) and the winter months (Oct-
Mar) by a positive water excess. Calculations of water excess therefore demonstrate 
a winter recharge of the karst system. However, this seasonal relationship may be 
disrupted by seasonal abnormalities in rainfall and/or temperature.   
 
Figure 5.2: Water excess, temperature and precipitation amount from Matienzo. 







5.2.3 Determination of moisture trajectories and source regions for Matienzo 
precipitation 
5.2.3.1 Initiation point 
Backwards air mass trajectories have been calculated using the NOAA Air Resources 
Laboratory Hybrid Single-Particle Lagrangian Integrated Trajectory (HYSPLIT) model 
(Stein et al., 2015) which was run using the Real-time Environmental Applications and 
Display sYstem (READY) online system (Rolph et al., 2017). This model was provided 
online by the NOAA Air Resources Laboratory (NOAA ARL, 2017). Each backward 
trajectory corresponds to a precipitation event in the Matienzo valley (43.31°N, 
3.58°W) and is backward modelled over 120hrs at 1,500m a.s.l. The output of the 
model is a latitude and longitude for every hour along the backward trajectory as well 
as additional parameters such as ambient temperature, atmospheric pressure and 
relative humidity. A backward trajectory was calculated for each day precipitation was 
recorded in Matienzo between 1/5/15 – 30/4/16 excluding December 2015 as no 
precipitation was recorded due to a logger malfunction. Trajectories were plotted 
onto the maps shown in figure 5.3. In order to quantify the relative directions of the 
trajectories, the angle between the Matienzo valley and the trajectory initiation point 
was calculated on Google Earth (v.7.1.2.2041, 2013). The angles were placed in bins 
corresponding to direction and used to produce a rose diagram of trajectory initiation 
point. It must be noted that this method does not capture the variability across a 120hr 
transect but does give an overall direction between initiation point and the Matienzo 
valley end-point.  
The backward trajectories for Apr-15 to Mar-16 are presented in figure 5.3. The 
HYSPLIT modelled trajectories indicate that the majority of trajectories initiated in the 
North Atlantic Ocean. This relationship is quantified in figure 5.4 where ~73% of 







Figure 5.3: Backward 
modelled trajectories 
for each precipitation 
day recorded between 
1/5/15 – 30/4/16 
calculated through 
HYSPLIT (NOAA ARL, 
2017). A = May-15, 
Jun-15 and Jul-15; B = 
Aug-15, Sep-15 and 
Oct-15; C = Nov-15, 
Dec-15 and Jan-16; D = 
Feb-16, Mar-16 and 
Apr-16. ArcGIS 
software by Esri was 
used to create the 
maps. Copyright © 




CNES/Airbus DS, USDA, 
USGS, AeroGRID, IGN 






Figure 5.4: Rose diagram of trajectory initiation direction.  
5.2.3.2 Moisture uptake regions 
Moisture uptake regions were identified by using the method of Baldini et al. (2010) 
who optimized the method of Sodemann et al. (2008). Regions where there was a 
specific humidity increase of >0.5g/kg over 6hrs were indicative of moisture uptake. 
Specific humidity was calculated from the HYSPLIT meteorological data using the R 
humidity package (Cai, 2018). After moisture uptake regions were identified, the 
angles between the Matienzo valley and the uptake regions over the 120hr trajectory 
were calculated and an average angle was taken.  
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Precipitation events from the wettest month (Feb-16) and the driest month (Sep-15) 
of the study period were selected. Across the two months, 23 precipitation events 
were recorded. A trajectory summary rose diagram is presented in figure 5.5A 
alongside the source summary rose diagram (figure 5.5B).  Of these, 16 are from a N-
W direction (figure 5.5B). Therefore, of the precipitation events studied, 70% of 
moisture is sourced from the North Atlantic region with no difference between the 





Figure 5.5: Rose diagrams illustrating the relative direction of the trajectory analysis 






5.3 Cueva de las Perlas drip rates 
Drip rates have been logged at three sites within Cueva de las Perlas. This section will 
present the drip records and interpret variability in relation to karst hydrology. All 
three drip records are presented in figure 5.6.   
 
Figure 5.6: P1, P2 and P3 hourly drips and external precipitation. The grey shaded areas 
represent periods of negative water excess (water deficit). Arrows indicate field visits 




Logger P1 recorded drip rates between Feb-15 and Dec-17. The overall average is 141 
drips per hour. However, annual variation is evident with averages of 76, 164 and 145 
for 2015 (number of days in average (n)= 318), 2016 (n=361) and 2017 (n=333). P1 
hourly drip rates are variable with a range of 5435 over the record. The P1 drip record 
shows an irregular drip pattern with some periods of very high drips whilst others 
exhibit low drip counts.  
 
5.3.2 P2 
The P2 drip logger recorded drip rates between Mar-14 and Dec-17. The long-term 
hourly average is 59 drips per hour with a range of 98 across the dataset. The different 
years exhibit a slight fluctuation in hourly average drip rate (table 5.1).  
Table 5.1: Average annual hourly drip rate for P2. 
Year Average hourly drip rate No. days in average 
2014 66 274 
2015 57 354 
2016 61 359 




P3 has recorded drip rates between Apr-15 to Dec-17 with two gaps in the data 
between Jan-16 to Apr-16 and Jan-17 to May-17 due to logging malfunctions. The 
overall range of drips at the P3 site is 23 per hour with an average of 6 drips per hour. 
The annual drip rate is variable with the averages of 4, 8 and 3 drips per hour for 2015 
(n= 254), 2016 (n=255) and 2017 (n= 240) respectively. 
 
5.3.4 Interpretation of drip sites 
Drip rates from the three loggers within Cueva de las Perlas demonstrate a complex 
drip pattern which is variable within individual records and inconsistent between 
records despite their close proximity. The next section will focus on forcing 
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mechanisms driving this variability, including: logging issues, water excess and 
precipitation amount. 
 5.3.4.1 Logging issues 
Some of the rapid transitions in drip rate correspond to changes to the logger set-up 
through temporary removal of logging equipment and problems with repositioning, 
battery replacement and logger replacement (represented by arrows on figure 5.6). 
An example of this is P1 Apr-16 where the logger was temporarily removed and 
replaced at a slightly different angle which led to a reduction in the number of drips 
recorded. The drip records within Cueva de las Perlas are highly sensitive to logger 
positioning and field evidence suggests multiple straws may feed the same stalagmite. 
Where any record suffers from this, the data can only be used to interpret relative 
changes in drip rate. The shifts in P2 in Feb-16, Apr-16 and Sep-16 are most likely 
related to shifts in the logger positioning potentially in relation to heavy rainfall. It 
must be noted that these shifts are not coincident with site visits by the PI or field 
team.  
5.3.4.2 Water excess 
Periods of negative water excess (water deficit) correspond to decreases in drip rate 
at various points throughout each of the drip records. For example, P3 demonstrates 
a decrease in drip rate associated with a period of water deficit in Sep-15. Under 
periods of reduced precipitation, flow into the karst is reduced and the reservoirs 
within the karst become depleted. As the karst reservoirs are depleted and not 
replenished by precipitation, drip rates decrease within the cave. 
5.3.4.3 Precipitation 
Drip rates have been documented to respond rapidly to changes in precipitation such 
as the P1 record in Sep-17 and Nov-17 (figure 5.7). Precipitation increases on 9/9/17 
and 7/11/17 following periods of significantly reduced rainfall. Following the increase 
in precipitation on these dates, P1 drip rates subsequently increase. The increase in 
precipitation may lead to changes in the flow pathways through the karst, potentially 
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inducing a fracture flow or piston-flow within the reservoir. This will be explored 
further in the following section (5.3.4.4). 
 
Figure 5.7: External precipitation and P1 drip count between 30/07/17 and 07/12/17. 
5.3.4.4 Constructing hydrological regimes using drip rates 
The drip sites analysed herein appear to reflect a combination of diffuse matrix flow 
and a smaller proportion of fracture flow induced during high precipitation events. 
Matrix flow is evident in all records through the persistent nature of all drip sites. The 
reservoir feeding the matrix flow must be a function of infiltrating water and is 
primarily recharged during periods of water excess. The reservoir becomes depleted 
during periods of water deficit and this is reflected by the reduction in speleothem 
drip rates.  
The increase in drip rates during periods of enhanced precipitation suggests a 
secondary forcing mechanism is responsible for hydrological routing such as piston 
flow or conduit overflow. Piston flow is the result of an increase in infiltrating waters 
causing a build-up of pressure in the aquifer. Under piston flow conditions the older, 
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well-mixed water is forced out of the aquifer and into the cave. On the other hand, a 
conduit overflow would occur when the karst aquifer reached capacity inducing 
overflow routes through the karst. Overflow routes may inhibit mixing of water within 
the karst and therefore infiltrating waters would preserve a specific precipitation 
event signature. Due to the large number of stalactites overlying the studied drip sites, 
it is proposed heavy precipitation events reactivate fractures within the karst and 
subsequently induce fracture-flow along the flow pathways overlying the abundant 
and previously inactive stalactites. 
Therefore, the drips sites studied herein appear to correspond to the class II drip sites 
classified in Crag Cave SW Ireland (Baldini et al., 2006) (section 2.4.3.1, table 2.2). Even 
though the drip sites in Cueva de las Perlas exhibit slow drips coincident with class III 
drip sites, the variability within the annual signal demonstrated in the drip rates 
appears to reflect external conditions and responds to variations in water excess. 
Further insights into the chemical signature recorded in the cave dripwaters will be 
presented in the following section (5.4.2). 
 
5.3.5 Summary 
The variations in drip rate demonstrate the complex karst hydrology overlying the drip 
sites. Drip rates are controlled by a complex interplay between precipitation and water 
excess influencing the reservoir size and flow of water within the karst. Flow of water 
through the karst is most likely through diffuse matrix flow and a smaller proportion 
of fracture flow related to increases in precipitation. Additionally, logger positioning 
is known to significantly influence drip rates at each of the monitoring sites. Between 
each of the drip sites, drip patterns vary. An example of this is in February 2016 where 
P1 drip rate increases whilst P2 declines. These sites are less than 1m apart and 





5.4 Water isotope chemistry 
5.4.1 Precipitation isotope chemistry 
In order to reconstruct past climate using oxygen isotopes in speleothems, it is critical 
to understand the factors which control the oxygen isotope composition of 
precipitation. Temperature, precipitation amount and the oxygen isotope 
composition of precipitation were recorded in Matienzo between Feb-11 and Dec-17. 
Data between 2011-2013 were collected by Smith (2014) and subsequent data has 
been recorded as part of the current project. No precipitation samples were collected 
between Apr-13 and Apr-15 due to a gap between the two monitoring projects. 
Oxygen and deuterium isotope composition in precipitation is shown to vary 
seasonally (figure 5.8). The range across the whole dataset is 7.39‰ and 51.74‰ for 
δ18O and δD values respectively. The highest δ18O and δD values were recorded in 
Aug-11 (-1.37‰ and -3.65‰ respectively) and the lowest values recorded in Mar-13 
(-8.76‰ and -55.38‰ respectively). Typically, oxygen and deuterium isotope values 
are higher in summer months with the highest δ18O and δD values recorded in August 
and July. In contrast, the oxygen and deuterium isotope values are increasingly 
negative in winter months.  
 
Figure 5.8: Oxygen and deuterium isotope composition of precipitation between Feb-
11 and Dec-17.  
 
Oxygen and deuterium isotope values from Matienzo precipitation have been used to 
construct a LMWL shown in figure 5.9. The LMWL is defined by eq. 5.4.  
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𝛿𝐷 =  6.7199 𝑥 𝛿18𝑂 +  5.0772       Eq. 5.4.  
 
 
Figure 5.9:  Precipitation δ18O and δD values alongside the GMWL and LMWL. The 
GMWL was defined using the equation derived by Craig (1961a) (Eq 2.9) and the LMWL 
was defined from the precipitation data collected in Matienzo as part of this project 
(Eq. 5.4).  
The oxygen isotope composition of precipitation (δ18Op) has been compared to 
monthly precipitation amount and temperature to determine the dominant forcing 
mechanism (figure 5.10 and 5.11). Precipitation isotope data and Matienzo 
meteorological data since 2011 have been incorporated in this analysis. A negative 
relationship is shown between precipitation amount and δ18Op in figure 5.10 and by 
an R value of -0.62. Therefore, high δ18Op is correlated to low precipitation amount. 
Temperature is found to have a weaker positive relationship with δ18Op values shown 
through an r2 of 0.43 (figure 5.11). The relationship implies higher temperatures lead 





Figure 5.10: Precipitation amount and δ18Op. 
 
Figure 5.11: Temperature and δ18Op. 
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Overall the stronger relationship between δ18Op and precipitation implies a 
predominant control of precipitation amount on δ18Op values with a potential weaker 
influence of temperature imprinted. As a consequence, δ18Op values will be 
interpreted to represent changes in precipitation amount and subsequently 
speleothem oxygen isotope profiles may be interpreted as palaeoprecipitation 
indicators. Analysis of possible secondary alteration of this signal (e.g. through kinetic 
processes) will be explored in sections 5.5 and 5.6.  
 
5.4.2 Cave water isotope chemistry 
Waters were collected from drip sites representing different water types and duration 
within the cave. A map of the different water collection sites can be found in section 
3.4 (figure 3.3). The four types were: 
• Waters collected from the three main monitoring speleothems (P1, P2 and P3) 
over less than a 24-hour period (instantaneous) 
• Waters collected monthly from the three main monitoring speleothems (bulk 
waters) 
• Waters collected from fast drip sites (ephemeral) 
• Waters collected from pools (pool). 
Section 5.4.1 demonstrated the broad range in isotopic values in precipitation. Drip 
waters support a more tightly clustered range in isotopic signature (Figure 5.12). Such 
a drip water clustering in both δ18O and δD values is typical of aquifer mixing in the 
karst above the cave.  
Averages and standard deviations for each of the different drip water types are shown 
in table 5.2. The average values again demonstrate a clustering of cave drip water δ18O 





Table 5.2: Average isotopic values for different dripwater types. 
Sample type δ18O (‰) δD (‰) Number of 
samples Average Stdev Average Stdev 
Bulk  -5.68 0.5194 -33.02 3.03 88 
Instantaneous -5.70 0.5354 -33.54 3.03 79 
Ephemeral -6.11 1.0429 -35.12 5.35 14 
Pool -5.92 1.0851 -34.52 5.62 23 
 
Dripwaters being fed from a well-mixed aquifer would be expected to show a more 
homogenous isotopic signature, present on figure 5.12 as a tight cluster in isotopic 
values. Therefore, there is evidence from δ18O and δD drip water values for a similar 
range in isotopic value between all drip sites demonstrating a similar degree of aquifer 
mixing across all water types.  
The homogenized nature of the drip waters suggests a significant reservoir in the karst 
as water is stored and allowed to mix prior to dripping into the cave. The ephemeral 
sites are only activated during periods of high precipitation. However, the isotopic 
signature of the ephemeral drip waters suggests waters have homogenized within the 
aquifer and therefore do not represent signatures of individual precipitation events. 
As a consequence, flow through these sites must be through activation of channels 
either through piston-flow or fracture flow as a result of reservoir overflow. Piston-
flow results due to increases in pressure related to an influx of water which forces 
homogenized water out of the reservoir. Alternatively, increased water flow into the 
reservoir may result in filling of the reservoir and overflow of well-mixed reservoir 
water into fractures within the karst.  
The pool sites are highly transient in Cueva de las Perlas which suggests they are fed 
by ephemeral drip sites. Isotopic composition of the pool waters is similar to the other 
water types which suggests the water is sourced from a well-mixed karst aquifer and 







Figure 5.12: δ18O and δD values for the different cave water types.  
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Cave waters appear to lie closer to the winter end of the LMWL line (figure 5.13). The 
winter end of the precipitation line typically has lower δ18O and δD values. The average 
δ18O and δD cave drip water values listed in table 5.2 also lie close to the winter 
precipitation averages of -5.63‰ and -32.32‰ for δ18O and δD values respectively. 
Thereby suggesting cave water recharge occurs predominantly during the winter 
months and further supported by figure 5.2. 
 
5.4.3 Summary 
This section has examined the isotope chemistry of precipitation and cave dripwaters. 
The isotopic composition of precipitation demonstrates seasonal oscillations which 
are a function of precipitation amount. δ18O and δD values in cave waters cluster to 
the winter end of the LMWL which points towards a well-mixed reservoir in the karst 
primarily recharged in winter. The primary mechanism feeding the drip sites is matrix 
flow. However, during periods of high water excess re-activation of ephemeral drip 
sites and pools must be either through piston flow or fracture overflow in order to 
allow for the isotopic similarity between all measured water collection points. The 






















5.5 Using calcite plates to determine isotopic equilibrium 
Using artificial growth surfaces to collect deposited calcite has been extensively 
studied within the literature (Tremaine et al., 2011; Day and Henderson, 2011; 
Tremaine and Froelich, 2013; Wang et al. 2018). Calcite grown within the cave 
environment can be used to determine the nature of isotopic fractionation between 
modern deposition and contemporary drip waters. Within Cueva de las Perlas, calcite 
plates were grown discontinuously between 2010 to 2017 to investigate whether the 
calcite deposited is forming in isotopic equilibrium with the drip waters. 
Ten calcite plates were placed within Cueva de las Perlas under four different drip sites 
since 2010. Each of the locations is marked on a schematic map (figure 5.15) and field 
photos are shown in figure 5.16 to demonstrate the locations of some of the plates 
and the set-up. Plate locations, durations, associated drip sites and water sources are 
provided in table 5.3.  
Table 5.3: Calcite plates collected from Cueva de las Perlas and associated drip sites 
and water sources. * denotes when no direct δ18Odw data is available and therefore an 
average of all available data has been used.  
Plate Growth 
period 
Collection  Associated 
drip site 
Drip water source 
CP11 1 year 2011 P3 P3 I* 
CP13 ~1.5 - 2 years 2013 P3 P3 I* 
CP1-15 ~1.5 - 2 years 2015 P1 P1 I* 
CP1-16 1 year 2016 P1 P1 I Apr-15 to Apr-16 
CP3-16 1 year 2016 P1 P1 I Apr-15 to Apr-16 
CP1 S-16 6 months 2016 P1 P1 I Apr-16 to Sep-16 
CP1 W-17 6 months 2017 P1 P1 I Oct-16 to Mar-17 
CP2-17 1 year 2017 P1 P1 I Apr-16 to Mar-17 
CP3 S-16 6 months 2016 P1 P1 I Apr-16 to Sep-16 

































Figure 5.16: Field photos of calcite plates. A illustrates the placement of calcite plates CP1, CP2 and CP3 in relation to the P1 drip site. B is 




The plates were removed from the cave and calcite was carefully extracted using a 
scalpel. Samples were taken from two transects at approximately 1cm intervals across 
the plate. Sampling strategy for the plates is demonstrated in figure 5.17. After 
collection, samples were analysed for oxygen and carbon isotopes and the results are 
summarized in table 5.4.   
 
Figure 5.17: Isotope sampling strategy for calcite plates CP1-16 and CP11. 
Table 5.4: Oxygen and carbon isotope composition of calcite plates. 
Sample 
name 























CP11 Annual 15 -5.78 0.94 -5.76 -11.21 1.06 -10.94 
CP13 Multi-annual 15 -4.01 2.75 -2.55 -9.74 2.79 -9.44 
CP1-15 Multi-annual 8 -4.79 0.19 -4.88 -10.10 0.94 -10.64 
CP1-16 Annual 10 -5.04 0.28 
 
-10.40 1.07 -10.59 










4 -5.60 0.09 -5.62 -10.88 0.24 -10.74 










5 -4.87 0.26 -5.01 -9.17 0.71 -9.44 
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5.5.1 Determining isotopic equilibrium using within-plate isotopic analyses  
5.5.1.1 Multi-annual calcite plates 
Multi-annual plates CP1-15 and CP13 show within plate variability along transects 
(figure 5.18 and table 5.5). This variability in δ18O values combined with a correlation 
between δ18O and δ13C values across individual transects is indicative of kinetic 






















Table 5.5: Summary of transect indicators of equilibrium deposition (δ18O average, 
standard deviation, R2 between δ18O and δ13C values and within transect range) for 
CP13 and CP1-15 calcite plates. 
Plate Transect Average 
δ18O (‰) 
Stdev R2 between 
δ18O and δ13C 
Transect 
range (‰) 
CP1-15 A -4.78 0.07 0.86 0.17 
B -4.83 0.07 0.50 0.13 
CP13 A -3.86 1.22 0.63 2.72 
B -3.82 1.10 0.34 2.74 
 
5.5.1.2 Annual calcite plates 
Similar to the multi-annual plates, the annual plates (CP11, CP1-16 and CP3-16) exhibit 
significant variability in δ18O values along individual transects (figure 5.19 and table 
5.6). Plates CP11 and CP3-16 show a correlation between δ18O and δ13C values which 
may imply kinetic deposition. In contrast, CP1-16 does not show a correlation and 
exhibits a low standard deviation for δ18O values which would suggest equilibrium 
deposition. The different indicators used herein to determine equilibrium or kinetic 
deposition appear contradictory depending on which is chosen. For example, if only 
variability in δ18O values is used, CP1-16 identifies kinetic deposition. However, if R2 





































Table 5.6: Summary of transect indicators of equilibrium deposition (δ18O average, 
standard deviation, R2 between δ18O and δ13C values and within transect range) for 
CP11, CP1-16 and CP3-16 calcite plates.  
Plates Transect Average 
δ18O (‰) 
Stdev R2 between 
δ18O and δ13C 
Transect 
range (‰) 
CP11 A -5.70 0.17 0.58 0.50 
B -5.86 0.35 0.29 0.94 
CP1-16 A -5.03 0.11 0.04 0.28 
B -5.05 0.08 0.08 0.18 
CP3-16 A -5.15 0.18 0.52 0.54 
B -5.22 0.12 0.96 0.28 
 
5.5.1.3 Seasonal calcite plates 
Due to insufficient material precipitated on CP1 W-16, CP3 S-16 and CP3 W-16, 
isotopic variability along individual transects could not be determined. However, 
seasonal plates demonstrate within plate variability (table 5.7). P3 S-16 and P3 W-16 
exhibit significant ranges in δ18O values and correlation between δ18O and δ13C values 
which implies kinetic fractionation during calcite precipitation. In contrast, P1 W-16 
suggests equilibrium deposition due to a minimal range in δ18O values and lack of 
correlation between oxygen and carbon isotope values.  
Table 5.7: Summary of indicators of equilibrium deposition (δ18O average, standard 
deviation, R2 between δ18O and δ13C values and within transect range) for CP1 W-16, 
CP3 S-16 and CP3 W-16 calcite plates.  
Plate Average δ18O 
(‰) 




P3 S-16 -4.66 0.30 0.78 0.71 
P3 W-
16 
-4.87 0.09 0.77 0.25 
P1 W-
16 
-5.60 0.04 0.02 0.09 
 
A Hendy test (Hendy, 1971) will involve examining isotope values along a single growth 
layer in a speleothem to determine isotopic equilibrium. Modern calcite growth from 
Cueva de las Perlas has shown isotope values can vary across transects and therefore 
equilibrium deposition may not be assumed along a single growth lamina. 
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Additionally, the relationship between δ18O and δ13C values can vary between 
transects in a single plate. Therefore, the R2 between δ18O and δ13C values should not 
be used as an indicator of equilibrium deposition. Equilibrium deposition may also be 
modelled through δ18O dripwater (δ18Odw) values and this is investigated below.  
 
5.5.2 Determining isotopic equilibrium through dripwater modelling 
In order to determine whether or not calcite has been deposited in equilibrium, a 
theoretical δ18Oc was calculated from δ18Odw values. To model the temperature-
dependent oxygen isotope fractionation factor two equations were used (eq. 5.5 and 
eq. 5.6). 
1000lnα = 18.03 (103T-1) – 32.42 (Kim and O’Neil, 1997)   Eq. 5.5 
1000lnα = 16.1 ±0.65 (103T-1) – 24.6±2.2 (Tremaine et al., 2011)  Eq. 5.6 
Where α is the fractionation factor and T is the temperature in Kelvin. 
After the theoretical fractionation factor was calculated using one of the above 
equations, eq. 5.7 was used to determine the calcite oxygen isotope composition on 
the PDB scale (Fuller et al., 2008). 
δ18Oc = 0.97002∗(α∗(1000+ δ18Odw)−1000)−29.98 (Fuller et al., 2008) Eq. 5.7 
The modelled δ18Oc values are presented and compared to δ18Oc values from the 
calcite plate (table 5.8). Each δ18Oc value modelled through equations 5.5 and 5.6 is 
presented as a range, taking into account the minimum and maximum δ18Odw input 
values. Figure 5.20 is a visual representation of these results.  
When modelled through the Kim and O’Neil (1997) equation, four of the ten calcite 
plates (CP11, P1-16, P3-16 and P1-17) lie within predicted equilibrium (table 5.8, figure 
5.20). The remaining six plates could therefore be interpreted to lie outside theoretical 
equilibrium and oxygen isotope values of precipitated calcite may reflect kinetic 
isotope effects. Conversely, when the Tremaine et al. (2011) equation is applied, seven 
of the ten plates lie within the typical cave specific water-calcite isotope fractionation 
range. The primary difference between the two equations is that the Kim and O’Neil 
(1997) represents laboratory grown calcite, whilst the Tremaine et al. (2011) equation 
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represents natural cave systems and is calculated using different cave sites from 
different latitudes and altitudes.  
True equilibrium fractionation remains difficult to identify in both laboratory and cave 
environments due to the complex nature of the kinetic effects which may influence 
the oxygen isotope composition of calcite. Speleothems with δ18O values lying outside 
the predicted range of equilibrium (calculated using the associated δ18O values of 
associated dripwaters) can still be utilised within speleothem palaeoclimate studies 
particularly if the disequilibrium effects can be accounted for. McDermott et al. (2011) 
demonstrated that due to the close relationships between speleothem isotope values 
and longitude, speleothems from Europe can be used as recorders of rainfall and air 
temperature during the Holocene despite not precisely reflecting calculated 
equilibrium values.  
 
 
Figure 5.20: Comparison of modelled (Kim and O’Neil, 1997; Tremaine et al. 2011) and 






Table 5.8: Determination of isotopic equilibrium using calcite plates. Actual δ18Oc values from calcite plates and modelled δ18Oc values 
calculated through Kim and O’Neil (1997) and Tremaine et al. (2011). Parameters used in the fractionation factor calculations have been 














δ18Odw δ18Odw δ18Odw Drip 
water 
source 
Kim and O'Neil (1997) Tremaine et al. (2010) 
Max Min Average Max Min Average Max Min Average 
CP11 1 year -5.78 0.94 0.37 286.57 -5.24 -6.34 -5.79 P3 I* -5.19 -6.29 -5.74 -4.11 -5.21 -4.66 
CP13 ~1.5 - 2 
years 
-4.01 2.75 0.4 286.57 -5.24 -6.34 -5.79 P3 I* -5.19 -6.29 -5.74 -4.11 -5.21 -4.66 
CP1-
15 
~1.5 - 2 
years 
-4.79 0.19 0.62 286.57 -5.28 -6.42 -5.72 P1 I* -4.97 -6.36 -5.67 -3.89 -5.03 -4.59 
P1-16 1 year -5.04 0.28 0.01 286.57 -4.53 -6.36 -5.44 P1 I Apr-
15 to 
Apr-16 
-6.66 -4.16 -5.38 -3.39 -5.22 -4.30 
P3-16 1 year -5.18 0.80 0.65 286.57 -4.53 -6.36 -5.44 P1 I Apr-
15 to 
Apr-16 





-5.29     286.69 -5.69 -6.63 -6.16 P1 I Apr-
16 to 
Sep-16 





-5.60 0.09 0.02 287.04 -5.56 -5.92 -5.74 P1 I Oct-
16 to 
Mar-17 
-5.60 -5.96 -5.78 -4.51 -4.87 -4.69 
P2-16 1 year -4.23 0.13   286.86 -5.57 -6.41 -5.99 P1 I Apr-
16 to 
Mar-17 





-4.71 0.71 0.61 286.69 -5.69 -6.63 -6.16 P1 I Apr-
16 to 
Sep-16 





-4.90 0.26 0.77 287.04 -5.56 -5.92 -5.74 P1 I Oct-
16 to 
Mar-17 




Analysis of calcite plates has provided evidence for kinetic deposition of calcite 
through within-plate variability in oxygen isotope values and positive correlation of 
δ18O and δ13C values. However, modelling of calcite using drip water isotope 
composition has highlighted the complexities when predicting isotopic equilibrium 
with δ18Odw calculated through either the Tremaine et al. (2011) or the Kim and O’Neil 
(1999) equations. However, variability within plates (even those indicated to be in 
isotopic equilibrium) demonstrates the importance of sampling along the central 
growth axis and stresses the limitations of a Hendy test for testing isotopic equilibrium 
deposition in speleothem studies.  
 
5.6 Karst hydrological modelling of the oxygen isotope 
composition of cave dripwaters and calcite 
The oxygen isotope composition of speleothems is influenced by various processes 
including the isotopic composition of precipitation, mixing within the soil, vadose zone 
and cave and within cave oxygen isotope fractionation (Hartmann and Baker, 2017). 
Baker and Bradley (2010) demonstrated that variations in karst hydrology can lead to 
interannual variability of 0.5-1.2‰ in the δ18O values of speleothem calcite. Therefore, 
karst hydrological variability may influence the oxygen isotope composition of 
speleothems which could modify interpretation of palaeoclimate records.  Forward 
modelling approaches combine δ18O values from precipitation, surface climate 
parameters and a relatively simple karst model to model the δ18O values of cave drip 
water and speleothem calcite (Baker and Bradley, 2010; Bradley et al., 2010; 
Hartmann and Baker, 2017). Hydrological modelling of the oxygen isotope systematics 
allows variability related to karst hydrological processes to be accounted for within 
interpretations of speleothem palaeoclimate records (Bradley et al., 2010; Hartmann 
and Baker, 2017).  
5.6.1 Modelling of drip water and the oxygen isotope composition of calcite 
A simple spreadsheet-based forward model was used to quantify the uncertainty in 
speleothem oxygen isotope records related to processes within the overlying soil and 
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karst above Cueva de las Perlas (Baker and Bradley, 2010). The spreadsheet was 
acquired from A. Baker (pers. comm) and is the same linear hydrological model used 
in the Baker and Bradley (2010) study which is summarized in figure 5.21. Monthly 
precipitation amount, monthly average temperature and the oxygen isotope 
composition of precipitation (δ18Op) were the inputs into the model. Precipitation and 
temperature were used to calculate water excess using the Thornthwaite (1948) 
equation (eq. 5.1). Annually weighted δ18Op was calculated and input into the model.  
The model parameters were the total storage capacity (S), the amount of water stored 
in the reservoir at any given time (St), the initial reservoir capacity (Sti) and the outflow 
rate (v) (figure 5.21). Within the model, reservoir capacity, initial reservoir capacity 
and outlet size were altered to model different scenarios. The output is modelled 
δ18Odw which was then converted into modelled δ18Oc assuming equilibrium 
fractionation between δ18Odw and δ18Oc using the equation of Tremaine et al. (2011 – 
























Figure 5.21: Schematic of the karst hydrological model of Baker and Bradley (2010). 
The diagram is redrawn based upon that presented in Baker and Bradley (2010). In the 
diagram W is mean annual water excess (or amount of infiltration into the karst), S is 
the total storage capacity within the reservoir, Sti is the initial reservoir capacity, St is 
the total storage capacity at a given point and v is the outlet size. 
 
Three models were run with the altered parameters listed in table 5.9. The models 
used data from Matienzo rainfall, temperature and δ18Op from 2012-2017. Data from 
before Feb-2015 were collected by Smith (2014) and for months without data monthly 
averages were used. This model accurately portrays the system as it uses climatic data 
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collected from Matienzo and runs between September to August which captures the 
hydrological year. 
Table 5.9: Parameters used within the hydrological models. W represents the mean 
annual water excess which for Matienzo was calculated to be 1023mm per year.  
Model S Sti v 
Model 1 Six times 
W 





Model 2 2000 times 
W 




Model 3 Six times 
W 
66% of S 100% W 
50% of S 
33% of S 
 
Model 1 (figures 5.21 1A and 1B) was produced by modelling changes in v at 20%, 40%, 
60%, 80% and 100% of the mean annual water excess. In this model, S is six times 
mean annual water excess and Sti is 66% of total reservoir capacity. Figure 5.22 1A 
indicates there is a low inter-annual variability (<0.4‰) at all outlet sizes. At higher 
output sizes (v), the impact of variable annual water excess is evident. For example, it 
is evident that 2015, a year of low water excess, was followed by a year of high water 
excess in 2016 and this is demonstrated by a 0.36‰ decrease in δ18Odw (where v = 
100% W). It must be noted that inter-annual variability in δ18Odw is muted at the 
majority of outlet sizes, with variability across the record typically <0.4‰. As a 
consequence, the δ18Oc model (figure 5.22 1B) indicates minimal inter-annual 
variability (<0.4‰) in the oxygen isotope composition of calcite.  
Model two has been produced by increasing S to 2000 times mean annual water 
excess and setting Sti to 10%. Variations in v have been modelled at 10%, 100%, 150% 
and 200% of mean annual water excess. Minimal variability is expressed in δ18Odw 
values in model 2 with variation of 0.01‰ (figure 5.22 2A) as a result of the large 
volume of water stored within the reservoir. This model limits inter-annual variability 
based upon the high volume of water within the reservoir and therefore mixing of 
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water reduces the impact of any annual variation in δ18Odw and δ18Oc values (figure 
5.22 2B).  
In Model 3, S is set to six times mean annual water excess, v is equivalent to mean 
annual water excess and Sti is varied to 66%, 50% and 33% of S (figure 5.22 3A). 
Variations in the δ18O composition of dripwater are exhibited in years of high water 
excess following a year of low water excess and vice versa. An example is shown by a 
modelled 0.65‰ decrease in δ18Odw values between 2015, a year of low water excess, 
and 2016, a year of high water excess (where Sti = 33% of S). This relationship is also 
demonstrated by a fall of 0.67‰ in δ18Oc values (figure 5.22 3B). Therefore, smaller 
initial reservoir sizes demonstrate an increased sensitivity to variations in water excess 




Figure 5.22: Modelled oxygen isotope values from three hydrological models. The 
models were produced using the Baker and Bradley (2010) model. Modelled results are 
δ18Odw (1A, 2A and 3A) and δ18Oc (1B, 2B and 3B) for years between 2012-2017 
inclusive. 
 
5.6.2 Karst hydrological δ18O modelling and calcite plate variability  
Calcite plates CP1-15 and CP1-16 are used herein to assess the models of inter-annual 
variability in δ18O values for modelled calcite. The calcite plate δ18O values record a 
0.25‰ reduction in 2016 relative to 2015. This variability may arise from the relatively 
low water excess (1070mm) compared to the higher water excess (1347mm) in 2016 
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which is predicted by the models as a reduction in δ18Odw and δ18Oc values. Due to the 
low water excess in 2015, initial reservoir size in 2016 is reduced. Consequently, the 
lowered δ18Op value of -6.67‰ (compared to the higher δ18Op value of -5.39‰ from 
2015) is reflected in the modelled δ18Odw values. Variability of -0.25‰ is predicted in 
modelled δ18Oc values between 2015 and 2016 in model 1 when outlet size is modelled 
as 40% of water excess, with a reservoir capacity six times the mean annual water 
excess and an initial reservoir size of 66%.  
 
5.6.3 Summary 
The models in this section were produced using temperature, precipitation and δ18Op 
data collected from Matienzo between 2011-2016. The various models produced 
demonstrate the inter-annual variability in dripwaters and calcite is minimal (<0.4‰). 
Therefore, inter-annual variations in karst-hydrology have a negligible influence on the 
isotopic composition of dripwaters and subsequently speleothem calcite. The one 
exception to this is when changes to the size of the initial reservoir are applied. 
Shrinking the initial reservoir size (model 3) leads to inter-annual shifts of ~0.7‰ when 
water excess is variable. It must be noted these shifts are significant at inter-annual 
timescales, but the resolution of the current project will act to average out this 
variability.   
 
5.7 Evaluating PCO2 in dripwaters 
5.7.1 Dripwater saturation state and CO2 equilibrium with cave air 
Dripwater saturation state and PCO2 provide information about the extent of 
degassing. Drip water PCO2 should be in chemical equilibrium with cave air PCO2 and 
therefore drip water saturation state is a function of cave air PCO2 (Tremaine et al., 
2011). Cave atmosphere has a lower PCO2 than the cave drip waters, hence this drives 
the degassing and drip waters lose CO2. This means there should be a fall in dripwater 
PCO2 as pH increases and precipitation of CaCO3 occurs increasing the saturation state. 
Drip water PCO2 has been calculated through WEB_PHREEQ (Saini-Eidukat and Yahin, 
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1999; Saini-Eidukat, 2018) and the results have been compared to monthly cave air 
CO2 (figure 5.23). WEB-PHREEQ is an online version of the PHREEQC aqueous 
geochemical modelling program of Parkhurst (1995) and is accessible online (Saini-
Eidukat and Yahin, 1999; Saini-Eidukat, 2018). Inputs into the model were pH, 
temperature, bicarbonate (calculated through Ca + Mg ueq/l), cations (Ca, Na, K and 
Mg) and anions (Cl and SO4). The drip water PCO2 lies distinctly above the equilibrium 
line predicted by Tremaine et al. (2011) suggesting that the drip waters within Cueva 
de las Perlas were not completely degassed prior to collection and therefore do not 
lie in equilibrium with PCO2 of the cave air. It is unexpected that none of the waters 
lie upon the equilibrium line as the majority of the waters have been collecting in the 
for cave one month or more (bulk and pool waters).  
 
Figure 5.23: Monthly cave air CO2 (ppm) and drip water PCO2 (ppm).  
Tremaine et al. (2011) identified a strong hyperbolic relationship between cave air 
PCO2 and drip water saturation state. In the Cueva de las Perlas drip waters, the 
saturation state does not correlate to dripwater PCO2 (R2 = 0.06) (figure 5.24A) or cave 
air PCO2 (R2 = 0.02) (figure 5.24B). This relationship supports the findings in figure 5.23 
suggesting incomplete degassing of dripwaters or potentially equilibration of waters 




Figure 5.24: Relationships between calcite saturation index (SIc) and dripwater PCO2 
(A) and SIc and monthly cave air PCO2 (B).  
However, instantaneous samples demonstrate a correlation between saturation state 
and PCO2 dripwater (figure 5.25A).  A positive correlation between the variables in 
figure 5.25A suggests instant waters have degassed and precipitated CaCO3 as a result 
of PCO2 dripwater equilibration with PCO2 cave air prior to collection (Tremaine et al., 
2011). Additionally, the correlation shown in figure 5.25B suggests that it is more 
useful to compare instantaneous waters and spot measurements taken on the same 
day. Therefore, future studies should aim to collect instantaneous waters over a 









Figure 5.25: Relationships between instantaneous drip water saturation state, drip 
water PCO2 and cave air PCO2. Instantaneous drip water saturation state and drip 
water pCO2 (A) and drip water saturation state and cave air PCO2 (B). Cave air PCO2 
measurements represent spot measurements taken when drip water sampling was 
undertaken. 
 
Section 4.4.3 demonstrated the variable CO2 concentrations within Cueva de las Perlas 
are related to diurnal oscillations in temperature dynamics between external and 
internal temperatures. As CO2 is variable on a short-term basis, the measurement of 
CO2 taken on the collection date may not be the same as when the water degassed 
and therefore instantaneous measurements provide a better indication of the true 
nature of the relationship between saturation state and PCO2 in the dripwaters and 
cave air. Additionally, as highlighted by Smith (2014), high PCO2 dripwater may reflect 
limitations of bulk collection techniques. The bulk water collection method limits air 
flow and water may be equilibrating with an artificially high PCO2 atmosphere as a 
result. However, the diurnal oscillations in PCO2 of cave air may cause the cave waters 
to always lie out of equilibrium with cave atmospheric conditions.  
 
5.7.2 Summary 
The saturation state of waters from Cueva de las Perlas does not appear to be a 
function of cave air PCO2 as predicted by Tremaine et al. (2011). However, this may be 
 172 
 
due to a longer residence time in the cave prior to collection. Subsequently, future 
studies should aim to examine contemporaneous instant water samples and cave air 
PCO2.  Alternatively, this may be a function of rapidly changing cave air PCO2 which 
results in disequilibrium between cave drip waters and prevailing cave atmospheric 
conditions.  
 
5.8 Electrical conductivity in dripwaters 
5.8.1 Spot measurements of electrical conductivity 
Spot measurements for pools, instantaneous and ephemeral drips were carried out 
during field visits. Bulk water spot measurements of EC have been measured monthly. 
Electrical conductivity measurements for each of the drip water types are displayed in 
figure 5.26. Electrical conductivity varies seasonally and for the majority of water types 

















Figure 5.26: Electrical conductivity spot measurements from instantaneous drips (A), 
bulk waters (B), pools (C) and ephemeral drips (D). 
 
5.8.2 Continuous P2 record of electrical conductivity 
A continuous record of specific conductivity (at 25°C) (referred to herein as electrical 
conductivity) has been collected since Jun-15 from the P2 drip site (figure 5.27) using 
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the method described in section 3.5.4.2.  The overall range of the dataset is 
0.053mS/cm with a minimum value of 0.324mS/cm and a maximum value of 
0.377mS/cm. The average value of the dataset was 0.337 mS/cm with annual average 
values of 0.344 mS/cm, 0.336 mS/cm and 0.337 mS/cm for 2015, 2016 and 2017 
respectively.   
 
 
Figure 5.27: Hourly electrical conductivity at 25°C for P2 water. 
 
5.8.3 Mechanisms driving electrical conductivity variability 
5.8.3.1 Karst hydrology and drip rates 
Previous studies have identified karst residence times as a forcing mechanism driving 
variations in electrical conductivity (Borsato, 1997; Miorandi et al., 2010). In these 
studies, periods of water deficit increase residence times of water in the karst and lead 
to a subsequent rise in EC. However, rock water contact times do not appear to drive 
EC variations in Cueva de las Perlas (figure 5.28), with a distinct decline in EC during a 
period of water deficit in Sep-15. 
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 A drip rate control has previously been identified in other studies such as Genty and 
Deflandre (1998) and Fernandez-Cortes et al. (2007) related to increased hydraulic 
pressure associated with periods of high water excess. An increase in EC and drip rate 
is observed as supersaturated waters are forced out of pores and microfissures in the 
karst. The decline in EC in Sep-15 is accompanied by a distinct decline in drip rate and 
occurs during a period of water deficit (figure 5.28). However, after Jan-16 the 
variability in EC appears to be independent of drip rate and therefore, drip rate cannot 
be the primary forcing mechanism driving electrical conductivity variations.  
 
Figure 5.28: Electrical conductivity and drip rate. Both hourly electrical conductivity 
and monthly bulk measurements are shown alongside the P2 hourly drip rate record. 
Arrows mark manual logger repositioning by the PI. Yellow shading denotes periods of 
water deficit. 
5.8.3.2 Carbon dioxide 
A third control mechanism is proposed as electrical conductivity (EC) varies during 
relatively “stable” periods of drip rate and water excess conditions. This final 
mechanism is related to variations in CO2 with periods of reduced CO2 corresponding 
to decreases in EC.  
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The seasonal relationship demonstrated by the spot measurements breaks down 
when individual events are considered within the P2 continuous EC record. The P2 
continuous EC record demonstrates rapid responses in EC corresponding to variability 
in CO2 concentrations (figure 5.29). In addition, daily CO2 and daily EC from P2 exhibit 
a positive correlation of 0.74, 0.51 and 0.62 for 2015, 2016 and 2017 respectively 
(figure 5.30). High CO2 concentrations within the cave result in limited degassing 
potential of infiltrating drip water and therefore retain Ca2+ ions in the solution. In 
contrast, low CO2 concentrations within the cave enhance degassing and remove Ca2+ 
ions from the solution due to CaCO3 precipitation thereby decreasing EC values.  
 
 
Figure 5.29: Hourly CO2 and hourly electrical conductivity from the P2 drip site.  
Section 4.4 demonstrated cave air CO2 responds rapidly to ventilation changes when 
external temperatures fall below internal cave temperatures. The differences in 
temperature result in a density driven air flow between the external and internal 
environments and lead to a reduction in CO2 within the cave due to the inflow of 
external CO2-poor air. This ventilation occurs throughout the year and even in summer 
external temperatures exhibit a large diurnal range and ventilation within the cave 
occurs. When ventilation is strong EC decreases as a result of reduced CO2 in the cave 
which enhances the degassing of drip waters resulting in calcite precipitation and loss 
of Ca2+ ions from the solution. Conversely when ventilation is weak, high CO2 levels 
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act to limit degassing of drip waters and EC remains relatively high. This pattern has 
previously been identified in nearby Asiul Cave by Smith et al. (2015). 
 
Figure 5.30: Scatter plot of daily electrical conductivity and daily cave air CO2 organized 
by year. 
 
5.8.3.3 Short-term oscillations in EC 
Logging was undertaken at hourly and sub-hourly intervals for EC, CO2, cave pressure, 
internal temperature and external temperature; providing a unique insight into the 
chemical responses of dripwaters to variations in cave ventilation dynamics either 
through density-driven ventilation or through pressure-influenced ventilation. This 
section will use a case study from June 2017 to examine the EC response to variations 
in ventilation dynamics.   
June 2017 EC case study 
The addition of EC data builds upon the pressure-model discussed in section 4.4.3.5. 
Between 10/6/17 and 28/6/17 external temperatures were consistently higher than 
cave temperatures (figure 5.31). As a result, density-driven ventilation was weakened 
and there was a subsequent build-up of CO2 within the cave which lead to a gradual 
rise in EC. However, the sharp rise in EC on 17/6/17 is coincident with the onset of 
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declining external pressure. A reduction in pressure would lead to a pressure gradient 
between external and internal air and result in the movement of air out of Cueva de 
las Perlas. A fall in cave pressure would act to draw down CO2-rich air from the karst, 
increasing cave air CO2 which would limit degassing and concentrate Ca2+ ions in 
solution. Therefore, the parameters in June 2017 identify a period of weakened 
density-driven cave ventilation causing CO2 concentration to rise within the cave. This 
regime is heightened by a period of low pressure leading to the addition of karstic CO2-
rich air into the cave void. 
 
5.8.4 Summary 
Electrical conductivity in Cueva de las Perlas dripwaters has varied throughout the 
monitoring period.  Prior to Jan-16, variations appear to coincide with low drip rates 
during periods of water deficit (section 5.8.3.1). However, this relationship is not 
consistent and variations in density-driven and pressure-induced ventilation have 





Figure 5.31: Dripwater electrical conductivity and monitored cave parameters 





5.9 Dissolved inorganic carbon in dripwaters 
5.9.1 Seasonality in dissolved inorganic carbon 
5.9.1.1 Seasonal trends in δ13C values 
Carbon isotopes within dissolved inorganic carbon were measured in the Cueva de las 
Perlas dripwaters between Aug-15 to Jul-16 and Apr-17 to Dec-17. Primarily bulk 
water was sampled monthly but instantaneous samples were taken by the PI during 
fieldwork. The bulk water data is presented in figure 5.32. P1 bulk waters demonstrate 
the largest range of 4.83‰ whilst those of P2 and P3 are smaller at 3.89‰ and 3.68‰ 
respectively. Although a full year was not sampled, the highest δ13C values occur in 
late summer (Sep-15) and the lowest in winter and early spring (Jan-16 and Mar-17).  
 
 






5.9.1.2 Soil and vegetation processes as drivers of seasonal δ13C change 
Seasonal productivity as a function of temperature and moisture availability may 
influence the carbon isotope composition of cave dripwaters. Figure 5.33 presents soil 
CO2 and δ13C values from the three bulk water collections (P1, P2 and P3) as well as 
monthly soil temperature. In 2015, maximum δ13C values lag maximum summer 
temperatures by ~3 months. However, the 2016 and 2017 data do not appear to 
conform to this trend. This may relate to missing data within the soil temperature 
record and DIC samples. It must be noted that not all of the variability within the DIC 
record can be explained by variations in soil temperature and soil CO2 and therefore 
the influence of a secondary mechanism is investigated below.  
 
Figure 5:33: Soil temperature, soil CO2 and δ13C values from bulk waters. Bars indicate 
soil temperature. 
5.9.1.3 Karst hydrological processes as drivers of seasonal δ13C change 
Variations within carbon isotopes appear to correspond to changes in water 
excess/deficit and therefore are partly a function of the amount of water infiltrating 
into the karst system (figure 5.34). Periods of water deficit correlate to increases in 
carbon isotope values. Two processes may be responsible for increased δ13C values 
within the dripwater during periods of water deficit, bedrock dissolution and/or prior 
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calcite precipitation.  Both processes would lead to an increase in carbon isotope 
values in the drip waters. However, not all increases in carbon isotope values 
correspond to periods of water deficit. The erratic nature of the bulk water carbon 
isotope composition may be an artefact of the bulk water collection method.  Bulk 
waters have collected over a period of one month and the effect of within-cave 
degassing cannot be determined. Therefore, instantaneous values have also been 
considered below.  
 
Figure 5.34: Carbon isotope values from bulk water collections. Periods of water deficit 
are represented by the orange shading.  
5.9.2 Dissolved inorganic carbon in instantaneous dripwaters 
The carbon isotopes in the instantaneous drip waters are significantly lower than 
those collected from the bulk collections (table 5.10, figure 5.35). This pattern would 
be expected as bulk waters have time to degas and under Rayleigh-fractionation 
processes lighter 12C is lost to the cave void. Clark and Fritz (1997) have established 
equilibrium fractionations for δ13C from soil gas to drip water CO32- as an enrichment 
of 8.6‰ in 13C between phases at 15°C. Smith (2014) previously calculated an 
equilibrium dissolved carbon δ13C value of ~-10.1‰ based upon average soil carbon 
isotope values of -18.7‰. However, data collected between 2015-2017 indicate a 
lowered soil gas δ13C value with an average of -22.02‰. Therefore, in this study, the 





Table 5.10: Average instantaneous and bulk carbon isotope values for the different 
drip sites.  
Sample  Instantaneous Bulk 
P1   -11.46 -7.31 
P2   -11.39 -7.09 
P3   -9.81 -7.09 
 
The solid arrow on figure 5.34 demonstrates the theoretical equilibrium between 
average soil air and cave waters. The dashed arrow represents the additional 
fractionation undergone by the P1 instantaneous waters. The instantaneous and bulk 
waters presented in figure 5.34 are less negative than the theoretical dissolved carbon 
δ13C value (-13.42‰) representing additional fractionation. 
Prior calcite precipitation and bedrock dissolution are the proposed mechanisms 
driving the increase in δ13C values within instantaneous drip waters.  Prior calcite 
precipitation within the karst leads to a preferential incorporation in 12C within 
carbonate and leaves the solution enriched in 13C. Bedrock dissolution within a closed 
system will also act to increase δ13C values within drip waters (Smith, 2014). The 
influence of within cave processes such as degassing is interpreted herein as minimal 
due to the collection time of less than 24hours.  
 
5.9.3 Summary 
Dripwaters within Cueva de las Perlas demonstrate an isotopic enrichment in 13C 
relative to the soil air. Karst processes such as bedrock dissolution and PCP have 
increased δ13C values within the cave dripwaters. Further investigation of the 
influence of these processes on trace elements is shown in section 5.10. Finally, 
degassing has led to higher carbon isotope values within the bulk and pool waters 

























Figure 5.35: Carbon isotope values for cave, external and soil air and instantaneous, bulk and pool water plotted against log pCO2. Carbon 
isotope values of air samples and CO2 values are taken from section 4.4. Cave water isotope values are presented as δ13CDIC (this section) 
and PCO2 was calculated in section 5.7. 
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5.10 Trace element concentration of dripwaters 
5.10.1 Rainfall element chemistry 
Water sampled at monthly intervals was analysed for an array of trace elements (Ca, 
K, Mg, Na, Si, Sr, Cl, SO4 and NO3) and the averages are presented in table 5.11. The 
samples used within the averages were collected between May-15 and Sep-16. Trace 
element concentrations of Ca, Mg, Si, SO4 and NO3 within rainfall remain relatively low 
compared to cave water. The low concentrations of these elements in rainwater 
compared to cave water advocates that these elements are sourced from within the 
soil and karst. The exception to this is SO4 where there is minimal difference between 
the rainwater and cave water. The SO4 within the rainwater may be derived from 
marine sources or from atmospheric pollution but these cannot be confirmed due to 
the absence of δ34S isotope analysis.  


























35.11  0.88 23.89 4.77 199.94 7.33 8.41 3.316 2.468 
LOD 0.44 0.10 0.04 0.21 15.73 1.56 0.03 0.287 0.004 
Blank 
stdev 
0.15 0.04  0.01 0.07 5.24 0.52 0.01 0.096 0.001 
 
5.10.2 Rock trace element chemistry 
Bedrock samples were taken and analysed according to the methodology described in 
section 3.6.4.4. Rocks were sampled from the cave entrance (RCE), cave roof (RCR) 
and area outside overlying the cave (ROC). Trace element concentrations (Ca, K, Mg, 
Na and Sr) from the different rock sample types are displayed in table 5.12. Measured 
Ca concentrations were converted to a stochastic distribution of 400,000ppm (mg/kg) 
in calcite and all other element concentrations have been calculated to the 
stoichiometric Ca concentration (Jochum et al., 2011). The high concentrations of 
magnesium in the overlying rocks suggests a Mg-rich host rock such as dolomite 
(CaMg(CO3)2). This agrees with the work of Dewit et al. (2014) who proposed evidence 
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for the occurrence of a large stratabound hydrothermal dolomite in Matienzo, 
particularly on the El Naso hillside in which Cueva de las Perlas is situated. Calcite has 
been identified to be interbedded within the dolomite and this may explain the 
variability of Mg values between different rock types.  
Table 5.12: Trace element concentrations for bedrock samples. Data are presented in 
ppm. 
Sample Ca K Mg Na Sr 
RCE 1 400,000 788 179,694 1,639 76 
RCE 2 400,000 273 49,884 642 21 
RCR 400,000 1024 93,679 1,147 16 
ROC 1 400,000 586 206,421 1,096 46 
ROC 2 400,000 526 199,288 859 47 
ROC 3 400,000 631 223,122 2,787 47 
 
5.10.3 Drip water element chemistry 
5.10.3.1 Overview 
The majority of trace elements within dripwaters (and subsequently speleothems) are 
derived from the soil, vegetation and karst and this is demonstrated in table 5.11 by 
the concentrations of Ca, Mg, Si and NO3 in dripwater being consistently higher than 
those in rainfall.  
Incorporation of elements into infiltrating waters occurs through the following 
processes:  
• Colloidal and particulate flushing (e.g. Fairchild and Hartland, 2010; Hartland 
et al., 2012) characterized by key trace element indicators, including Zn, Pb, Y 
and also P. 
• Bedrock dissolution (e.g. Fairchild et al., 2000; McDermott, 2004) 
characterized by high concentrations of Ca, Mg, Sr and Si within drip waters 
• Soil biogeochemical processes (e.g.Treble et al., 2003; Borsato et al., 2007) 




Residence time within the soil and karst is the primary process controlling the uptake 
of elements. When residence times are longer, chemical weathering releases ions 
from the less soluble sections of karst. In contrast, shorter residence times only allow 
for the mobilisation of pre-existing solutes and elements attached to colloids and 
particles (Fairchild and Treble, 2009).  
5.10.3.2 Assessment of karst evaporation  
Evaporative processes within the karst can be demonstrated through analysis of the 
SO4/Cl ratios and the SO4 and Cl concentrations within rainfall and cave drip water. 
Under evaporative conditions, concentrations of SO4 and Cl will increase however the 
SO4/Cl ratio will remain constant. Cl is assumed to be conservative and therefore any 
enhancement in concentration must be due to evaporation. Increases in the 
concentration of other elements due to evaporation can therefore be calculated. If 
the ratio to chloride changes, other drivers of concentration must also be present 
within the system. 
In the Cueva de las Perlas dripwaters, there is an enrichment in SO4 (0.28ppm) and Cl 
(2.62ppm) relative to rainfall. The SO4/Cl ratio is not consistent between rainfall and 
cave drip waters. Therefore, it is proposed evaporative processes are not responsible 
for the enrichment of SO4 and Cl in cave dripwaters. 
The larger increase in Cl values relative to SO4 in cave dripwaters compared to 
precipitation may be a result of SO4 loss or Cl enrichment. Sulphate could be lost via 
SO4 reduction or uptake of SO4 by vegetation through assimilation. Additional Cl may 
be added to the solution by redissolution of salts. However, the influence of these 
processes remains difficult to distinguish unless isotopic analyses of sulphur are 
undertaken (Wynn et al., 2013).  
5.10.3.3 Seasonality in drip water 
The trace element data for the three bulk drip water collections (P1, P2 and P3) are 
presented in figure 5.36 and represent monthly collection between Apr-15 to Sep-17. 
Ca and Na values demonstrate peaks in winter. Mg values appear to peak in late 
summer or early autumn. Sr values demonstrate a peak in winter or early spring. K 
concentrations are variable throughout the year and do not appear to show seasonal 
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cycles. The anions presented in figure 5.36 (Cl, SO4 and NO3) only record a year and a 
half and therefore true assessment of seasonal cycles is inhibited. However, within the 
data, Cl demonstrates a clear peak at all sites during Apr-16. SO4 and NO3 
concentrations appear to vary throughout the year and no seasonal cycles have been 
identified.  
The karst hydrology overlying each of these drips has been shown to be complex 
(section 5.3) and because of this complex hydrology, varying patterns of trace element 
concentrations have been identified. For example, P2 demonstrates a complicated 
trace element signal with minimal seasonal variability demonstrated within the 
different elements. In contrast, P1 demonstrates evidence for seasonal cycles in Mg, 
Ca, Na, Sr and Cl. Concentrations for other elements including Zn, Fe and Mn were 









































Figure 5.36: Trace element concentrations in bulk waters (P1, P2 and P3). 
Concentrations are given in ppm.  
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5.10.3.4 Influence of karst hydrology on trace element concentrations in dripwaters 
The relationship between different trace elements and between trace elements and 
karst components such as drip rates or water excess can enhance understanding of 
karst processes. Assessment of these relationships using modern karst and dripwater 
monitoring (water excess, drip rates and trace element chemistry) can identify karst-
water interaction processes such as PCP and ICD, rock-water contact times, karst 
hydrology and within-cave degassing dynamics.  
Section 5.8.3.2 demonstrated rapid diurnal oscillations in CO2 concentration led to 
changing EC values as a result of degassing. This pattern cannot be assessed using the 
monthly resolution of the trace element data. However, this section will assess the 
influence of drip rates, water excess and karst-water interaction processes on trace 
element chemistry.  
Drip rate influence on Ca concentrations 
The simplest of these relationships is between Ca and drip rate and section 5.8.3.1 
assessed the influence of drip rate on EC concentrations which are predominantly 
composed of Ca and CO3 in cave drip waters. During periods of reduced drip rate, the 
Ca concentration of the bulk drip water decreases due to degassing of CO2 within the 
cave which results in loss of Ca2+ ions from the remaining solution. Conversely, when 
drip rate increases, the greater volume of dripwater being delivered will release CO2 
into the cave atmosphere, thereby raising cave air CO2 concentrations. Consequently, 
degassing will be restricted and CaCO3 precipitation will be reduced, retaining Ca in 
solution and minimizing a fall in EC.  
Ca concentrations from the three bulk water collection sites are plotted in figure 5.37 
alongside drip rates from associated drip sites. P2 bulk waters appear to track drip rate 
trends particularly in the period prior to Dec-16. However, in each of the records the 
relationship between drip rate and Ca is not clear as shown by an R2 of 0.03 between 
monthly drip rate and monthly Ca concentration (figure 5.38). Therefore, other forcing 
mechanisms must be explored to determine the processes driving Ca.  This 
relationship supports the findings in section 5.8.3.1 that EC is not primarily driven by 













Figure 5.38: Monthly average drip rate (P1, P2 and P3) plotted against monthly bulk 
water Ca for the three different drip sites. Bulk water Ca concentrations have been 
plotted against associated drip rate.  
Prior calcite precipitation and incongruent calcite dissolution evidenced through trace 
element chemistry  
Karst hydrological components such as drip rate and water deficit/excess influence 
other elements including Mg and Sr. The two processes of incongruent calcite 
dissolution (ICD) and prior calcite precipitation (PCP) influence the concentrations of 
Mg and Sr in cave drip waters within the karst. Incongruent calcite dissolution 
influences Mg and Sr by either: 
• Preferential leaching of Mg and Sr during fresh bedrock dissolution  
• Or through re-dissolution of previously deposited CaCO3 within the karst 
(Sinclair, 2011). 
Through either of the processes above, ICD results in an enrichment of Sr and Mg 
relative to Ca in solution.  
Prior calcite precipitation occurs when infiltrating waters degas along the flow 
pathway preferentially incorporating Ca into the CaCO3 precipitate. Consequently, 
there is a significant reduction in Ca and an increase in the trace element to Ca ratio. 
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PCP occurs when infiltrating waters have time to degas and has been associated with 
drier conditions (Fairchild et al., 2000; Fairchild and Treble, 2009).  
The relationships between Mg/Ca, Sr/Ca, drip rate and water excess/deficit for the 
three bulk collection sites are shown in figure 5.39. Peaks in Mg/Ca and Sr/Ca 
correspond to periods of reduced drip rate and negative water excess at all three drip 
sites. This relationship is indicative of karst-water interactions such as PCP or ICD. 
Differential partitioning of elements within the crystal lattice during these processes 
gives rise to distinctive elemental ratios within the drip waters. Therefore, these ratios 
can be used to identify calcite/bedrock dissolution and CaCO3 deposition within the 






























Figure 5.39: Mg/Ca, Sr/Ca and drip rates for P1, P2 and P3 bulk collection sites. Orange 
bars indicate periods of water deficit. Sr data was not collected between Apr-16 and 
Nov-16 due to technical difficulties with the ICP-OES method.  
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Karst-water interactions can be backward modelled using the partition coefficient for 
Mg and Sr combined with MIX-4 modelling. Karst-water interaction processes are 
associated with a partition coefficient (K) calculated through eq. 5.8.  
(Tr/Ca)CaCO3 = K x (Tr/Ca)solution       Eq. 5.8. 
Where Tr represents a trace element (commonly Mg or Sr) (Fairchild et al., 2006b). 
The value of K is typically <<1 (Morse and Bender, 1990; Huang and Fairchild, 2001) 
and therefore minimal amounts of the trace element are removed during PCP, 
consequently leading to a rise in the ratios of Mg/Ca and Sr/Ca in the residual solution 
(Fairchild et al., 2006b). The theoretical enrichment lines on figures 5.40 A and B were 
taken from Fairchild and Baker (2012: figures 5.23C and D) and used data from 
Fairchild et al. 2006b. The lines were calculated using the MIX4 reaction option. In the 
reaction, solution Ca concentrations corresponding to particular PCO2 values at 
equilibrium were calculated using CO3 as -1 equilibrating with CaCO3. Partition 
coefficients of 0.04 and 0.1 were used to calculate changes in Mg and Sr respectively. 
Trajectories were modelled using a higher Mg source rock (5 times that used by 
Fairchild and Baker, 2012) and a much lower Sr source (2.5% of that used by Fairchild 
and Baker, 2012) to reflect the dolomitic bedrock composition overlying the Cueva de 
las Perlas cave system (section 5.10.2).  
Waters from all sources within Cueva de las Perlas lie along the theoretical PCP 
trajectory for both Mg/Ca and Sr/Ca (figures 5.40 A and B). This pattern would indicate 
that karst-water interactions (such as PCP and ICD) are occurring year-round in Cueva 
de las Perlas. It is apparent that instant waters from the three drip sites are less 
evolved than corresponding bulk waters e.g. figure 5.41 shows the Ca and Mg/Ca 
values for P1 instant waters and associated P1 bulk waters throughout the monitoring 
period. The discrepancy may relate to the bulk sampling technique although this is 
unlikely due to the spread-out nature of the bulk water values along the PCP line. A 
second reason may relate to the low-resolution sampling of the instantaneous waters 
which may not capture the full variability within the dataset. The final reason may 





Figure 5.40: PCP lines for ephemeral, instantaneous, bulk and pool water data. A shows 
the spread of the Cueva de las Perlas data around the Mg/Ca PCP line whilst B 
demonstrates Sr/Ca. PCP lines were calculated using Fairchild and Baker (2012). 
 
Figure 5.41: PCP line for Mg/Ca showing P1 instant waters and P1 bulk waters. PCP 
lines were calculated using Fairchild and Baker (2012). 
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Ephemeral waters demonstrate a wide spread of Mg/Ca and Ca values along the PCP 
line (figure 5.40) and represent some of the more evolved waters in the system. This 
pattern suggests that these waters have undergone karst-water interactions due to a 
relatively significant residence time within the karst. Ephemeral waters may therefore 
be related to piston flow or reservoir overflow during periods of increased 
precipitation and do not reflect the chemistry of individual precipitation events. 
Thereby supporting the karst hydrological model presented in figure 5.14. 
A linear correlation between ln(Sr/Ca) and ln(Mg/Ca) with a theoretical slope of 
0.88±0.13 is a tracer for karst-water interactions and the minimum and maximum 
range of the slope can lie between 0.709 and 1.003 (Sinclair et al., 2012). This linear 
relationship is an indicator of waters which have interacted with calcite within the 
karst through either PCP or ICD processes (Sinclair, 2011). Drip waters from Cueva de 
las Perlas are compared to this slope (figure 5.42A) to identify potential calcite-water 
interactions in the karst overlying the cave.  
Waters from Cueva de las Perlas lie within the lower boundary of the “Max and Min” 
theory of Sinclair et al. (2012) with a slope of 0.73. Therefore, calcite-water 
interactions such as PCP and ICD may be occurring in the karst overlying the cave due 
to the slope value lying within the range predicted by Sinclair et al. (2012). 
Additionally, figure 5.42 demonstrates the influence of karst-water processes on 
dripwater chemistry is stronger in summer (figure 5.42B) than in winter (figure 5.42C). 
This relationship would be expected as during the summer months precipitation is 
reduced and temperatures increase resulting in a water deficit (section 5.2.2). As a 
consequence of the drier conditions, infiltrating waters are influenced by stronger PCP 














Figure 5.42: Assessment of the relationships between ln(Mg/Ca) and ln(Sr/Ca) in cave dripwaters. Ln(Mg/Ca) and Ln(Sr/Ca) plots for all 




5.10.4 Summary  
The majority of trace elements in cave dripwaters are derived from the vegetation, soil 
and karst overlying the cave as shown by the relatively low concentrations in 
precipitation. Trace element analysis of rocks indicates Cueva de las Perlas is situated in 
a dolomitic Mg-rich bedrock. The influence of karst-water processes such as PCP and/or 
ICD is apparent in the cave dripwaters, especially during the summer months under dry 
conditions. Smith (2014) highlighted that the processes of PCP and ICD may be masked 
by bulk water collection techniques. Subsequently, more instantaneous samples should 
be analysed.  
 
5.11 Karst and cave hydrology and their influence on speleothem 
records 
Karst and cave hydrology has been assessed in this chapter in order to accurately 
interpret palaeoclimate and palaeoenvironmental records from speleothems. Backward 
trajectory modelling has revealed ~73% of trajectories initiate from between a westerly-
northerly source and moisture is also derived from a predominantly North Atlantic 
source region. Variability in the stable oxygen and deuterium isotope compositions of 
precipitation reflects changes in precipitation amount. Water excess ultimately controls 
water infiltration into the karst and recharge of the karst aquifer occurs primarily during 
winter periods of high water excess. Stable isotope compositions of cave waters indicate 
a well-mixed aquifer and record a predominantly winter precipitation signature. Calcite 
growth plates have established within-plate stable isotope (δ18O and δ13C) variability 
dependent on distance and direction from the central growth axis. This has called into 
question the validity of the traditional Hendy test. However, equilibrium deposition of 
calcite from Cueva de las Perlas has been demonstrated through analysis of modern 
calcium carbonate and modelling through equilibrium equations. 
Infiltrating waters are transmitted through the karst primarily by diffuse matrix flow and 
the homogenised nature of the cave dripwater δ18O and δD signal suggests a well-mixed 
reservoir within the karst. There is evidence for periods of high dripwater flow 
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associated with increases in precipitation and chemical data from these waters indicates 
a significant karst residence time. Subsequently waters are allowed to mix within the 
aquifer. The flow of these waters may be through piston flow or reservoir overflow as a 
consequence of increased influx of precipitation. Variations in karst hydrology have 
been modelled and have demonstrated minimal inter-annual variability in δ18O values 
related to karst hydrological dynamics. Therefore, it is proposed that speleothem stable 
oxygen isotope values will not preserve a signature of inter-annual variations in karst 
hydrology.  
Vegetation and soil productivity have been demonstrated to influence carbon isotope 
values. However, the influence of these processes on trace elements has been difficult 
to determine due to the limits of analytical precision associated with the ICP-OES 
methodology. Within the overlying karst, carbon isotope values are fractionated by 
karst-water interaction processes such as PCP and/or ICD. Further evidence for the 
influence of these processes on infiltrating waters is also demonstrated through the 
analysis of Ca, Mg and Sr in cave dripwaters. Therefore, these geochemical indicators 
(δ13C, Mg and Sr) may be interpreted in speleothem records as proxies for aridity.  
Within the cave chamber, drip waters become further evolved due to interactions with 
PCO2. Variations in cave air PCO2 determine the degree to which drip water can degas, 










6. Speleothem records of past climate and 
environmental change from Cueva de las Perlas 
6.1 Introduction 
Three speleothems were collected for palaeoclimate and palaeoenvironmental 
reconstruction (PER0, PER10.4 and PER10.3) and these are described in sections 3.3.2 
and 3.4. This section will present the U-series ages and use these to construct age 
models. Raw geochemical data will be presented and used in conjunction with the age 
models to produce a speleothem palaeoclimate and palaeoenvironmental record for 
each of the three speleothems. The records will then be interpreted in the context of 
local past climatic and environmental change on orbital and sub-orbital timescales.  
 
6.2 Constructing a chronology for each speleothem  
6.2.1 Overview 
Speleothem chronologies have been constructed for each sample using U-Th dating. 
This method uses the decay of 238U to 230Th and has been widely applied to speleothem 
deposits dating up to 500,000 years (sections 2.6.1 and 3.6.4.1). This section will present 
the raw dates for each speleothem and discuss rejection of outliers, evaluate different 
age models and then present age models for each speleothem record.  
 
6.2.2 U-Th dates  
When the Cueva de las Perlas samples were selected within the cave their age was 
unknown and therefore initial dates were taken from the top and base of each 
speleothem. Further dates were then taken at equal intervals across each speleothem 
sample. At points across the speleothems where changes in texture or colour occurred, 
U-Th samples were taken either side as they were thought to represent changes in 
growth rate such as hiatuses. Dates for all samples taken from PER0, PER10.3 and 
PER10.4 are displayed in table 6.1.  
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Prior to age modelling, outliers were identified as different models will handle outliers 
differently. Outliers which were influenced by problems during processing or that were 
stratigraphically inconsistent were rejected prior to age modelling. During Dec-16, a set 
of samples had a low Th recovery rate which affected seven of the 20 samples in the 
batch and was most likely related to the loss of Th during chemical preparation. As a 
consequence, these seven samples were rejected from the analysis based on a low 230Th 
signal intensities. Additionally, one sample was rejected based upon a small sample size 
relative to other samples in the batch.  
Uranium series dating relies upon the assumption of a closed system. Dates which were 
rejected based upon stratigraphic age inversions likely represent a shift to open system 
behaviour or result from detrital contamination. The addition or loss of radionuclides 
from calcite after deposition is most likely to occur in the outer layer of the sample when 
it is exposed to moisture for an extended duration (Richards and Dorale, 2003) such as 



















Table 6.1: U-Th sample data for PER0, PER10.3 and PER10.4. The final three columns relate to the outlier analysis prior to age modelling. For 
samples where there are two dates, an average of the age and error has been taken. The exception to this is when the two dates did not overlap 
within error* and the younger date has been taken due to the likelihood of the older sample being contaminated as the result of problems with 
the autosampler.  Dates were rejected on the basis of low 230Th counts related to loss of 230Th during sample prep (Dec-16 run)**, stratigraphic 
age inversion (outside of associated error)*** or sample size****.  






















2606 PER0-1  Dec-17 5 101.30 0.02374 0.00018 248.7 75.78 0.65 Rejected***     
PER0 TOP Aug-15 19 112.90 0.03503 0.00154 40.2 65.31 0.86 Accepted 65.31 0.86 
2606 PER0-2 Dec-17 47 109.60 0.03838 0.00014 532.9 76.68 0.47 Accepted 76.68 0.47 
2606 PER0-3 Dec-17 63 125.40 0.09047 0.00010 1729.9 78.40 0.37 Accepted 78.40 0.37 




0.05927 0.00047 254.5 79.26 0.48 
Accepted 79.64 0.49 
0.05933 0.00047 256.5 80.030 0.499 
PER0 - 2  Dec-16/ 
Mar-17 
157 104.80 0.07117 0.00012 1190.4 83.688 0.632 Rejected* 
  
0.07110 0.00012 1189.9 81.421 0.534 Accepted 81.421 0.534 
PER0 – 3 Dec-16/ 
Mar-17 
216 109.50 0.07366 0.00024 605.0 82.688 0.538 Accepted 82.227 0.535 
0.07367 0.00024 602.9 81.765 0.532 
PER0 – 4 Dec-16/ 
Mar-17 
282 108.70 0.07928 0.00037 418.6 82.967 0.520 Accepted 82.967 0.520 







PER0 BASE Aug-15 374 80.80 0.07208 0.00032 455.7 85.369 0.533 Accepted 85.362 0.533 






















3006 PER10.3-1 Dec-17 6 105.7 0.04601 0.00027 186.6 32.400 0.192 Rejected***     
PER10.3 – 1 Dec-16 8 110.4 0.03787 0.00801 29.0 -26928434.452 0.000 Rejected**     
PER10.3 TOP Jul-16 14 115.52 0.04170 0.00621 6.9 27.941 2.398 Accepted 27.941 2.398 
3006 PER10.3-2 Dec-17 20 106 0.03175 0.00034 107.4 34.874 0.279 Accepted 34.874 0.279 
PER10.3 – 2 Dec-16 / 
Mar-17 
26 109.5 0.05514 0.00429 36.5 111.154 1.291 Rejected***   
  
  
  0.05522 0.00429 36.3 109.854 1.283 
3006 PER10.3-3  Dec-17 35 105.8 0.05257 0.00016 528.6 51.806 0.267 Rejected***     
PER10.3 below 
hiatus 
Jul-16 39 101.23 0.06738 0.00698 18.4 64.901 1.659 Rejected***     
3006 PER10.3-4 Dec-17 44 112.5 0.05095 0.00013 602.3 49.884 0.312 Accepted 49.884 0.312 
PER10.3 – 3 Dec-16 51 105.7 0.06720 0.01813 754.5 41956.917 47.207 Rejected**     
3006 PER10.3-5 Dec-17 56 107.7 0.05509 0.00012 1072.2 82.534 0.518 Rejected***     
PER10.3- 4 Dec-16/ 
Mar-17 
62 107.8 0.05253 0.00056 148.1 51.417 0.317 Accepted 51.611 0.320 
0.05252 0.00056 147.8 51.805 0.323 
PER10.3 – 5 Dec-16 72 117.2 0.05296 0.00110 77.2 53.822 0.775 Rejected**     
PER10.3 – 6 Dec-16/ 
Mar-17 
85 110.3 0.04574 0.00034 220.9 55.149 0.391 Rejected*      
0.04557 0.00033 214.7 52.449 0.363 Rejected*** 
PER10.3- 7 Dec-16/ 
Mar-17 
95 135.6 0.05754 0.00231 39.0 51.962 0.906 Accepted 51.636 0.921 
0.05748 0.00235 37.9 51.310 0.935 









0.05487 0.00191 45.1 52.013 0.614 
3006 PER10.3-6 Dec-17 124 104.5 0.05396 0.00023 368.0 51.536 0.464 Accepted 51.536 0.464 
PER10.3- 10 Dec-16/ 
Mar-17 
127 111.5 0.04970 0.00032 241.9 51.679 0.365 Accepted 51.968 0.408 
0.04964 0.00032 242.7 52.257 0.451 
PER10.3 – 11 Dec-16/ 
Mar-17 
136 112.3 0.05258 0.00060 142.6 54.680 0.344 Rejected***   
  
  
  0.05254 0.00060 141.9 54.343 0.348 Rejected*** 
PER10.3 – 12 Dec-16/ 
Mar-17 
145 143.4 0.04514 0.00023 317.8 53.971 0.330 Rejected***   
  
  
  0.04517 0.00023 316.7 53.537 0.360 Rejected*** 
PER10.3 BASE Jul-16 156 99.06 0.05427 0.00082 102.6 51.232 0.391 Accepted 51.232 0.391 
PER10.3- 13 Dec-16/ 
Mar-17 
163 106 0.05148 0.00068 119.6 52.013 0.332 Accepted 52.013 0.332 
PER10.3- 14 Dec-16/ 
Mar-17 
182 117.7 0.04655 0.00066 112.9 52.962 0.386 Accepted 52.962 0.386 
0.04654 0.00068 113.7 55.336 0.509 Rejected*     
PER10.3- 15 Dec-16/ 
Mar-17 
190 105.6 0.04725 0.00078 98.5 54.019 0.387 Accepted 54.263 
  
0.396 
  0.04718 0.00078 98.9 54.507 0.405 






















2906 PER10.4-1 Dec-17 6 113.20 0.03 0.001 47.8 27.868 0.529 Accepted 27.868 0.529 
PER10.4 TOP Jul-16 12 105.16 0.05 0.007 8.3 36.977 2.433 Accepted 36.977 2.433 
2906 PER10.4-2 Dec-17 17 112.50 0.03 0.000 401.6 49.632 0.419 Rejected***     
PER10.4 – 1 Dec-16/ 
Mar-17 
21 109.50 0.03 0.001 45.0 46.358 0.580 Accepted 45.828 0.578 







2906 PER10.4-3 Dec-17 27 108.10 0.04 0.000 466.9 49.224 0.297 Rejected***     
PER10.4 – 2 Dec-16 34 120.30 0.06 0.007 11.5 42.286 2.060 Rejected **     
PER10.4 – 3 Dec-16/ 
Mar-17 
45 132.60 0.05 0.000 216.2 49.477 0.513 Rejected***     
0.05 0.000 201.0 50.191 0.607 Rejected***     
2906 PER10.4-4 Dec-17 50 105.20 0.05 0.000 506.4 50.823 0.290 Rejected***     
PER10.4 – 4 Dec-16/ 
Mar-17 
55 124.90 0.08 0.001 98.4 47.612 0.302 Accepted 47.563 0.337 
0.08 0.001 98.4 47.513 0.372 
PER10.4 – 5 Dec-16/ 
Mar-17 
68 103.30 0.06 0.008 12.5 46.723 1.931 Accepted 46.432 1.933 
0.06 0.008 12.3 46.142 1.935 
PER10.4 – 6 Dec-16/ 
Mar-17 
79 108.60 0.06 0.001 161.1 49.867 0.295 Accepted 49.867 0.295 
PER10.4 – 7 Dec-16 93 129.90 0.06 0.002 59.0 45.983 0.809 Rejected **     
PER10.4 – 8 Dec-16/ 
Mar-17 
106 125.50 0.05 0.001 110.9 50.884 0.334 Accepted 50.758 0.373 
0.05 0.001 110.5 50.632 0.411 
PER10.4 – 9 Dec-16/ 
Mar-17 
122 109.50 0.05 0.001 86.0 52.725 0.677 Rejected***     
PER10.4 – 10 Dec-16/ 
Mar-17 
136 100.70 0.06 0.000 215.6 51.482 0.290 Rejected***   
  
  
  0.06 0.000 215.9 51.528 0.367 
PER10.4 – 11 Dec-16 148 109.10 0.06 -0.009 7657.1 -634.928 389.43 Rejected **     
PER10.4 – 12 Dec-16/ 
Mar-17 
158 101.10 0.06 0.000 298.8 51.703 0.309 Rejected***   
  
  
  0.06 0.000 297.2 51.681 0.357 
PER10.4 – 13 Dec-16/ 
Mar-17 
168 113.90 0.06 0.002 43.6 51.295 0.673 Accepted 51.078 0.685 
0.06 0.002 44.0 50.861 0.698 
3006 PER10.4-5 Dec-17 174 106.20 0.06 0.000 1004.3 51.844 0.284 Rejected***     
PER10.4 BASE-2 Jul-16 183.5 89.70 0.07 0.002 62.3 45.115 0.429 Rejected****     
PER10.4 – 14 Dec-16/ 
Mar-17 
190 104.90 0.06 0.000 175.2 50.307 0.329 Accepted 50.416 0.348 







PER10.4 - 15 Dec-16/ 
Mar-17 
204 105.40 0.05 0.001 60.9 53.021 0.589 Rejected***     
0.05 0.001 60.4 52.936 0.610 Rejected***     
PER10.4 BASE Jul-16 216 108.60 0.05 0.003 27.3 52.444 0.981 Accepted 52.444 0.981 
3006 PER10.4-6 Dec-17 222 102.60 0.06 0.000 549.6 51.833 0.333 Accepted 51.833 0.333 
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6.2.3 Evaluating different age models 
6.2.3.1 Introduction  
The high precision U-series dates generated from speleothems have a vast potential to 
provide high resolution palaeoclimate records. However, modelling these ages to create 
an optimised age-depth model remains a challenge with numerous different models 
available (Scholz et al., 2012). Two age models are compared in this section to 
demonstrate the significance of model selection and identify the most suitable for this 
study.  
The two models discussed below are OxCal (Bronk Ramsey, 2008) and COPRA 
(Breitenbach et al., 2012). Bayesian methods are used in the OxCal model to produce a 
P-sequence deposition model. In the P-sequence, deposition is not assumed to be 
uniform and therefore fluctuations can be accounted for (Bronk Ramsey, 2008). COPRA 
models are generated through a monte-carlo simulation of age-depth data and then 
interpolation between dates through either linear, cubic or spline functions 
(Breitenbach et al., 2012).  
6.2.3.2 Age model envelopes  
Two different age models were constructed for PER10.4 using the accepted dates listed 
in table 6.1. The first model was created using COPRA (Breitenbach et al., 2012) and the 
second through OxCal (Bronk Ramsey, 2008). In order to construct the COPRA age 
model, four additional dates (55mm, 106mm, 168mm and 216mm) had to be removed. 
Although these dates overlapped within ±2σ error, COPRA was unable to run and 
consequently they were removed from the model. 
Both age models are shown in figure 6.1. The errors of each model are shown by the 
shaded areas and these have been termed the age model ‘envelopes’. It is apparent that 
the model envelopes overlap within uncertainty. However distinct differences in errors 




















Figure 6.1: Age model ‘envelopes’ for the PER10.4 dates produced through COPRA and 
OxCal.  
6.2.3.3 Age model errors 
The uncertainty on the OxCal model is smaller than that on the COPRA model as 
illustrated by figure 6.2. The OxCal and COPRA models have maximum uncertainties of 
8393yr and 9412yr and minimum uncertainties of 505yr and 876yr respectively. 
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Additionally, the average uncertainty associated with the OxCal model is 1099yr whilst 

















Figure 6.2: Age errors on PER10.4 COPRA and OxCal models.  
6.2.3.4 The significance of age model selection shown through proxy data 
The differences in the proxy-age models generated from the two different modelling 
programmes are highlighted in figure 6.3 (see section 6.3.3 and 6.4.3 for data 
interpretation). The dates of key transitions can be offset between the models such as 
the positive excursion in oxygen isotope values at 19.07mm from top which is offset 
between the two models by 1108yrs. Additionally, the start and end dates are offset in 
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each of the models by 1146yrs and 1743yrs respectively. However, these offsets are not 
significant when the age errors associated with each model are considered (figure 6.1).  
 
Figure 6.3: Proxy comparison of the PER10.4 age models run through COPRA and OxCal. 
Even though the two models overlap within uncertainty, the analysis herein 
demonstrates the significance of running multiple models using different programmes 
and selecting the one most suitable for purpose. Based upon this analysis, the OxCal 
model was selected as the underlying chronology for PER10.4 as it was able to 
incorporate a larger number of dates (n= 11) compared to COPRA (n= 7), model age 
inversions within error and had an overall reduced uncertainty.  
 
6.2.4 Construction of speleothem age models 
6.2.4.1 Overview 
Following the evaluation of different program model outputs (section 6.2.3), the final 
chronologies for PER0, PER10.3 and PER10.4 were run through OxCal v4.3.2 (Bronk 
Ramsey, 2008; Bronk Ramsey, 2017).  A Poisson-process deposition model (P-sequence) 
was used as it does not assume uniform deposition and accounts for variations in 
deposition rates by introducing undated events at set intervals throughout the 
sequence (Bronk Ramsey, 2008). The model parameters in the P-sequence were: 
P Sequence (name, k0, p and D) 
Where name is the label for the sequence, k0 represents the number of events per unit 
length, p is the interpolation rate and D is some prior distribution which is equivalent to 
v where v = log10 (k/k0). The v value represents the prior of a variable k value to allow 
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variability of k within a set range (Bronk Ramsey and Lee, 2013; Bronk Ramsey, 2018).  
All parameters used for each sample are shown in table 6.2 and an example for PER0 is 
shown below. 
P_Sequence (PER0, 0.1, 0.3, U(-2,2) 
Where k0 = 0.1mm-1, p = 0.3mm-1 and variability in k was allowed between a factor of 
10-2 and 102. Therefore, the model output was given every 3.3mm and the model 
averaged over values of k between 0.01 and 100mm-1. The use of a variable k value 
allows for a robust deposition model to be constructed (Bronk Ramsey and Lee, 2013).  
Table 6.2: Parameters used in OxCal age models for PER0, PER10.3 and PER10.4. 
Name k0  p D (~v) units 
PER0 0.1 0.3 -2,2 mm 
PER10.3 0.1 0.5 -2,2 mm 
PER10.4 0.1 0.5 -2,2 mm 
 
6.2.4.2 PER0 
The OxCal modelled age-depth plot for PER0 is shown in figure 6.4. The raw dates from 
PER0 indicated a change in deposition rate between dates sampled at 63mm and 47mm 
from top. Between 107-63mm growth rate was estimated to be 35.38µm/yr whereas 
between 63-47mm growth rate fell to 9.31µm/yr. Therefore, a change in deposition was 
input into the age model and this boundary change is represented on figure 6.4 by a 

























Figure 6.4: OxCal modelled age-depth plot for PER0.  
6.2.4.3 PER10.3 and PER10.4  
The OxCal modelled age-depth plots for PER10.3 and PER10.4 are shown in figure 6.5. 
The top sections of both speleothems have proven challenging to date with evidence 
from the initial dating suggesting a reduced growth rate and/or a hiatus occurring within 
the top 50mm of each sample. To incorporate this information into the model a change 
in deposition was added between dates 44-20mm from top in PER10.3 and between 
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dates 21-12mm from top within PER10.4. Model agreement indices were 54.5 and 35.3 
for PER10.3 and PER10.4 respectively.  
 
 










6.3 Raw geochemical data 
6.3.1 PER0 
6.3.1.1 Isotopes 
Samples for oxygen and carbon isotope analysis were taken at ~2mm intervals between 
2mm and 390mm from PER0. Overall, 195 samples were analysed, and the results are 
plotted against depth in figure 6.6. The oxygen isotope values had a range of 1.63‰ and 
an average of -4.63‰ while the carbon isotope values had a range of 5.7‰ and an 
average of -9.07‰. Co-variation of oxygen and carbon isotope values is applied as a 
method to test for kinetic fractionation which has been discussed previously in section 
2.6.2.2 and assessed using modern calcite growth in section 5.5. In PER0, oxygen and 





Figure 6.6: Oxygen and carbon isotope profiles for PER0 plotted against depth.  
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6.3.1.2 Growth rate 
Growth rates were calculated using age modelling data generated through OxCal and 
proxy sample depths. The differences between depths and between modelled ages 
were used to calculate growth between two proxy data points. Growth rates for PER0 
are presented in figure 6.7. Prior to 78.6ka, growth rate is variable with a peak at 83.3ka. 
Growth rates exhibit a significant decline at 78.6ka and remain low until 65.9ka. 
Towards the end of the record, growth rates show a slight increase.  
 
Figure 6.7: Growth rate for PER0.  
6.3.2 PER10.3 
6.3.2.1 Isotopes 
An initial low-resolution isotope track was run on PER10.3 and this was sampled at 3mm 
intervals (figure 6.8). High-resolution oxygen and carbon isotope samples were 
micromilled from PER10.3 at 340µm intervals between 1.98mm and 203.1mm from the 
top of the speleothem. The oxygen and carbon isotope profiles are shown in figure 6.8. 
The oxygen isotope values from the high-resolution track exhibit a range of 1.65‰ and 
an average value of -3.81‰ while the carbon isotope values exhibit a range of 4.74‰ 
and an average value of -7.09‰. An R2 value of 0.3 was found between oxygen and 
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carbon isotope values which suggests kinetic fractionation has not influenced the 
















Figure 6.8: Oxygen and carbon isotope profiles for PER10.3 plotted against depth.  
6.3.2.2 Trace elements 
PER10.3 was cut into six segments for LA-ICP-MS and summarised data (averages, 
standard deviations and ranges) are presented for each segment in table 6.3 alongside 
the depth of each section. Data are presented as concentrations in parts per million 
(ppm) and were processed using MACS-3 and NIST612 standards. Full datasets will be 









Table 6.3: Summarised trace element data for PER10.3. 




Mg Ca Sr Ba 
from to Average Std 
Dev 
Range Average Std 
Dev 
Range Average Std 
Dev 
Range Average Std 
Dev 
Range 
PER10.3 - 6 30.90 1.73 MACS 3 533 155 1423 540 85 740 15.53 17.80 261.51 1.84 2.08 32.78 
PER10.3 - 5 67.71 28.74 MACS 3 586 122 1099 543 79 790 10.91 2.42 22.13 1.93 3.46 159.29 
PER10.3 - 4 105.00 72.55 NIST612 653 159 1697 540 94 1078 11.31 3.62 27.61 4.97 8.00 148.63 
PER10.3 - 3 146.00 106.39 NIST612 637 153 1238 540 65 671 10.75 4.13 35.10 2.16 6.42 21.96 
PER10.3 - 2 176.00 147.23 MACS 3 588 90 993 540 70 712 11.33 2.23 22.32 1.94 1.80 55.44 




6.3.2.3 Growth rate 
Growth rates for PER10.3 are displayed in figure 6.9. Prior to 50.2ka, growth rate is 
variable with a peak at 51.4ka. A period of low growth rate (<2μm/yr) is evident 
between 29.8-50.1ka. Towards the end of the record there is a slight rise in growth rate.  
Figure 6.9: PER10.3 growth rate.  
 
6.3.3 PER10.4  
6.3.3.1 Isotopes 
Samples for a low-resolution isotope analysis were hand-drilled from PER10.4 at 5mm 
intervals and high-resolution samples were micromilled at 670µm intervals between 
5mm and 236.82mm and results are presented in figure 6.10. The oxygen isotope values 
from the high-resolution samples exhibited a range of 1.9‰ and an average value of -
3.66‰ whilst the carbon isotope values exhibited a range of 6.16‰ and an average 
value of -6.71‰. Oxygen and carbon isotope values were found not to co-vary with an 
R2 of 0.12.  
6.3.3.2 Trace elements  
PER10.4 was cut into six segments for LA-ICP-MS and summarised data (averages, 
standard deviations and ranges) are presented for each segment in table 6.4. Data are 
presented as concentrations in ppm and were processed using the NIST612 standard. 
The full dataset will be used in section 6.4.3 alongside isotope and age model data to 













Table 6.4: Summarised trace element data for PER10.4. The column “R” represents the range of trace element concentrations. 
Line name Depth (mm from top) Standard Mg Ca Sr Ba 
from to Aver Std 
Dev 
R Average Std 
Dev 
R Average Std 
Dev 
R Average Std 
Dev 
R 
PER10.4 - 1.1 236.13 224.70 NIST612 829 165 1074 541 58 527 12.19 1.96 19.07 2.15 1.58 19.95 
PER10.4 - 1.2 224.70 204.64 NIST612 742 146 1506 542 69 680 11.55 2.38 18.30 1.82 2.21 29.74 
PER10.4 - 2 199.97 160.57 NIST612 652 152 1282 545 71 781 12.21 2.83 23.31 2.07 2.99 84.65 
PER10.4 - 3 157.68 123.81 NIST612 566 110 1494 544 79 736 11.58 3.42 47.11 2.32 3.02 50.67 
PER10.4 - 4 121.00 85.63 NIST612 626 147 1475 540 114 1026 11.62 3.42 26.07 13.23 49.23 727.64 
PER10.4 - 5 78.98 44.60 NIST612 622 105 1087 540 67 860 13.09 2.43 24.68 1.58 0.59 14.33 






6.3.3.3 Growth rate 
Changes in growth rate occur throughout the PER10.4 record and are shown in figure 
6.11. Prior to 46.5ka growth rate is variable, reaching a peak at 51ka. After 46.5ka, 
growth rate decreases, and values remain low (<1μm/yr) until the end of the record. The 
final two samples indicate a slight increase in growth rate prior to termination of growth. 
 
 
Figure 6.11: PER10.4 growth rate. 
 
6.3.4 Determination of the signal preserved in speleothem proxies in relation to 
climate, environmental and cave processes. 
Chapters 4 and 5 identified mechanisms which could influence proxies in speleothem 
calcite from modern monitoring data. This section explores these relationships and will 
investigate if such processes can be identified in the speleothem calcite geochemical 
records from Cueva de las Perlas over longer timescales.  
6.3.4.1 Speleothem oxygen isotope records 
Analysis of the oxygen and deuterium isotope composition of precipitation from the 
Matienzo region has revealed δ18Op responds primarily to variations in precipitation 
amount (section 5.4). Modern speleothem calcite has been identified to form in quasi-
equilibrium with the cave environments (section 5.5). Consequently, speleothem oxygen 
isotope values are herein interpreted as a function of external precipitation amount.  
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6.3.4.2 Identifying karst-water interactions using speleothem proxies 
Modern monitoring revealed the influence of karst-water interactions such as PCP 
and/or ICD on cave drip waters as evidenced by changes in δ13C values and trace element 
(Mg and Sr) concentrations (sections 5.9.1.3 and 5.10.3.4).  This section will use similar 
techniques used in chapter 5 to determine whether such karst-water interactions 
influence carbon isotope values and Mg and Sr concentrations in speleothems over long 
timescales. 
Carbon isotopes  
Sections 5.9.1.3 and 5.10.3.4 identified δ13C values and Mg concentrations (subsequently 
Mg/Ca) in modern cave drip waters as a function of karst-water interactions such as 
PCP/ICD. However, the signal may be complicated by trying to assign a single forcing 
mechanism to account for variability on long timescales. Additionally, section 5.9.1.2 
identified the role of vegetation and soil productivity in influencing carbon isotope values 
of percolating waters. Therefore, a continuous correlation between δ13C values and Mg 
would not be expected. 
Patterns of δ13C values and Mg appear to be related in the speleothem calcite with high 
δ13C values corresponding to high Mg values (figure 6.12). However, this relationship 
appears to be offset particularly <50ka BP. This offset may be a function of speleothem 
cutting for LA-ICP-MS and the positioning of the trace element sampling tracks in relation 
to isotope sampling. Additionally, the offset may be related to the low-resolution isotope 
sampling <50ka in PER10.3 and <46.5ka in PER10.4. Therefore, it remains challenging to 





 Figure 6.12: δ13C values and Mg concentrations for PER10.3 (A) and PER10.4 (B).  
Co-variation of Mg and Sr 
The direct correlation between Mg and Sr is weak as demonstrated by an R2 of 0.2 and 
0.15 for PER10.3 and PER10.4 respectively (figure 6.13A and 6.13B). However, a CORREL 
statistical analysis was used to distinguish if the relationship between Mg and Sr was 
variable across the record (figure 6.13C and 6.13D). A CORREL function provides a 
Pearson Product-Moment Correlation Coefficient between Mg and Sr across a set range. 
Consequently, the CORREL function was used herein to provide a running correlation 
between Mg and Sr over set intervals of 20 data points. In figures 6.13C and 6.13D values 
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lying above the confidence intervals suggest a statistically significant correlation with 
those lying above 0 indicative of a positive correlation whilst those below 0 indicate a 
negative correlation. The CORREL analysis identified 76% of the PER10.3 record and 68% 
of the PER10.4 record exhibited a statistically significant correlation between Mg and Sr 
and therefore the relationship is indicative of PCP/ICD throughout the record with 





















Figure 6.13: Relationships between Mg and Sr for PER10.3 and PER10.4. Mg and Sr plots for PER10.3 (A) and PER10.4 (B) and CORREL plots for 
Mg vs. Sr for PER10.3 (C) and PER10.4 (D). The solid black lines on figures C and D represent 95% confidence intervals of 0.444 and the dashed 
lines represent 99% confidence intervals of 0.561 where n-2=18.  
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Assessment of karst-water interaction through Sr/Ca and Mg/Ca 
Modern dripwaters within Cueva de las Perlas have identified the influence of PCP/ICD 
processes within the overlying karst using ln(Sr/Ca) and ln(Mg/Ca) (section 5.10.3.5) 
according to the methodology of Sinclair et al. (2012). The same principal was used to 
compare the trace elements (Mg and Sr) from speleothem calcite (figures 6.14A and 
6.14B). The slope of ln(Sr/Ca) and ln(Mg/Ca) was 0.68 for PER10.3 which lies on the 
boundary of the range predicted by Sinclair et al. (2012) of 0.703-1.03 to one decimal 
place. In contrast, PER10.4 does not lie within the predicted range of Sinclair et al. (2012) 
for ln(Sr/Ca) and ln(Mg/Ca) with a slope of 0.29.  
 
Figure 6.14: ln(Sr/Ca) and ln(Mg/Ca) plots for Mg vs. Sr for PER10.3 (A) and PER10.4 (B).  
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As deposition of these speleothems occurred over a period exceeding 25ka, a consistent 
relationship between Mg and Sr across the whole record would not be expected. 
Previously the CORREL analysis identified 76% and 68% of the PER10.3 and PER10.4 
records exhibited a positive correlation indicating karst-water interaction processes 
such as PCP or ICD as the predominant controlling mechanism. However, each record 
contains a proportion where Mg and Sr are not correlated, 24% for PER10.3 and 32% for 
PER10.4. Thereby, invoking alternative independent forcing mechanisms which 
influence the different trace element concentrations at different periods of time. During 
these periods, ln(Sr/Ca) and ln(Mg/Ca) would not be expected to plot along the Sinclair 
et al. (2012) line and this is illustrated by the degree of scatter in figures 6.14 A and 
6.14B.  
Investigating variability of karst-water interaction processes within speleothem records 
As suggested above, consistency in the relationships between ln(Sr/Ca) and ln(Mg/Ca) 
should not be expected over long speleothem records due to the changing driving 
mechanisms over time which may or may not be a function of climate and/or 
environmental variability. This section will analyse evidence for this variability across 
each record using the methodology of Sinclair et al. (2012) across time-slices of 500yrs. 
The results of this analysis are presented in figures 6.15A and 6.15B. These figures 
demonstrate that only a small proportion of values actually lie within the predicted 
Sinclair et al. (2012) range indicative of PCP/ICD processes and highlight the variability 
across the record. This analysis calls into question the applicability of the Sinclair et al. 
(2012) PCP/ICD determination method using ln(Sr/Ca) and ln(Mg/Ca) to long high-






Figure 6.15: Slope values for 500yr time-slices from PER10.3 and PER10.4. Slope values 
define the relationship between ln(Sr/Ca) and ln(Mg/Ca). Grey shaded boxes represent 
the theoretical slope for PCP/ICD calculated by Sinclair et al. (2012).  
Investigating the influence of alternate processes: A case study from PER10.3 
A cluster of values in the PER10.3 record exhibit an inverse trend to the rest of the 
dataset and these are highlighted in figure 6.16A. These values span the period between 
39.1-40ka and record a negative relationship between ln(Sr/Ca) and ln(Mg/Ca) values 
with an R2 value of -0.76 (figure 6.16B). The negative correlation between these values 
indicates mechanisms other than PCP or ICD controlling trace element uptake into 










Figure 6.16: ln(Mg/Ca) and ln(Sr/Ca) values for all of PER10.3 (A) and between 39.1-40ka 
(B). Grey shading on A highlights the values shown in B relative to the remaining dataset.  
Increases in Mg relative to Sr indicate an independent control driving trace element 
concentrations. Dolomite dissolution has been suggested to drive Mg values 
independently of Sr values due to the chemical composition of the host rock (high Mg 
and low Sr) (Webb et al., 2014). During prolonged water-contact times associated with 
periods of water deficit and aridity, slow dolomite dissolution will enhance Mg 
concentrations of infiltrating waters. Additionally, growth rate has been demonstrated 
to influence Sr partitioning into speleothem calcite (Huang and Fairchild, 2001; Treble 
et al., 2003; Webb et al., 2014) and is invoked herein as having a secondary influence 
on Sr concentrations. This influence is shown by the strong positive correlation between 
Ba and Sr of R2= 0.88 (figure 6.17). In summary, Mg concentrations are influenced by 
PCP and/or ICD and enhanced by dolomite dissolution under dry conditions. Sr and Ba 
are influenced by PCP and/or ICD but are influenced by growth kinetics at key points 








Figure 6.17: ln(Ba/Ca) and ln(Sr/Ca) for PER10.3 between 39.1-40ka.  
6.3.4.3 Summary 
Oxygen isotope values from speleothem calcite are interpreted to represent variations 
in precipitation amount. Carbon isotopes are interpreted to represent variations in soil 
productivity and karst processes such as PCP and ICD. Further analysis is needed to 
clarify the influence of soil productivity on δ13C values in speleothem calcite. Under dry 
conditions these processes will lead to an increase in δ13C values.  
Evidence for karst-water interaction processes such as PCP and ICD throughout each of 
the datasets is shown through a running correlation between Mg and Sr values for each 
speleothem. However, these relationships are variable through time and therefore do 
not fit the predicted ln(Sr/Ca) and ln(Mg/Ca) slope of Sinclair et al. (2012). Numerous 
processes influence trace element concentrations (and δ13C values) prior to 
preservation in speleothem calcite and it is proposed that the relative influence of these 
processes vary over timescales captured by the speleothems. The example given from 
PER10.3 (6.3.4.2) demonstrates the potential of growth kinetics influencing Sr and Ba 
values, furthering the evidence that a single forcing mechanism cannot be assigned to 




6.4 Identifying palaeoclimate and palaeoenvironmental patterns in 
the speleothem proxy records 
Sections 6.2 and 6.3 created age models and presented the raw geochemical data for 
the three speleothems analysed. This section aims to link the previous sections together 
by presenting records of past climate and environmental variability for each 
speleothem. Each record is used to identify palaeoclimate and palaeoenvironmental 
patterns through analysing proxy shifts within the speleothem geochemical data. 
 
6.4.1 PER0 
The PER0 record (figure 6.18) spans the period between 85,964 ±461yr BP to 64,469 
±897 yr BP. The oxygen and carbon isotope records demonstrate an overall shift to 
increasingly positive values throughout the record with some oscillations and variability 
superimposed.  
A positive oxygen isotope excursion occurs at 78.6ka and is represented by a 1.42‰ 
shift. This excursion can also be seen in the carbon isotope values at 77.5ka by a shift of 
2.65‰. After this excursion, oxygen and carbon isotope values decline until 71ka.  After 
71ka, oxygen isotope values rise until 65.9ka. A significant isotopic excursion at 65ka is 
represented by a negative isotopic shift of 0.76‰ and 0.67‰ in the oxygen and carbon 
isotope values respectively. Towards the end of the record both carbon and oxygen 
isotope values rise until cessation of growth at 64.5ka.  
For the majority of the PER0 record, 86%, the growth rate is relatively high at >18μm/yr 
(figure 6.18). Between 80.9ka and 83.4ka the growth rate is particularly high at 
>50μm/yr and sampling resolution during this period was therefore also high with 42% 
of samples for isotope analysis taken from this section. Between 65.4ka and 78.2ka 
growth rate falls to <10μm/yr and sampling resolution is low during this period. After 


































Figure 6.18: PER0 oxygen and carbon isotope values and growth rate. The black 




PER10.3 grew between 55,880±395yr BP and 27,850±2,668yr BP. Oxygen and carbon 
isotope values, growth rate, Mg and Sr are presented against age in figure 6.19 and are 
summarised in table 6.5. 
Prior to 51.1ka, the stalagmite growth rate is relatively fast with 91% of values greater 
than 10μm/yr and 76% greater than 30μm/yr. The high sampling resolution during this 
period allows high-magnitude variability within each of the different proxies to be 
identified.  
Growth rate declines at 50.1ka which coincides with an upwards shift towards positive 
oxygen and carbon isotope values. Both carbon and oxygen isotope values demonstrate 
a peak at 41.3ka and 41.8ka respectively.  The higher-resolution Mg and Sr values exhibit 
distinct positive excursions at 39.7ka and 39.4ka. Although these peaks are offset from 
the stable isotope excursions, the onset of the rise in Mg starts at 41.7ka.  
Following the positive isotope and trace element excursion, values decline between 
~40-35ka. At 35ka there is a slight decline in growth rate (0.42μm/yr). This decline is 
accompanied by an increase in Mg and Sr values with a peak at 35ka and the onset of 
increasing δ13C values with a later peak at 34ka. 
Between 30-35ka carbon isotope values demonstrate a distinct series of peaks which 
correspond to oscillations in Mg and Sr. For example, the peak in δ13C values at 31.1ka 
corresponds to peaks in Mg and Sr at 30.8ka and 30.7ka respectively.  After <30ka, both 
oxygen and carbon isotope values and trace elements increase which coincides with the 
termination of the record at 27,850yr BP. 
Table 6.5: Summary of proxy shifts in the PER10.3 record. 
Age Proxy shifts 
Prior to 51.05ka Growth rate is high 
50.1ka Growth rate decline, upwards shift in δ13C and δ18O values 
39.5-42ka Positive isotope and trace element excursion  
30-32ka Increase in Mg and Sr values  
































Figure 6.19: PER10.3 speleothem proxies (carbon isotope values, oxygen isotope values, 
growth rate, Mg and Sr). Growth rate was calculated using the isotope data and the 
markers indicate sampling resolution.  
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6.4.3 PER10.4  
The PER10.4 record spans 25,772yrs between 53,564±272 yr BP and 27,792±545 yr BP. 
Oxygen and carbon isotope values, growth rate, Mg and Sr are presented against age in 
figure 6.20 and key shifts are summarised in table 6.6. 
The earliest part of the record between 46.5ka and 53.6ka has a high sampling 
resolution, a high growth rate (9-78µm/yr) and a low age error (<400yrs). During this 
period oxygen and carbon isotope values and Mg and Sr values are variable. At 50-
51.2ka, growth increases to >70μm/yr and δ13C values decrease by 1.55‰. Additionally, 
during this period Mg and Sr values exhibit an increased degree of variability related to 
an increased sampling resolution. A positive excursion in oxygen and carbon isotope 
values is evident between 44.4-47.1ka. During this period carbon isotope values 
increase by 2.41‰ and oxygen isotope values increase by 0.95‰.  
After 46.5ka, the sample resolution for the isotope values decreases, growth rates 
become very slow at <1µm/yr and age errors become larger at ±2.5-3.5ka. A negative 
oxygen isotope excursion is represented by a decrease of 1.9‰ in oxygen isotope values 
at 40.7ka and a decrease of 4.72‰ in carbon isotope values at 37.8ka.  
Following this, δ13C and δ18O values increase to a peak at 37.1ka which is also expressed 
by a peak in Sr and Mg values at 36.8ka and 36.7ka respectively. Carbon isotope values 
decline significantly after this event by 1.51‰ until 32.3ka. Oxygen and carbon isotope 
values increase between 32.3-29.4ka by 0.53‰ and 3.67‰ respectively. Sr and Mg 
display a peak at 31.7ka. The end of the record (<30ka) indicates a shift toward higher 
carbon and oxygen isotope values accompanied by an increase in Mg and Sr 
concentrations. 
Table 6.6: Summary of proxy shifts in the PER10.4 record. 
Age Proxy shifts 
Prior to 46.5ka High growth rate increase in δ13C and δ18O 
46.5ka Growth rate declines  
40.7-37.8ka Negative isotope excursion in both oxygen and carbon isotope values. 
32.3-29.4ka Positive excursion in δ13C and δ18O values and Mg and Sr concentrations 
27.8ka δ13C and δ18O values and Mg and Sr concentrations all increase until 































Figure 6.20: PER10.4 speleothem proxies (carbon isotope values, oxygen isotope 
values, growth rate, Mg and Sr). Growth rate was calculated using the isotope data 
and the markers indicate sampling resolution.  
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6.4.4 Comparison of PER10.3 and PER10.4 isotope records 
Both PER10.3 and PER10.4 records have been presented separately in sections 6.4.2 and 
6.4.3 respectively. The aim of this section is to compare the isotope records for each of 
these sections. Trace element series are not compared here due to the higher sampling 
resolution. Due to the ‘twinned’ depositional nature of these samples (section 3.3.2) a 
similar isotopic signature would be expected within both the speleothem records. The 
oxygen and carbon isotope profiles for PER10.3 and PER10.4 are directly compared in 
figures 6.21A and 6.21B through the inclusion of age error bars.  
The earliest sections of both speleothem isotope records are characterized by relatively 
low age errors (typically less than ±500yr) and high sampling resolutions because of 
higher growth rates. Isotope sampling resolution decreases in PER10.3 at 50ka whereas 
PER10.4 remains relatively high until 46.5ka. 
Throughout both the records, similar patterns emerge from the δ18O and δ13C isotope 
values. Table 6.7 shows that there are distinct differences in the timing of the isotopic 
shifts. However, with the exception of the first peak in δ13C values, the other isotopic 
shifts from PER10.3 and PER10.4 overlap within age error.  
Table 6.7: Timings of isotopic shifts in PER10.3 and PER10.4. 
Event PER10.3 PER10.4 
Age (yr BP) Error (±) Age (yr BP) Error (±) 
δ18O values increase  41772 4254 44365 2638 
δ13C values increase  41772 4254 46713 480 
δ18O values decrease 39185 3837 40711 3419 
δ13C values decrease 39185 3838 37789 2907 
 
The leads and lags between the isotopic peaks and troughs demonstrated in the PER10.3 
and PER10.4 records may be a function of their individual age models. Benson et al. 
(2018) have demonstrated the importance of an individual robust chronology for each 
speleothem even when they lie within close proximity to each other. Each of the age 
models were constructed using a different number of dates and therefore models may 
be offset. The differences between the two records may also be a function of the isotope 
sampling resolution. The isotope sampling resolution in PER10.4 becomes significantly 
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reduced after 46.5ka with an average of one sample per 800yr and only 24 samples 
cover the 16mm section representing 18,689 years of growth. Therefore, it is argued 
that the isotope record from PER10.4 post-46.5ka does not provide an accurate 
representation of the palaeoclimate due to a low isotope sampling resolution.  Sampling 
resolution of PER10.3 falls to one sample per 200-300yrs after 50ka which although not 
ideal, will provide a more accurate indication of climatic and environmental variability 





















6.5 Assessment of climatic and environmental variability in the 
Matienzo valley on orbital and sub-orbital timescales  
6.5.1 The response of speleothem records to environmental change on orbital 
timescales 
Orbital forcing has been long identified as a forcing mechanism driving glacial-
interglacial variability propagated by changing insolation intensity and distribution 
(section 2.2.2). In order to assess the long-term trends in the speleothem proxies from 
Cueva de las Perlas in relation to orbital forcing, the speleothem oxygen and carbon 
isotope records and growth rates have been compared to NH summer insolation at 
65°N. Proxies from the Cueva de las Perlas speleothems correspond to Northern 
Hemisphere insolation on orbital timescales (figure 6.22). The earliest section of the 
PER0 record represents late MIS5 with the MIS5a peak at 82ka. During this period 
oxygen isotopes are at their lowest value indicating predominantly wet conditions. 
Additionally, carbon isotopes which indicate high levels of productivity are relatively low 
and growth rates are significantly higher. This period coincides with a maximum in 
insolation. As insolation begins to decline at ~78ka, growth rate slows, and isotope 
values begin to increase towards the MIS4 boundary until cessation of growth at 64.5ka. 
The MIS4 boundary at 71ka marks the onset of glacial conditions across the northern 
hemisphere and an insolation minimum which is expressed in the Cueva de las Perlas 
palaeoclimate record as a shift to drier conditions.  
Initiation of growth of PER10.3 at 55.9ka and PER10.4 at 53.6ka coincides with a return 
to higher insolation values during MIS3. Growth rates from the early part of both of 
these records are high and oxygen isotopes indicate relatively high levels of 
precipitation. Additionally, carbon isotope values are relatively low, supporting a wetter 
climate with high vegetation and enhanced soil productivity. The decline in growth rates 
in PER10.3 at 50.1ka and PER10.4 at 46.5ka correspond to declining insolation, and 
isotope proxies indicate a shift towards drier conditions. The increase in oxygen and 
carbon isotope values and continued low growth rate in both speleothems towards 
termination of growth corresponds to declining insolation and the onset of glacial 
conditions associated with MIS2.  
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Therefore, figure 6.22 demonstrates that oxygen and carbon isotope values and 
speleothem growth rates are reflecting variations in NH summer insolation on orbital 
timescales. During periods of NH summer insolation maxima (interglacial periods), 
northern Iberia was wetter as demonstrated by the high speleothem growth rates and 
relatively low oxygen and carbon isotope values. In contrast, during periods of NH 
summer insolation minima (glacial periods), northern Iberia was drier, and this is 
recorded in Cueva de las Perlas through low speleothem growth rates and relatively 
higher oxygen and carbon isotope values.  
Although the speleothems presented in figure 6.22 correspond to variations in NH 
summer insolation on orbital timescales, it is apparent that there is sub-orbital 
variability demonstrated by significant isotopic shifts throughout the records. These will 





















Figure 6.22: Speleothem palaeoclimate record from Cueva de las Perlas and NH 
Hemisphere summer insolation at 65°N (Berger and Loutre, 1991; data: Berger and 
Loutre, 1999). Grey bands represent MIS boundaries and the dashed line represents the 
MIS5a peak (Lisiecki and Raymo, 2005). PER10.4 isotopes <46.5ka have been removed 
following section 6.4.4. 
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6.5.2 The timing, onset and characterisation of millennial scale events in the Cueva 
de las Perlas speleothem records  
6.5.2.1 Overview 
Millennial-scale events, referred to as Heinrich events, have been documented in 
marine and terrestrial archives from across the Northern Hemisphere. Evidence for 
millennial-scale events from the Cueva de las Perlas sequence was identified in sections 
6.4.2 and 6.4.3 and also superimposed onto the orbital cyclicity evidenced in section 
6.5.1. Three ‘Perlas Events’ have been identified from the speleothem records at 28-
33ka, 38-43ka and 46.5-51ka based upon variations in each of the different proxies. This 
section will assess the evidence for each of these ‘Perlas Events’ individually using δ18O 
and δ13C values, changes in growth rate and trace elements (primarily Mg, Sr and Ba). 
6.5.2.2 Perlas Event 1 
Proxies from both PER10.3 and PER10.4 have identified Perlas Event 1 (28-33ka) as a 
period of climatic variability with a signature similar to millennial-scale events (figure 
6.23). The PER10.3 record identifies a shift in Mg relative to the baseline at 31ka and a 
peak in δ13C values at 31.3ka. Additionally, a running mean (n=60) indicates a period of 
heightened correlation between Mg, Sr and Ba (R2 = >0.8) between 30.3-30.6ka. This 
increased correlation suggests a primary forcing mechanism is controlling these 
elements, as well as δ13C values during this period. As previously indicated in section 
6.3.4, correlation between these elements and δ13C values would suggest PCP/ICD as 
the primary forcing mechanism. Peaks in these elements indicate a shift towards drier 
conditions as a result of enhanced PCP/ICD.  
Perlas Event 1 is less clearly shown within the PER10.4 record. A peak at 31.7ka is 
evident in both Mg and Sr (figure 6.23). The most significant correl peak between Mg 
vs. Sr is demonstrated at 31.9-32.2ka which is replicated in the Sr vs. Ba and Ba vs. Mg 
records. However, a secondary significant peak in Mg vs. Sr is evident between 30.8-
31.4ka which is replicated in only the Sr vs. Ba record.  
Using the PER10.3 record, Perlas Event 1 can be defined to occur between 30.3-31.3ka. 
During event 1 peaks in Mg and δ13C values and a strengthened correlation between 
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Figure 6.23: Paleoclimate and palaeoenvironmental proxies for PER10.3 and PER10.4 
across Perlas event 1. Dashed lines on the correl plots indicate 99.9% confidence levels 
of 0.408 (n-2=60).  
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6.5.2.3. Perlas Event 2 
Perlas Event 2 has been documented in the Cueva de las Perlas speleothem records as 
a positive excursion in isotope (δ18O and δ13C) and trace element (Mg and Sr) proxies 
(figure 6.24). The event is characterised in PER10.3 by peaks in δ13C and δ18O values at 
41.8ka and 41.3ka respectively. The trace element record from PER10.3 identifies the 
event through peaks in Mg and Sr later than the isotope record, at 39.7-40.3ka and 39.4-
39.5ka. The delay in the expression of Perlas Event 2 in the isotope and trace element 
data may potentially relate to the low sampling resolution of the isotope record.  Low 
resolution sampling may not capture the full extent of climate variability. Although, the 
offset may also result from the location of trace element sampling transects relative to 
isotope sampling.  
A running correlation (where n-2= 60) between Mg vs. Sr, Sr vs. Ba and Ba vs. Mg shows 
a distinctive signature of the event in both PER10.3 and PER10.4. Figure 6.24 
demonstrates a strong negative correlation between Mg vs. Sr and Ba vs. Mg in PER10.3 
between 39.1-39.7ka and in PER10.4 between 39.5-40.2ka.  Interestingly, during the 
corresponding period on each of the records, correlations between Sr vs. Ba become 
stronger with R2 exceeding 0.8. This pattern of correlation indicates that during event 2 
Sr and Ba have a different forcing mechanism to Mg.  
Section 6.3.4.2 discussed previous studies which have identified that Sr and Ba can be 
influenced by growth kinetics (Huang et al., 2001; Treble et al., 2003; 2005b; Webb et 
al., 2014). Therefore, Sr and Ba variability during this period is a function of variations 
in growth kinetics as opposed to Mg which remains a function of PCP/ICD. Additionally, 
the increase in Mg during this period independently of Sr and Ba, may indicate enhanced 
dolomite dissolution as a result of prolonged rock-water contact times (Webb et al. 
2014).  
The peak in Sr and Ba at 39.4ka coincides with a negative excursion in Mg (figure 6.24). 
The decrease in Mg is a result of increased precipitation resulting in reduced PCP/ICD. 
The peak in Sr and Ba is also a response to increased precipitation and subsequent 





Figure 6.24: Paleoclimate and palaeoenvironmental proxies for PER10.3 and PER10.4 
across Perlas event 2. Dashed lines on the correl plots indicate 99.9% confidence levels 
of 0.408 (n-2=60).  
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6.5.2.4 Perlas Event 3 
The primary indicator of Perlas Event 3 in both speleothem records is a change in growth 
rate (figure 6.25). Each of the records presents a different story of the event with 
PER10.3 characterised by a decline in growth rate (at 50.1ka) whilst PER10.4 is defined 
by a more complicated growth rate pattern with a later overall reduction in growth rate 
at 45.6ka. Under dry conditions stalagmite growth slows and therefore there is 
increased potential for hiatuses to occur which can impact U-Th dating and subsequent 
age models. In summary, Perlas Event 3 marks a distinct shift towards drier conditions 
which has resulted in reduced stalagmite growth within Cueva de las Perlas. However, 
due to the dating complexities introduced by variations in growth rate and potential 
hiatuses, the exact timing of this event is difficult to determine.  Additionally, there are 
no detected changes within the geochemical proxies from the baseline during this 






Figure 6.25: Paleoclimate and palaeoenvironmental proxies for PER10.3 and PER10.4 
across event 3. 
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6.5.2.5 Summary  
Three millennial-scale events have been identified in the Perlas speleothem records and 
summarised in figure 6.26. Each of these three ‘Perlas events’ indicates a distinctive shift 
to drier conditions on the northern Iberian Peninsula. Dry conditions during the Perlas 
events have a significant influence on speleothem growth and lead to slower or even 
cessation of growth. Therefore, dating across these events is challenging with large 
errors associated with the timing of each event. It must be noted that the presence of 
these events, particularly Perlas Events 1 and 3, remains speculative due to the nature 
of the chronology and low-resolution chemical data across this section. Evidence for 
Perlas Event 2 is the strongest of the three events and the presence of the event is 
justified by peaks in oxygen and carbon isotope values and Mg concentrations. 
Additionally, the relationships between Mg, Sr and Ba indicate the differing forcing 
factors controlling trace element concentrations across the event. 
If these events are present in the Cueva de las Perlas speleothem records, they are 
coincident with North Atlantic Heinrich Events 3 (31ka), 4 (38ka) and 5 (45ka) (Hemming, 
2004). Further discussion of these events in the context of North Atlantic climate 









Figure 6.26: Identification of three climatic events within the PER10.3 and PER10.4 proxy 




6.5.3 Sub-orbital variability within the Cueva de las Perlas speleothem records  
The Mg/Ca records from PER10.3 and PER10.4 have been interpreted to respond to 
changes in karst-water interactions (section 6.3.4). Therefore, Mg/Ca ratios can be used 
to identify shifts between dry and wet conditions as a function of PCP/ICD processes. 
Under arid conditions, Mg/Ca ratios will increase as a result of PCP/ICD leading to Mg 
ions being concentrated in solution relative to Ca. Additionally, dolomite dissolution may 
be enhanced under prolonged periods of aridity and as a consequence, Mg 
concentrations will rise in percolating waters and associated calcite. In contrast, under 
wet conditions where PCP/ICD are reduced, Mg/Ca ratios in speleothem calcite will 
decrease. Speleothem Mg/Ca ratios are increasingly being utilised as a geochemical 
signal recording changes in epikarst processes and ultimately as a palaeoaridity proxy 
(Johnson et al., 2006; Wu et al., 2012; Hori et al., 2013; Arienzo et al., 2017).  
Analysis of Mg/Ca ratios in both speleothems has identified abrupt millennial-scale 
variability (figures 6.27 and 6.28). The abrupt climatic shifts from dry to wet conditions 
appear to be remarkably similar to the Northern Hemisphere DO events (Roucoux et al., 
2005; Sánchez Goñi et al., 2008; Naughton et al., 2009; Genty et al., 2010; Moseley et 
al., 2014) or Greenland Interstadials recorded in the Greenland ice cores (Rasmussen et 
al., 2014).  
Although abrupt millennial-scale shifts from dry to wet conditions are present within the 
Mg/Ca records from PER10.3 and PER10.4, it remains difficult to distinguish the nature, 
magnitude and timing of each individual event due to the large age errors associated 
with the chronology and low-resolution isotope data. However, it is evident from the 
Mg/Ca signal, abrupt climatic variability was pronounced throughout MIS3.   
Section 6.5.2.3 presented evidence for “Perlas Event 2”. The distinctive signature of 
event was shown by high δ18O and δ13C values and a peak in Mg between ~39.7-40.3ka 
in PER10.3. “Perlas Event 2” is characterised by a shift to dry conditions and may be 
coincident with Heinrich Event 4 (H4).  The abrupt decline in Mg/Ca at 39,515±3,918ka 
may be coincident with DO8 based upon the magnitude of the shift and broad timing.  
DO8 would therefore be characterised by a decline in PCP and/or ICD processes as a 
function of increased precipitation shown through declining Mg/Ca.  Additionally, the 
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peak in Sr and Ba at 39.4ka (discussed in section 6.5.2.3) would imply an increased 



























6.5.4 Identification of sub-orbital cyclicity in the Cueva de las Perlas speleothem 
records demonstrated through timeseries analysis 
Millennial-scale climate events in the Holocene have been identified with periodicities 
of ~1500yrs (Bond et al., 2001; Mayewski et al., 2004). Furthermore, recently Northern 
Iberian speleothems from Matienzo have identified similar millennial-scale events with 
a pacing of ~1500yrs throughout the Holocene (Smith et al., 2016b). However, the 
extension of these cycles back into the Last Glacial Period remains debated (Wolff et al., 
2010). Abrupt, millennial-scale oscillations have punctuated the most recent glacial 
period, and these are known as Dansgaard-Oeschger events (Dansgaard et al., 1982; 
Johnsen et al., 1992; Rasmussen et al., 2014) and represent shifts between fully glacial 
and relatively mild conditions. These millennial-scale events have been identified in the 
Cueva de las Perlas speleothem records as shifts towards wet conditions (section 6.5.3). 
Statistical analysis of palaeoclimate records has identified a periodicity of ~1500yr 
across some of the MIS3 records (Schulz, 2002). Ditlevsen et al. (2007) questioned the 
statistical significance of the DO periodicity but others have argued a periodic forcing 
mechanism cannot be discounted (Ditlevsen and Ditlevsen, 2009; Woillez et al., 2012). 
This section will use Dynamic Harmonic Regression Analysis to determine whether there 
is any periodicity within the Cueva de las Perlas speleothem records.  
Timeseries analysis of the PER10.3 and PER10.4 Mg/Ca trace element profiles was 
undertaken using code created by W. Tych and D. A. Mindham of Lancaster University. 
The method used ASDHR (arbitrary sampling dynamic harmonic regression) analysis 
with code derived from Mindham and Tych (2018) and using the Captain toolbox (Taylor 
et al., 2007) in MatLab (v2016a). Regularisation of the dataset was undertaken with a 
prefiltering method set to sub-sample every 100yrs (figures 6.29 and 6.31). This allowed 
the density of samples to be accounted for but also permitted a resolution closer to the 
dating error. The regularised data can be interpolated at a lower resolution which 
remains appropriate for seeking millennial-scale cycles.  The timeseries analysis from 
PER10.3 demonstrated two strong periodicities at 1900-yr and 2000-yr (figure 6.30). A 
model combining the 1900-yr and 2000-yr periodicities was created and accounts for 
60% of variability within the dataset (figure 6.30).  The timeseries analysis from PER10. 
4 demonstrated two strong periodicities at 1600-yr and 2000-yr (figure 6.32). A model 
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combining the 1600-yr and 2000-yr periodicities was created and accounts for 83% of 
variability within the dataset (figure 6.32). Interestingly, the two speleothem Mg/Ca 
records both record a periodicity of ~2000-yr but only PER10.4 records a periodicity at 
~1600-yr. The differences between the periodicities may be a function of their individual 
age models. Additionally, karst hydrology has shown to be dynamic above Cueva de las 
Perlas and this may play a role in influencing the environmental signals preserved within 










Figure 6.29: PER10.3 Mg/Ca data used within the timeseries analysis. The blue line represents the entire dataset, the black dots represent 

















Figure 6.31: PER10.4 Mg/Ca data used within the timeseries analysis. The blue line represents the entire dataset, the orange represents the 



























One caveat underlies the ASDHR analysis presented in figures 6.30 and 6.32 and this 
relates to the errors associated with the U-Th dating and how these are reflected in 
the model. The age-model input into the periodicity analysis contains an average error 
of ±890yrs with a minimum error of ±240yrs and a maximum error of ±4300yrs. 
Therefore, errors in the periodicity model may be underpinned by errors within the 
age-model. Prefiltering of the data aimed to reduce the influence of error but due to 
the variable size of the errors across the entire dataset, it remains difficult for the 
errors to be accounted for within the model. As a consequence, the age errors are 
greater than the periodicity defined at points within the record.  Although the models 
distinguish periodicities of 1900-yr and 2000-yr (PER10.3) and 1600-yr and 2000-yr, 
the ~1500-yr periodicity frequently attributed to DO variability in the North Atlantic 
has not been identified. A discussion of the timeseries analysis in relation to the wider 
literature can be found in section 7.5.5. 
 
6.6 Cueva de las Perlas speleothems as recorders of past climatic 
and environmental change over orbital and sub-orbital timescales 
Isotope and trace element analyses have been undertaken on three speleothems from 
Cueva de las Perlas. In conjunction with U-Th dating, these have been used to 
construct records of past climate and environmental change from Northern Iberia 
between 86-27ka. Speleothem isotope values were demonstrated to respond to 
variations in NH summer insolation on orbital timescales. Sub-orbital variability was 
identified to be superimposed onto the orbital trends. Three millennial-scale events 
were recognised to occur at 30.3-31.3ka, 39.4-41.8ka and 46.5-51ka and these may 
correspond to the timing of North Atlantic Heinrich events. Sub-orbital variability has 
been demonstrated within the PER10.3 and PER10.4 Mg/Ca records and this is similar 
with North Atlantic DO variability. It remains challenging to define each event, but 
evidence indicates an abrupt shift to wet conditions at 39.5ka is consistent with the 
onset of DO8. A periodicity of ~2000-yr has been shown through ASDHR analysis of 






las Perlas speleothems in the wider context of North Atlantic climate and 
environmental change between 86-27ka. Additionally, the following chapter aims to 
place the decline and eventual extinction of the Northern Iberian Neanderthal 


























7. Placing the Cueva de las Perlas speleothem 
records in the context of regional North 
Atlantic climate and environmental dynamics 
between 86-27ka 
7.1 Introduction  
Speleothem records from Cueva de las Perlas have identified evidence for climatic and 
environmental variability over orbital timescales with sub-orbital oscillations 
superimposed onto this general trend. Chapter 6 identified and examined these 
changes within the speleothem records. The following chapter will analyse the climatic 
variability in light of other records from across the North Atlantic region on the 
different timescales previously discussed (orbital, sub-orbital events and sub-orbital 
variability) and aims to discuss potential forcing mechanisms. The final section will 
place the Neanderthal extinction onto the climatic and environmental platform 
derived from the speleothem and wider European records.   
 
7.2 Responses of North Atlantic records to climate and 
environmental change on orbital timescales 
Section 6.5.1 identified broad trends in the speleothem proxy records from Cueva de 
las Perlas which appear to be forced by Northern Hemisphere Summer Insolation 
(NHSI) at 65°N. During periods of NHSI maxima, speleothems exhibited lower δ18O and 
δ13C values, higher growth rates and lower Mg concentrations which are all indicative 
of wetter climates. In contrast, proxies suggested drier conditions were dominant on 
the northern Iberian Peninsula during insolation minima. This section will examine the 
evidence for orbital forcing on long-timescales throughout MIS5-2 on the Iberian 






7.2.1 Astronomical forcing theory 
According to the astronomical forcing theory of Milankovitch (1941), changes in the 
amount of incoming solar radiation (insolation) are forced by changes in the Earth’s 
orbital and rotational parameters of: 
• Eccentricity: the shape of the Earth’s orbit which occurs on a ~100,000yr cycle 
• Obliquity: tilt of the Earth’s axis with a periodicity of 41,000yrs 
• Precession: the rotation of the Earth’s axis with a periodicity of 23,000yrs 
The Milankovitch hypothesis proposed a minimum in NHSI at high-latitudes induced 
the glacial cycles which are known to occur throughout the Pleistocene. The 
hypothesis is underpinned by the notion that cold summers as a result of NHSI minima 
are required in order to stop winter snow and ice from melting. Positive feedback 
mechanisms would then lead to further extension of ice cover and increased albedo 
(Berger and Loutre, 2007). Milankovitch identified that the NHSI intensity varied over 
600,000yrs and four low points in NHSI corresponded to the ‘ice ages’.  
As summarised in Berger and Loutre (2007), the Milankovitch model identifies that ice 
volume and climate are variable on the same scale as variations in insolation. Hays et 
al. (1976) identified evidence for orbital forcing at 19-, 23- and 41-kyr in marine 
sediment cores. Additional later work by Imbrie et al. (1984) proposed a consistent 
relationship between insolation, sea surface temperature and ice volume. Modelling 
work by Imbrie et al. (2011) continues to identify the significance of orbital-forcing on 
Earth’s climate, particularly the long-term 100kyr glacial cycles evident throughout the 
Pleistocene.  
 
7.2.2 The influence of orbital forcing on northern Iberia 
Numerous proxy records from a variety of palaeoclimate archives across the North 
Atlantic region have acknowledged the influence of NHSI on long-term patterns of 
climate change. Stoll et al. (2013) demonstrated growth rates in 21 speleothems from 
six different caves in NW Iberia corresponded to changes in NHSI at 65°N. Throughout 






higher NHSI (Muñoz-García et al., 2007; Stoll et al., 2013). Summer insolation maxima 
on the Iberian Peninsula is suggested to have enhanced humidity which would 
promote greater vegetation cover and productivity, increasing soil CO2 and increasing 
dripwater saturation states (Stoll et al., 2013). Conversely, speleothem growth ceased 
at or prior to the MIS4 boundary which coincided with a period of declining NHSI and 
a fall in sea surface temperatures from 18°C to below 14°C (Martrat et al., 2007; Stoll 
et al., 2013). Speleothems from NW Iberia reinitiated growth during summer 
insolation maxima between 50 to 60ka. Similarly, speleothems from Cueva de las 
Perlas exhibit the same pattern of growth during MIS5, MIS4 and MIS3 which is further 
supported by the stable isotope record (section 6.5.1).  
Spatial differences in growth during MIS3 exist between different cave sites in 
northern Iberia. Speleothem growth during MIS3 is periodic at Cueva Rosa and La 
Vallina (Stoll et al., 2013) and these sites lie ~125km and ~100km to the west of Cueva 
de las Perlas. A reason behind this disparity may be found in the modern-day 
precipitation records. The sites investigated by Stoll et al. (2013) each have a mean 
annual precipitation of 1260mm/yr and 1230mm/yr for Cueva Rosa and La Vallina 
respectively. The modern precipitation average of Matienzo is higher at ~1400mm/yr. 
It is apparent that precipitation is variable across north western Iberia as 
demonstrated by the difference between local Matienzo mean annual precipitation 
and that of the nearest weather station of Santander at ~1200mm/yr (IAEA, 2018). 
Therefore, it is likely that higher precipitation amounts found within the Matienzo 
depression allowed the continuous growth apparent in the speleothem records from 
this area.   
Marine sediment cores taken from different latitudes across the North Atlantic have 
identified long-term climatic and environmental changes in response to variations in 
NHSI. Pollen from marine cores provides an oceanic-terrestrial record of past climate 
and environmental conditions over long-timescales. Marine pollen shows a reduction 
in tree populations and ericaceous heathland during MIS3 which has been interpreted 
as a long-term cooling and aridity trend (Roucoux et al., 2005; Fletcher and Sánchez 






been identified to correspond to long-term trends in NHSI (Cacho et al., 1999). Benthic 
δ18O data from marine cores MD95-2039 (Thomson et al., 1999; Schӧnfeld et al., 2003; 
Roucoux et al., 2005) and MD95-2042 (Shackleton et al., 2000) have shown the 
variability in NH ice sheets across MIS3 and MIS2. The benthic oxygen isotope records 
demonstrate ice sheet growth during MIS3, reaching a maximum in MIS2 with ice 
sheet growth coincident with declining insolation (Thomson et al., 1999; Schӧnfeld et 
al., 2003; Shackleton et al., 2000; Fletcher and Sánchez Goñi, 2008). However, 
maximum ice sheet extent has been shown to lag NHSI minima by ~6ka (Ruddiman, 
2006).  
The correspondence between the aridity proxies from the Cueva de las Perlas 
speleothems, contraction of tree populations and ericaceous heathlands, lowered sea 
surface temperatures and the expansion of ice sheets suggests that the long-term 
cooling and drying trend on the Iberian Peninsula during MIS3 was a function of 
declining insolation. At this time build-up of continental ice-sheets associated with a 
decline in insolation is known to have caused reduced sea surface temperatures and 
aridity on the Iberian Peninsula. These changes are propagated through weakening of 
the global hydrological cycle and increased albedo which lowered global temperatures 
and strengthened wind systems (Fletcher and Sánchez Goñi, 2008).  
 
7.3 Investigation of the millennial-scale ‘events’ recorded in 
Cueva de las Perlas speleothem records in relation to wider North 
Atlantic Heinrich events 
7.3.1 Overview 
Section 6.5.2 identified millennial-scale events superimposed onto orbital trends. 
Millennial events occurred at 30.3-31.3ka, 39.4-41.8ka and 46.5-51ka and these are 
referred to herein as Perlas events. Although these events require stronger 
chronologies and higher-resolution isotope data to validate their existence, the 
current dataset suggests the timing of these events is broadly synonymous with the 






38ka and 45ka respectively (Hemming, 2004) (table 7.1). This section will compare the 
evidence for each of these events in the Cueva de las Perlas records with evidence 
from wider regional North Atlantic records. 
Table 7.1: Timing of Cueva de las Perlas millennial-scale events and North Atlantic 
Heinrich events taken from Hemming (2004).  
Perlas event 
number 




Heinrich event age  
1 30.3 – 31.3ka 3 31ka 
2 39.4 – 41.8ka 4 38ka 
3 46.5 – 51ka  5 45ka 
 
7.3.2 Perlas Event 1 
The timing of Perlas Event 1 coincides with the timing of H3 in the North Atlantic (table 
7.1). The presence of H3 in and around the Iberian Peninsula has been previously 
documented in various archives. Marine cores along the Iberian Margin have 
identified H3 by a peak in IRD. The presence of this peak is relatively smaller than the 
preceding H4 event and the succeeding H2 event (Baas et al., 1997; Thomson et al., 
1999; de Abreu et al., 2003; Schӧnfeld et al., 2003; Roucoux et al., 2005). The event 
was identified in marine core MD95-2042 as a cold event at 31ka associated with a 
decline in productivity demonstrated by reduced SST and declines in the 
palaeoproductivity proxies (carbonates, organic carbon and C37 alkenones) (Pailler and 
Bard, 2002). Later analysis of 15 marine cores from the Iberian Margin by Salgueiro et 
al. (2014) demonstrated H3 as a cold event with SST between 5-11°C and a reduction 
in productivity. When compared to H2, H3 was shown to be significantly colder with 
reduced productivity.  
Moving onto the terrestrial environment, Wolf et al. (2018) identified H3 as a period 
of strongest aeolian activity between 32.2±2.7kyr and 28.4±2.4kyr expressed through 
maximum loess deposition and high δ13C values. Similarly, pollen from marine cores 






Pinus (Roucoux et al., 2005) and Juniperus associated with the expansion of steppic 
taxa such as Artemisia (González-Sampériz et al., 2006) which are interpreted to 
represent a shift to cold and arid conditions.  Further north in France, increases in δ13C 
values and subsequent termination of growth in speleothems from Villars Cave 
coincide with H3 at 30ka. At Villars Cave, δ13C values are interpreted to reflect 
variations in vegetation density and microbial activity in the soil overlying the cave 
system (Wainer et al., 2009).  
In section 6.5.2.2 evidence from PER10.3 demonstrated peaks in Mg, Sr and δ13C 
values as well as a strengthening of the correlation between Mg, Sr and Ba between 
30.3-31.3ka (figure 6.23). These proxies suggested a shift towards dry conditions 
related to enhanced karst-water interaction processes such as PCP or ICD. Therefore, 
the presence of a dry event between 30.3-31.3ka in the Cueva de las Perlas 
speleothem record agrees with local and regional records which identify a cold and 
arid period during H3.  
 
7.3.3 Perlas Event 2 
7.3.3.1 Comparison of Perlas Event 2 to North Atlantic records  
Perlas Event 2 is proposed to be synonymous with H4 (table 7.1). The expression of 
H4 within marine cores surrounding the Iberian Peninsula has been characterised by 
the occurrence of IRD indicating the presence of icebergs (Baas et al., 1997; Thomson 
et al., 1999; Schӧnfeld et al., 2003; Roucoux et al., 2005; Sánchez Goñi et al., 2008) 
between 38.3-40.2ka (de Abreu et al., 2003). Thomson et al. (1999) recognised the H4 
event was significantly larger in comparison to the other Heinrich events identified 
within the marine cores based upon a significantly large sediment flux in both marine 
cores analysed. H4 is also identified by the high percentage of Neogloboquadrina 
pachyderma (s) (de Abreu et al., 2003; Cacho et al., 1999), maxima in the oxygen 
isotopic composition of the planktonic foraminifera Globigerina bulloides (Cayre et al., 
1999; Shackleton et al., 2000; Pallier and Bard, 2002; Sánchez Goñi et al., 2008) and 






Goñi et al., 2008). Temperature reconstructions estimate a winter SST of 0±2°C in the 
Bay of Biscay during the H4 event (Sánchez Goñi et al., 2008).  
Reduction in forest extent (Fletcher and Sánchez Goñi, 2008), particularly a dramatic 
drop in Pinus populations (Roucoux et al., 2005; Sánchez Goñi et al., 2008) and the 
expansion of semi-desert taxa such as Artemisia (Combrourieu Nebout et al., 2002; 
Roucoux et al., 2005; Sánchez Goñi et al., 2008; Fletcher and Sánchez Goñi 2008) 
suggest enhanced aridity on the Iberian Peninsula during Heinrich cooling events. 
Additional evidence from a small vertebrate assemblage from Terrassa Riera dels 
Canyars established evidence that H4 resulted in cold climatic conditions 
characterised by significantly harsher and drier climate compared to modern day 
north-eastern Iberia (López-García et al., 2013). Lacustrine sediments from central 
Spain have also provided a cold and arid terrestrial signature of H4 on the Iberian 
Peninsula which is marked by carbonaceous sedimentation, low lake levels, organic 
matter degradation and an increased percentage of Juniperus and steppic taxa (Vegas 
et al., 2010). A lacustrine record from south-eastern France also identifies H4 as a 
period of reduced lake levels marked by a hiatus in deposition as a result of the cool 
and dry conditions of H4 (Wohlfarth et al., 2008; Veres et al., 2009). Evidence for H4 
cooling and aridity has also been found in speleothems from Villars Cave. H4 is 
represented in these records by a decline in speleothem growth rate and a positive 
excursion in δ13C values (Wainer et al., 2009; Genty et al., 2010). 
The climatic oscillation exhibited in PER10.3 and PER10.4 between 39.4-41.8ka 
identifies a period of aridity which is coincident with widespread North Atlantic 
cooling and aridity during H4 (section 6.5.2.3). Although the exact definition of this 
event in the Cueva de las Perlas speleothem records is complicated by the isotope 
sampling resolution and dating complexities, speleothem proxies correspond to 
regional archives recording the H4 event within age error.  
7.3.3.2 Two-phased Heinrich event 4 
The expression of H4 in marine cores is not straightforward and studies have identified 
a two-phase hydrological pattern for H4, H2 and H1 in marine sediments. The first 






IRD, high magnetic susceptibility and wet-cold pollen assemblages. In contrast, the 
second phase is characterised by a shift to extreme continental aridity and cooler 
climatic conditions illustrated by high IRD and a marked increase in semi-desert taxa 
(Sánchez Goñi, et al., 2000; Naughton et al., 2007, 2009). A speleothem from Pindal 
Cave (Northern Iberia) has identified a similar two-phase hydrological pattern during 
H2 (Moreno et al., 2010). The Cueva de las Perlas speleothem records do not appear 
to evidence the presence of a two-phase H4 event in NW Iberia because of limitations 
in the proxy records and lack of a definitive temperature proxy.   
7.3.3.3 Summary 
The speleothem record from Cueva de las Perlas agrees with the local and regional 
North Atlantic records identifying widespread aridity on the Iberian Peninsula 
associated with Heinrich Event 4. Evidence from other studies has identified the H4 
event led to differing climatic and environmental conditions across the Iberian 
Peninsula with the Atlantic region being more humid than the Mediterranean region 
(Sánchez Goñi et al., 2002; López-García et al., 2013). Speleothem growth appears to 
continue in the Matienzo depression, albeit reduced, during this event. Therefore, the 
speleothem records identify a period of aridity associated with H4 cooling in NW Iberia 
which fit with the proxy data from different archives and also model simulations which 
demonstrate the H4 event was characterised by cooler temperatures and more arid 
conditions in the northern Iberian Peninsula (Sepulchre et al., 2007).  
 
7.3.4 Perlas Event 3 
The timing of Perlas Event 3 is synonymous with North Atlantic H5. Marine records 
from the North Atlantic preserve evidence for cooling in relation to H5. The presence 
of IRD within numerous marine sediment cores acted as a marker to define the H5 
event. However, similarly to H3, authors have identified H5 as a relatively less 
intensive ice-rafting event based upon a smaller IRD peak (Thomson et al., 1999; de 
Abreu et al., 2003; Schӧnfeld et al., 2003; Roucoux et al., 2005) and an absence of any 
volcanic elements (de Abreu et al., 2003). Other authors have classified H5 based upon 






Combourieu Nebout et al., 2002; Sánchez Goñi et al., 2008). Reconstructed SST from 
the Bay of Biscay have estimated values of ~0±2°C (Sánchez Goñi et al., 2008) whilst 
further south in the Alboran Sea, alkenone SST reconstructions identify a 4°C fall in 
temperature during Heinrich Events (Cacho et al., 1999). Terrestrial pollen in marine 
cores shows a distinct reduction in Pinus pollen (Roucoux et al., 2005) and widespread 
expansion of steppic taxa associated with H5 (Sánchez Goñi et al., 2000; 2002; 
Combourieu Nebout et al., 2002; Fletcher and Sánchez Goñi, 2008). 
Speleothems from Villars Cave have identified a cold period characterised by 
increased δ13C values and reduced growth rates (Wainer et al., 2009; Genty et al., 
2010). Wainer et al. (2009) define this period between 47.8-49.2ka whereas Genty et 
al. (2010) defined the period as 46.68-47.74±0.8ka. Therefore, although different 
distinctions are given, both periods overlap within error. Additionally, speleothems 
from Kleegruben Cave in the Austrian Alps express a period of reduced growth 
between 47.8-51.5ka coincident with low δ18O values, which are a function of 
temperature variations (Spӧtl and Mangini, 2002; Spӧtl et al., 2006).  
Perlas Event 3 within the Cueva de las Perlas speleothem records has proven 
challenging to define both chronologically and through the geochemical proxies 
(section 6.5.2.4). However, evidence from the Cueva de las Perlas speleothems 
suggests a shift to dry conditions between 46.5-51ka as evidenced primarily through 
changes in growth rate (figure 6.25). The fall in growth rate associated with Perlas 
event 3 corresponds to the wider evidence for widespread cooling and aridity in the 
North Atlantic region associated with H5.  
 
7.3.5 Comparison of the different events 
Each Heinrich Event appears to have different characteristics as recorded by various 
terrestrial and marine archives. López-García et al. (2013) suggested that H4 was the 
most abrupt event in comparison with H3 and H5, with H3 being the least cold. 
Similarly, peaks in IRD within marine cores are reduced for H3 and H5 suggesting 






comparison to H3 and H5 may partially explain the difference between the different 
event signals recorded in the Cueva de las Perlas speleothems. The signal for H4, 
represented by a significant peak in Mg in the PER10.3 record is much clearer than 
those for H3 and H5. Widespread aridity related to reduced precipitation in Matienzo 
during H4 resulted in increased karst-water interactions which subsequently increased 
Mg concentrations and δ13C values in speleothem calcite. In contrast, reduced aridity 
during H3 and H5 compared to H4, may lead to the muted signal expressed within the 
Cueva de las Perlas speleothem records.  
 
7.3.6 Summary 
This section has examined the evidence for millennial-scale events from the North 
Atlantic including those from Cueva de las Perlas. The events identified from Cueva de 
las Perlas display a regional signature of the North Atlantic Heinrich Events 3, 4 and 5 
and are comparable to other records from the North Atlantic region (figure 7.1). The 
signature of each of the events is unique, with H4 being represented as the most 
abrupt and severe within the Cueva de las Perlas speleothem records and in other 
archives from the Northern Hemisphere. H3 and H5 display a relatively attenuated 
signal within the Cueva de las Perlas speleothem records in comparison with H4 and 
this pattern has previously been identified within North Atlantic records (Schӧnfeld et 
al., 2003; Roucoux et al., 2005; Naughton et al., 2009, Vegas et al., 2010; López-García 
et al., 2013). The next section (7.4) will examine the local and regional evidence for 
millennial-scale variability demonstrated within the Cueva de las Perlas speleothem 
records and forcing mechanisms for both millennial-scale events and variability are 









Figure 7.1: Comparison of palaeoclimate records from across the North Atlantic region. 
Cueva de las Perlas speleothem δ13C values, Mg and Sr concentrations, temperate 
pollen from MD99-2331 (ACER Project members, 2017b), IRD and N. pachyderma (s) 
from MD95-2040 (Eynaud et al., 2009a, data: Eynaud et al., 2009b) and SST from 






7.4 Investigation of the millennial-scale variability recorded in 
Cueva de las Perlas speleothem records in relation to wider North 
Atlantic archives 
7.4.1 Overview 
Section 6.5.3 demonstrated high-frequency abrupt climatic shifts within the Cueva de 
las Perlas speleothem records and suggested this climatic instability may be coincident 
with Dansgaard-Oeschger (DO) variability identified in the Greenland ice core records. 
DO variability in Greenland is defined by abrupt switches in climate from cold stadial 
conditions to mild interstadial conditions (Dansgaard et al., 1993, Johnsen et al., 1992, 
Rasmussen et al., 2014) and evidence for millennial-scale variability has been 
identified across the Northern Hemisphere (Voelker, 2002). This section will present 
evidence for DO variability from different archives across the Northern Hemisphere 
and assess how the records from Cueva de las Perlas cohere with the wider North 
Atlantic evidence.  
 
7.4.2 Evidence for millennial-scale variability from Northern Hemisphere archives 
Evidence for millennial-scale variability in marine sediments was identified by Bond et 
al. (1993) through records of past SST from North Atlantic sediments over the past 
90ka. Following the work of Bond et al. (1993), evidence for such variability has been 
widely documented in marine cores surrounding the Iberian Peninsula. Proxies used 
to identify millennial-scale variability in marine archives have included: alkenone SST 
temperature reconstructions (Cacho et al., 1999; Pailler and Bard, 2002; Sánchez Goñi 
et al., 2002, 2008), planktonic isotope analyses (Shackleton et al., 2000; Combrourieu 
Nebout et al., 2002) and pollen (Roucoux et al., 2001, 2005; Sánchez Goñi et al., 2000, 
2002, 2008; Combrourieu Nebout et al., 2002). Pollen records have indicated 
vegetation in Iberia responds rapidly to changes in SST throughout MIS3 and DO cycles 
are represented by the contraction and expansion of thermophilous tree populations 






Lacustrine records from the Iberian Peninsula demonstrating millennial-scale climatic 
variability in response to North Atlantic forcing are scarce and most likely attributed 
to lower sampling resolution in current records and dating constraints (Moreno et al., 
2012). However, the Fuentillejo Maar record identifies evidence for close-coupling of 
the ocean-atmosphere system during MIS3 with variability which corresponds to DO 
cycles (Vegas et al., 2010). Lacustrine records from across southern Europe have found 
evidence for shifts between stadial and interstadial conditions. Records include 
Tenaghi Phillipon, Greece (Müller et al., 2011; Pross et al., 2015), Lago Grande di 
Montichicco, Italy (Allen et al., 1999; Martin-Puertas et al., 2014) and Les Echets, 
France (Ampel et al., 2008; Wohlfarth et al., 2008; Veres et al., 2009). Proxies typically 
express interstadial events in southern Europe as warm and wet whilst stadial events 
are defined by cold and arid climatic conditions. However, local factors influence the 
expression of each event in different archives (Sánchez Goñi et al., 2008; Fletcher et 
al., 2010).  
European speleothems have identified the presence of DO cycles. Growth rates from 
speleothems in northern Iberia have indicated that growth during MIS3 was sporadic 
and coincided with warm phases of DO events (Stoll et al., 2013). Additionally, 
speleothems from Sofular Cave, Turkey (Fleitmann et al., 2009) and Austrian caves 
(Spӧtl and Mangini, 2002; Moseley et al., 2014) have recognised the presence of DO 
cycles evidenced through stable isotope analyses.  
 
7.4.3 Comparison of Cueva de las Perlas speleothem records to Northern 
Hemisphere archives 
The Mg/Ca record from PER10.3 demonstrates high frequency oscillations in climate 
which show a similarity to the Greenland DO interstadial-stadial variability (figure 7.2, 
also figure 6.27). DO events are marked by abrupt shifts to wetter conditions in the 







Figure 7.2: Comparison of Cueva de las Perlas speleothem Mg/Ca to ice core data. The 
ice-core data shown is 50yr averaged δ18O values from NGRIP and numbers represent 
Greenland Interstadials (Rasmussen et al., 2014).  
Wet conditions in NW Iberia appear to correspond to high temperate forest pollen 
identified in marine cores from the Iberian margin and Bay of Biscay (figure 7.3). The 
variability in the Cueva de las Perlas Mg/Ca records corresponds to that exhibited in 
the marine and ice core records and suggests a close-coupling of the ocean-







Figure 7.3: Comparison of Cueva de las Perlas speleothem Mg/Ca to ice core and 
marine pollen data. The ice-core data shown is 50yr averaged δ18O values from NGRIP 
and numbers represent Greenland Interstadials (Rasmussen et al., 2014). Marine 
pollen data show temperate pollen percentages from MD04-2845 (ACER Project 
Members, 2017a) and MD99-2331 (ACER Project Members, 2017b). Note the reversed 
scale for the Mg/Ca data from PER10.3 and PER10.4.  
 
7.5 Forcing mechanisms for sub-orbital events and variability 
7.5.1 Overview 
The identification of DO variability in sections 6.5.3 and 7.4 in Cueva de las Perlas 






MIS3. This section will discuss forcing mechanisms for stadial-interstadial variability 
and discuss the potential for latitudinal orbital modulation of abrupt climate variability 
(Fletcher and Sánchez Goñi, 2008; Sánchez Goñi et al., 2008; Fletcher et al., 2010). 
Additionally, the timeseries analysis of sub-orbital cyclicity undertaken in section 6.5.4 
will be discussed in relation to the wider debate surrounding whether DO events occur 
cyclically. 
 
7.5.2 Forcing mechanisms during stadials 
Heinrich events correspond to the release of mass armadas of icebergs discharged 
from the Laurentide ice sheet (Bond et al., 1992; Bond and Lotti, 1995) and subsequent 
melting of icebergs leads to a reduction in SST and reduced salinity across the North 
Atlantic (Cortijo et al., 1997; Hemming 2004) although the exact mechanism forcing 
Heinrich events remains debated (e.g. Alvarez-Solas and Ramstein, 2011; Barker et al., 
2015).  Influx of freshwater as a result of iceberg melting has been shown to influence 
the thermohaline circulation (Vidal et al., 1997). Evidence has postulated changes in 
the Atlantic Meridional Overturning Circulation (AMOC) during DO stadials. However, 
further palaeoclimate records are required in order to further understand the nature 
and extent of these changes and to clarify the trigger mechanism for AMOC variability 
(Lynch-Stieglitz, 2017).  
Both Heinrich Events and DO stadials are associated with weakening of North Atlantic 
Deep Water (NADW) formation in the Norwegian Sea and subsequent reduction in the 
strength of AMOC (Rasmussen et al., 1996; Stocker, 2000; Roucoux et al., 2005). 
Models have demonstrated a weakening or shutdown of AMOC reduces transport of 
heat northwards leading to a strengthening of the pole-to-equator mid-latitude 
temperature gradient (thermal front). In order to compensate and bring more heat to 
the North Atlantic, the strength of the Azores high and the Hadley cell are intensified 
resulting in a southward shift of the ITCZ (Kageyama et al., 2009). Modelling agrees 
with climate proxy archives which have hypothesised that the northward migration of 
the thermal front and associated northward shift and strengthening of the westerlies 






similar forcing mechanism has been identified to drive the positive-mode of the NAO 
and some authors have proposed a prevailing positive-mode NAO-like mechanism was 
responsible for driving aridity during Heinrich Events (Sánchez Goñi et al., 2002; 
Naughton et al., 2009).  
In summary, the forcing mechanism currently dominant in the literature for extreme 
aridity and cooling during HE and DO stadials invokes a reduction in the strength of 
AMOC. As a consequence, SST were lowered, and westerly winds were intensified and 
shifted to the north. Colder SST, the presence of offshore ice and the close proximity 
of the polar front led to enhanced aridity and cooling in and around the Iberian 
Peninsula during Heinrich Events relative to DO stadials (Roucoux et al., 2005).  
 
7.5.3 Forcing mechanisms during interstadials 
The relative synchronicity between DO warming events in Greenland and the increase 
in the SST of waters surrounding the Iberian Peninsula demonstrates a close coupling 
of the ocean-atmosphere system which has repeatedly undergone rapid 
reorganisation on relatively short timescales (i.e. centuries) (Bond et al., 1993). The 
synchronous relationship between the two regions during DO events is most likely 
propagated through rapid northward migration of the polar front accompanied by 
reorganisation of the atmospheric circulation (Bond et al., 1993; Shackleton et al., 
2000; Roucoux et al., 2001; Fletcher et al., 2010). Rapid reorganisations in atmospheric 
circulation have been demonstrated to occur within 1-3yrs during the last two abrupt 
warmings (Steffensen et al., 2008). Evidence from the Bay of Biscay marine core 
(MD04-2845) has shown the development of Betula-Pinus deciduous Quercus forest 
in northwestern Iberia and western France during warming phases when summer SST 
reach 12°C (Sánchez Goñi et al., 2008). Increases in SST associated with North Atlantic 
warming would enhance evaporation and lead to increased temperatures and 






7.5.4 Potential modulation of DO events through orbital forcing 
7.5.4.1 Overview 
Marine cores have demonstrated the significance of the Iberian Peninsula and wider 
Mediterranean region as they lie upon the boundary between obliquity-forced and 
precession-forced climate variability, particularly during MIS3 (Sánchez Goñi et al., 
2018). DO cycles are evident in archives from across the North Atlantic although 
responses to DO events are region-specific as a result of orbital modulation. Regions 
below 40°N are suggested to be influenced by precession whilst those above are 
influenced by obliquity (Sánchez Goñi et al., 2018). This section will summarise the 
current evidence and investigate potential for orbital modulation within the Cueva de 
las Perlas speleothems.  
7.5.4.2 The influence of precession below 40°N 
Analysis of a marine core from the Alboran Sea (MD95-2043) recognised periods of 
strongest forest development occurred during DO8, 7, 6 and 5 and were coincident 
with precession minima (Fletcher and Sánchez Goñi, 2008). During precession minima, 
Mediterranean climate was strengthened through enhanced seasonality resulting in 
hot-dry summers and wet-cool winters (Fletcher and Sánchez Goñi, 2008; Sánchez 
Goñi et al., 2018). Precessional influence on forest development has not clearly been 
demonstrated in marine pollen records from the NW Iberian margin (Roucoux et al., 
2005; Sánchez Goñi et al., 2008) or in the Bay of Biscay (Sánchez Goñi et al., 2008). 
Consequently, it has been proposed that the influence of precession on modulating 
millennial-scale climate variability is more significant in the western Mediterranean 
basin as opposed to the northern Iberian Peninsula and higher northern latitudes 
(Sánchez Goñi et al., 2008; Fletcher and Sánchez Goñi., 2008).  
7.5.4.3 Obliquity forcing above 40°N 
Marine cores, particularly through pollen analysis, have identified that periods of 
maximum expansion of Atlantic forest (above 40°N) coincided with obliquity maxima 
(Sánchez Goñi et al., 2018). The significant expansion of forest during DO14 and 12 
occurred during both an obliquity maximum and a precession maximum (Fletcher et 






and precession maxima would reduce seasonality at lower latitudes (Fletcher et al., 
2010; Sánchez Goñi et al., 2018). Both of these parameters combined would result in 
a reduction of ice sheet extent and encourage forest development at high latitudes 
associated with warmer and wetter conditions (Fletcher et al., 2010). 
7.5.4.4 Orbital modulation of the Cueva de las Perlas speleothem records 
Similar to Fletcher and Sánchez Goñi (2008), the length and resolution of the Cueva de 
las Perlas speleothem record does not permit the full assignment of millennial-scale 
variability to either precessional or obliquity cycles. However, there is evidence for the 
modulation of Northern Iberian climate by orbital parameters (figure 7.5).  
Section 6.5.4 proposed that decline in Mg/Ca in PER10.3 at 39.5ka may correspond to 
DO8. If this is true, the Mg/Ca record following DO8 exhibits changes which are 
relatively muted compared to those preceding DO8 (inclusive) (figure 7.5). Climate 
variability prior to DO-8 includes abrupt oscillations towards wetter conditions 
demonstrated by shifts in Mg/Ca of >0.5. Following DO8, millennial-scale variability is 
less evident, oscillations towards wetter conditions are present but they are less 
pronounced and distinguished by a gradual shift in Mg/Ca of typically less than 0.5. 
This distinction between events prior to and including DO8 and those after DO8 
coincides with declining obliquity and precession which would inhibit ice sheet 
reduction and forest expansion through lowered temperatures at high latitudes. This 
forcing mechanism has the ability to act to complement variations in NHSI at 65°N, 
which have previously been demonstrated to influence drying trends in northern 
Iberia (section 6.5.1). The decline of NHSI throughout MIS3 resulted in the expansion 
of ice sheets and onset of glacial conditions associated with MIS2.  Therefore, post- 
DO8 weaker DO warmings are evident in northern Iberia and are likely to reflect not 







Figure 7.5: Orbital modulation of DO millennial-variability at Cueva de las Perlas. 
NGRIP 20-yr averaged oxygen isotope data are shown in light blue and numbers 
represent GI onsets (Rasmussen et al., 2014), PER10.3 Mg/Ca 10-yr averaged data is 
shown in orange and precession index, obliquity and Northern Hemisphere summer 
insolation at 65°N are also shown (Berger and Loutre, 1991; data from Berger and 






7.5.5 Investigation of the ~2000yr periodicity identified in the Cueva de las Perlas 
speleothem record 
Periodicities of ~1500yr have been identified for millennial-scale climate events during 
the Holocene (Bond et al., 2001; Mayewski et al., 2004). Speleothems from Asiul Cave, 
Matienzo, have demonstrated a similar pacing for millennial-scale events of ~1500yrs 
throughout the Holocene (Smith et al., 2016b). Section 6.5.4 identified periodicities of 
1900-yr and 2000-yr in the PER10.3 Mg/Ca profile and ~1600yr and ~2000yr in the 
PER10.4 profile. This periodicity may underlie the cyclic wet-dry events exhibit in the 
Cueva de las Perlas speleothem records (section 6.5.3).  
Previous studies have also identified a lack of ~1500-yr cycles within data from 
different palaeoclimate archives (Long and Stoy, 2013; Ditlevsen et al., 2007; Thomas 
et al., 2011; Obrochta et al., 2012). Stable isotope data from Lake Malawi diatoms 
revealed quasi-periodic dry events occurring ~2300ka coinciding with cooler 
temperatures in Greenland (Barker et al., 2007). However, investigation into the 
periodicity within a marine core from the North Atlantic suggested that the ~1500-yr 
cycle may be a statistical artefact of ~1000-yr and ~2000-yr cycles which were 
demonstrated throughout glacial periods 2 and 3. These periodicities are postulated 
to respond to solar forcing (Obrochta et al., 2012).  
Spectral analysis of Hulu Cave speleothems and the GRIP and GISP2 ice core records 
by Clemens (2005) identified that the ~1500-yr cycles are an artefact of the GISP2 age 
model. Millennial-band cycles were evident in the Hulu record with peaks centred at 
1190-yr, 1490-yr and 1667-yr. This pattern was identified in the GISP2 record when it 
was analysed using the Hulu Cave age model and also in the GRIP record using a 
radiometric age model. Clemens (2005) postulates these peaks may represent 
millennial-scale climate variability as a heterodyne response to centennial-scale solar 
forcing.  In order to validate the potential influence of centennial solar cycles on 
millennial-scale climate variability in the Cueva de las Perlas speleothem records, age 
models with lower age errors are required.  
Timeseries has identified periodicities in the PER10.3 Mg/Ca record of 1900-yr and 






climate variability thought to relate to DO cycles. However, due to the large age errors 
associated with the dataset, particularly <50ka, it is difficult to determine the validity 
of these cycles. Further dating is required in order to fully constrain the chronology 
and permit a full assessment of cyclic variability within the Cueva de las Perlas 
speleothem records.  
 
7.5.6 Summary 
The speleothem records from Cueva de las Perlas add to the growing literature 
identifying a strong coupling of the ocean-atmosphere system throughout MIS3, 
shown through the expression of millennial-scale events comparable to the Greenland 
ice core records. Cold and dry intervals in northern Iberia are associated with a 
reduction in the strength of AMOC and subsequent shifts in atmospheric circulation 
patterns. Of particular significance to this study is the northerly shift in westerly winds, 
which leads to enhanced aridity on the Iberian Peninsula during Heinrich Events and 
DO stadials which is clearly evident in the Mg/Ca profiles from Cueva de las Perlas 
speleothems. Interstadials associated with abrupt DO warmings are forced by rapid 
movements of the polar front and reorganisation of atmospheric circulation.  
Previously, marine proxies have identified the potential for orbital modulation of DO 
variability (Sánchez Goñi et al., 2008; Fletcher and Sánchez Goñi, 2008; Fletcher et al., 
2010; Sánchez Goñi et al., 2018). Although the resolution and length of the Cueva de 
las Perlas record inhibit full assessment of orbital forcing, there is evidence to suggest 
obliquity and precession maxima act to influence DO12 in northern Iberia. 
Additionally, DO events after DO8 coincide with declining obliquity, precession and 






7.6 Placing the Neanderthal demise in the context of climate and 
environmental change on the northern Iberian Peninsula 85-30ka 
BP 
7.6.1 Overview 
The causes of the Neanderthal extinction remain debated with the leading theories 
invoking the arrival of anatomically modern humans (AMH) (Banks, 2008; Benazzi et 
al., 2015; Gilpin et al., 2016) or climate changes (Finlayson and Carrion, 2007; 
Sepulchre et al., 2007), both directly and indirectly influencing Neanderthal 
population dynamics. Recent technological advances have allowed sequencing of the 
Neanderthal genome (Green et al., 2010) and further assessment has shed light on 
Neanderthals with some evidence suggesting their genetic make-up may have induced 
their own demise. Castellano et al., (2014) demonstrated Neanderthals had a reduced 
genetic diversity and populations were typically small and isolated. Evidence for a 
prolonged population bottleneck would have reduced genetic diversity (Prüfer et al., 
2014; Harris and Neilsen, 2016, 2017) which may have contributed to their demise.  
The extent to which Neanderthal populations were influenced by climate and 
environmental changes requires a significant archaeological input from northern 
Spain. However, the aim of this work was to investigate the terrestrial climatic and 
environmental variability during MIS5a-3 using speleothems from northern Spain in 
order to provide a regional climate and environmental background onto which the 
Neanderthal demise can be placed. Climate change has long been postulated as a 
cause of the Neanderthal demise (d’Errico and Sánchez Goñi, 2003; Finlayson and 
Carrion, 2007). However, different events have been attributed to the extinction of 
Neanderthals for example H5 (Galvan et al, 2014; Garralda et al, 2014) and H4 
(Sepulchre et al, 2007, Wolf et al., 2018) and additionally the influence of climatic 
oscillations has also been proposed (Finlayson and Carrion, 2007; Tzedakis et al, 2007). 
Prior to the discussion of the influence of climate change on Neanderthal populations, 
it must be stressed that the dynamics of the Neanderthal population decline which 






records (Finlayson et al., 2004). Recent re-dating of archaeological sites by Higham et 
al. (2014) proposed that the disappearance of the Mousterian culture associated with 
the Neanderthals occurred at 42ka and since then studies have identified evidence for 
an “early” (prior to 42ka) Neanderthal extinction (Galvan et al., 2014; Alcaraz-Castaño 
et al., 2017; Kehl et al., 2017). Although, some authors argue for the later persistence 
of Neanderthals on the Iberian Peninsula until 37ka (Zilhão et al., 2017). Discrepancies 
also lie in the timing of the arrival of modern humans into Iberia. Wood et al. (2014) 
demonstrate AMH arrived in northern Iberia at ~42ka whereas results from Higham et 
al. (2014) suggest an overlap between the two species of Homo of 2,600-5,400yrs 
which allowed for cultural and genetic exchange.  
 
7.6.2 The influence of orbitally-forced climate change on Neanderthals  
The speleothem records presented as part of this project have identified the 
continued drying throughout MIS5a and into MIS4 demonstrated by a hiatus at 65ka-
55ka. Nucleation of growth at 55ka indicates a return to wetter conditions, however, 
the record does continue to show evidence of a long-term drying trend throughout 
MIS3 and into the MIS2 glacial period where growth terminates. A continued drying 
throughout the period 85-27ka would have influenced the environment the 
Neanderthals were occupying, and potentially caused stress on their populations. Dry 
climates would have resulted in inhospitable conditions for Neanderthals 
characterised by a reduction in vegetation, bioproductivity and prey (Wolf et al., 
2018). As a result, Neanderthals would have restricted resources available.  
 
7.6.3 The influence of sub-orbital driven climate and environmental variability on 
Neanderthals 
High-frequency millennial-scale oscillations in climate are superimposed on the overall 
drying trend in northern Iberia. As a consequence, these climatic changes would have 
influenced the environments in which Neanderthals were living on the Iberian 






Neanderthals (Seplulchre et al., 2007; d’Errico and Sachez-Goni 2003; Galvan et al., 
2014; Wolf et al., 2018). The severe drying episodes present in the speleothem records 
from Cueva de las Perlas likely reflect an indirect effect of climate on population 
dynamics via changes in ecology and food resources (Stewart, 2005). However, recent 
frameworks have identified the limited influence of Abrupt Environmental Transitions 
on hominin populations (Davies et al., 2015). Additionally, the frequency and 
amplitude of these climate oscillations is more likely to drive changes in Neanderthal 
population dynamics rather than the intensity of each individual event (Finlayson et 
al., 2004).   
Neanderthals had survived previous climatic instability since the divergence of their 
lineage from AMH. Recent evidence from DNA sequences from Neanderthals 
estimates their divergence prior to 550ka (Meyer et al., 2016) and the persistence of 
Neanderthals may suggest that climatic instability did not influence their populations. 
Evidence from the Sandy Lane Mammal Assemblage Zone demonstrated Neanderthal 
populations thrived in warm and dry habitats during MIS7 (Schreve, 2017). Habitat 
preferences of Neanderthals ranged throughout their existence and evidence from 
Schreve (2017) suggested Neanderthals were not intolerant to the productive steppic 
habitats associated with warm and dry climate conditions. Nevertheless, as 
highlighted by Finlayson et al., (2004) it would be naïve to expect an analogous 
response of populations to similar climatic and environmental perturbations.  
The identification of a single forcing mechanism for the Neanderthal population 
decline is challenging, with multiple strands of evidence invoking a variety of different 
factors. Rey-Rodríguez et al. (2016) concluded by proposing climatic and 
environmental change cannot alone be held responsible for the Neanderthal 
extinction, attributing a combination of changing subsistence and territory 
exploitation strategies and the arrival of the AMH rival populations which may have 
added to the strain on Neanderthal populations triggering instability and a decline 
(Rey-Rodríguez et al., 2016).  
Speleothems from Cueva de las Perlas have demonstrated an overall drying trend 






speleothem proxies identifies MIS3 as a period characterised by climate instability 
involving abrupt shifts from dry to wet conditions and extreme aridity during 
millennial-scale events. These climatic oscillations would have impacted the terrestrial 
landscapes in which the Neanderthals were inhabiting primarily through changes in 
prey species and vegetation.  
Similar to the conclusions of Rey-Rodriguez et al. (2016) and considering the Cueva de 
las Perlas speleothem record, a combined influence of the arrival of modern humans, 
indirect terrestrial effects of millennial-scale climate oscillations (including DO 
instability and Heinrich events) and an overall drying trend throughout MIS3 most 
likely forced the decline of Neanderthal populations. The impact of these forcing 
mechanisms would have been exacerbated as a consequence of the low genetic 
diversity of the Neanderthal populations, making them more susceptible to variations 
in climate and the additional competition from AMH. 
 
7.6.4 Summary 
The Cueva de las Perlas speleothem records have reconstructed palaeoclimate and 
palaeoenvironments on the northern Iberian Peninsula. It is apparent from these 
records that high-frequency oscillations in climate occurred throughout MIS3 which 
led to fluctuations between warm-wet conditions and cold-dry conditions on the 
Iberia Peninsula, with extensive drying associated with Heinrich Events. The climatic 
shifts may have added stress to the weakening Neanderthal populations, however it 
is unlikely that the shifts to arid conditions played a determining role in the 
Neanderthal demise. An alternative hypothesis proposes the combined effects of the 
arrival of modern humans and the indirect effects of a changing climate and 
environment superimposed on a genetically limited population, were responsible for 
the extinction of the Neanderthals. Additional evidence from the archaeological 
record is needed in order to understand the Neanderthal and AMH population 
dynamics during this period and can provide further understanding of the responses 







8. Conclusions and suggestions for further 
research 
This thesis has produced the first comprehensive cave monitoring study of Cueva de 
las Perlas and has developed the first terrestrial palaeoclimate and 
palaeoenvironmental record from the Matienzo depression spanning 86-27ka. The 
sections below will act as a summary of key findings and highlight areas for further 
research.  
8.1 Cave monitoring 
Cave temperature is seasonal and dependent on density-driven ventilation induced by 
temperature differences between external and internal air temperatures. This 
ventilation is moderated by latent bedrock heating which leads to a lag between 
maximum summer external and internal temperature. Seasonal patterns of cave air 
temperatures and correspondence to external air temperatures suggest density-
driven ventilation; as demonstrated by other cave systems across the globe (Spӧtl et 
al., 2005; James et al., 2015; Smith et al., 2016a). 
Carbon dynamics within the cave (CO2 and δ13C values) do not appear to demonstrate 
a seasonal cycle but respond rapidly to diurnal oscillations in external temperature.  
Daily fluctuations in external temperature cross the internal temperature threshold 
which induces density-driven ventilation within the cave leading to an influx of CO2-
poor external air. As a result, CO2 concentrations and δ13C values of cave air remain 
close to external air all year round. Calcite precipitation is therefore promoted 
throughout the year as a result of enhanced degassing into the low CO2 cave void.  
Evidence from CO2 concentrations and electrical conductivity values of drip waters has 
shown the secondary influence of pressure-induced ventilation on the carbon 
dynamics within Cueva de las Perlas. Low external pressures enhance draw down of 
CO2-rich air from the karst and subsequently increase CO2 concentrations in the cave. 






in electrical conductivity. This work acts to support the findings of Smith et al. (2015) 
who identified the secondary influence of pressure on carbon dynamics in nearby Asiul 
Cave (Matienzo).  
Stable isotope analyses of drip waters have found that δ18O and δD values reflect 
external precipitation amount and trajectory analysis has identified the North Atlantic 
ocean as the source region. These isotopes lie towards the winter end of the Local 
Meteoric Water Line and suggest a homogenised aquifer with primary recharge during 
the winter months. The carbon isotope composition of the dripwaters is influenced by 
soil productivity and modified by karst-water interaction processes. Further 
monitoring is required to clarify the influence of productivity on carbon isotope values. 
Modern assessment of trace elements in drip waters has indicated Mg and Sr are 
primarily a function of karst-water interaction processes such as prior calcite 
precipitation and/or incongruent calcite dissolution. Further study of trace elements 
e.g. P, Zn, Fe in the waters by ICP-MS would act to constrain the influence of soil and 
vegetation processes on trace elements in drip waters and subsequent incorporation 
into speleothem calcite. 
Water movement is primarily through matrix flow with a secondary influence of 
fracture or piston-flow during periods of increased precipitation. Inter-annual isotopic 
variability in percolating waters related to karst hydrology was assessed using the 
karst hydrological model of Baker and Bradley (2010). Modelling determined minimal 
influence of karst-hydrological processes on isotopic variability. This model could be 
developed by continued monitoring of external and internal climate and drip water 
chemistry.  
Study of modern calcite plates has demonstrated isotopic variability across growth 
laminae calling into question the validity of the ‘Hendy test’. Additionally, these plates 
have demonstrated the complexities associated with determining “equilibrium 
deposition” and have suggest modern calcite is forming in quasi-equilibrium with the 
cave environment. This work supports the hypothesis of Dorale and Liu (2009) which 
argued that equilibrium fractionation may be occurring along the central growth axis 






8.2 Reconstructing past climate variability between 86-27ka 
Three speleothems collected from Cueva de las Perlas were used to assess past 
climate and environmental variability between 86-27ka. Proxies demonstrated shifts 
in precipitation amount (δ18O values) and karst-water interaction processes (δ13C 
values, Mg, Sr and Ba). Although, Sr and Ba were also indicative of changes in 
speleothem growth and δ13C values can be influenced by soil productivity over long-
timescales.  
A long-term trend towards arid conditions was evident during MIS5a into MIS4 and 
throughout MIS3 into MIS2. The long-term aridity trend recorded in the Cueva de las 
Perlas speleothems is coincident with a contraction of tree populations and ericaceous 
heathlands (Roucoux et al., 2005; Fletcher and Sánchez Goñi, 2008), declining sea 
surface temperatures (Cacho et al., 1999) and an expansion of ice sheets (Thomson et 
al., 1999; Schӧnfeld et al., 2003; Shackleton et al., 2000). This variability is related to 
orbital forcing, particularly Northern Hemisphere Summer Insolation. Reductions in 
insolation drive the Northern Hemisphere ice ages through expansion of ice sheets. 
Sub-orbital climate instability is superimposed on the orbital-trends and observed 
throughout the records. This variability agrees with local Iberian marine and terrestrial 
archives (Roucoux et al., 2001; 2005; Sánchez Goñi et al., 2000; 2008; Wainer et al., 
2009; Moseley et al., 2014) and wider North Atlantic archives (Bond et al., 1993; 
Dansgaard et al., 1993; Rasmussen et al., 2014) suggesting the presence of Dansgaard-
Oeschger cycles and Heinrich events. Therefore, the identification of this pattern in 
Cueva de las Perlas strengthens the hypothesis for a tightly-coupled ocean-
atmosphere system during MIS3. 
Timeseries analysis undertaken has identified a periodicity for the wet-dry cycles in 
the Mg/Ca record of ~2000yrs. This overlaps with the ~1500±500yr periodicity 
determined by Bond et al. (1997). However, the validity of this periodicity has been 
questioned (Clemens, 2005; Obrochta et al., 2012). Further U-series dating would 
minimise the age errors associated with the speleothem chronologies. Reduced age 
errors are required in order to validate the observed periodicity in the Cueva de las 






50ka would permit analysis of different proxy data, thus evidencing the existence of 
the cycles in numerous proxies.  
A caveat of the present study was the weaker chronology between 25-50ka. This 
period proved challenging to date and subsequently contained large age errors which 
made comparison to other records and classification of individual events difficult. 
Additionally, the fall in growth rate during the same period led to a reduction in 
isotope sampling resolution. Further dating and isotope analyses on PER10.3 and 
PER10.4 <50ka would aid the interpretation of the palaeoclimate records greatly. 
 
8.3 The influence of climate change on Neanderthal populations 
Dry conditions and abrupt climatic variability has been identified within the Cueva de 
las Perlas speleothem records. Although climate change has frequently been invoked 
as a cause for Neanderthal population decline (e.g. Finlayson et al., 2004; d’Errico and 
Sánchez Goñi, 2003; Sepulchre et al., 2007), the high-frequency climatic perturbations 
during MIS3 are unlikely to have directly influenced Neanderthals. Climate change and 
environmental variability combined with the arrival of anatomically modern humans 
would have increased the strain upon an already genetically weak species. Initial work 
from Cueva de Cofresnedo has begun to explore the archaeological potential within 
the Matienzo region and future efforts should aim to constrain the periods of 
Neanderthal and anatomically modern human occupation of the site. Furthermore, 
archaeological records from the Iberian Peninsula should constrain the timing of the 
Neanderthal demise using modern dating techniques (Higham et al., 2014) in order to 







8.4 Potential extension of the Cueva de las Perlas speleothem 
records to explore climate and environmental change during 
MIS5e and beyond 
Understanding glacial-interglacial transitions remains an important objective for the 
palaeoclimate community. Glacial terminations are associated with melting ice sheets, 
reorganisations of atmospheric circulation and increased CO2 concentrations (Denton 
et al., 2010). Termination II marks the transition between MIS6 and MIS5e. However, 
the exact timing of onset remains debated (Muñoz-García et al., 2007). Although 
palaeoclimate records from speleothems have been used to determine climatic and 
environmental variability during Termination II, these have primarily focused on 
variations in stable isotope values (Muñoz-García et al., 2007; Stoll et al., 2015; 
Moseley et al., 2015) or changes in growth rate (Stoll et al., 2013).  
Speleothem palaeoclimate records from Matienzo have demonstrated the sensitivity 
of the region to past climate variability due to the unique positioning of Northern 
Iberia on the margin of key air masses and influence of the North Atlantic Ocean.  The 
top of a speleothem from Cueva de las Perlas was dated to 120.06±5.13ka BP as part 
of the present study. This speleothem has the potential to explore climate variability 
during MIS5e through geochemical proxies. The basal date for this speleothem is 
unknown but growth initiation may precede or coincide with Termination II. Trace 
elements, primarily Mg and Sr, have been crucial indicators of past climate and 
environmental variability in the present study. There are many other trace elements 
which can be utilised in speleothem palaeoclimate studies, such as P, Zn and Fe. 
Assessment of trace element concentrations within speleothem calcite, combined 
with comprehensive contemporary monitoring of trace element incorporation into 
drip waters (suggested previously in section 8.1), would provide insight into local and 








This study was the first to investigate cave dynamics within Cueva de las Perlas, 
Matienzo, through an extensive cave monitoring programme. In light of this modern 
monitoring, three speleothems were collected and were used to reconstruct past 
climate and environmental variability between 86-27ka. Evidence has demonstrated 
orbital and sub-orbital climate variability throughout MIS5a-MIS3. Sub-orbital 
variability is similar to Dansgaard-Oeschger cycles recorded in numerous North 
Atlantic archives. Therefore, it is evident that during the period of Neanderthal 
population decline climate conditions were fluctuating on the Iberian Peninsula. 
However, the Neanderthal extinction coincides with the arrival of modern humans. It 
is probable the Neanderthal demise was related to the arrival of modern humans and 
climatic and environmental instability superimposed onto an already genetically weak 
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